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1 General introduction to PROMET
Global Change, which subsumes the accelerating influence of humans on the natural environment, can be experienced in manifold ways. The most prominent are climate change,
land use change including changing land management intensities, changing demand for biomass resources, increasing inputs of nutrients, changing mass balances of glaciers and
changing global cycles of important elements like carbon and nitrogen. These changes influence the availability, quality and allocation of water resources, the productivity of the biosphere, the intensity of land cultivation and land use on all scales from local to global and
will force to adapt to changing future boundary conditions. They also pose questions related
to the efficiency of different change mitigation measures like CO2 emission reduction, carbon sequestration or agricultural extensification and land use restauration. Appropriate
modelling tools are needed to realistically describe impacts of human–induced drivers of
these changes and to identify efficient and effective adaptation strategies and their respective trade-offs.
Regional climate models will be able to cover areas of large scale watersheds of the order of
100 000 km² with adequate spatial detail and an improved description of the atmospheric
process within the next few years (Jacob et al., 2007). For a recent review on land surface
schemes presently used in regional climate models, which usually include land surface hydrology at different levels of complexity, see Pitman (2003). Provisions should therefore be
taken to allow land surface models to fully include hydrology, vegetation dynamics, nutrient
flows and human interventions in the form of technical structures as well as management
practices and eventually fully couple with climate models on the regional scale. Two-way
coupling with regional climate models poses constraints on the architecture of land-surface
models. They should close the energy and mass balances, should be valid even under changing climate conditions and should cover large scale watersheds. The main challenge, though,
one faces when extending the catchment area to regional or even basin scales is that both
complexity and heterogeneity of watersheds or regions generally increases considerably.
With increasing area the characteristic land surface processes and features, like snow dominated mountain processes, intensive agriculture and irrigation, bio-energy farming, conservation areas and urban centers in the lowlands or coastal regions as well as different rainfall
regimes, land use patterns and geological settings simultaneously influence the overall reaction of an area or watershed. It is therefore necessary to treat this large variety of land surface processes and human interventions in a consistent manner within one model.
Spatial heterogeneity of the land surface on all considered scales adds an additional dimension of complexity. The dominating heterogeneity of the land surface depends on the considered processes, the formulation of the process in the model on the selected scale at
which the process is simulated. The case of soil exemplifies this fact: soil is heterogeneous
on all scales from the µm to the km. Detailed understanding of soil physical, chemical and
biological processes can only be gained on the micro-scale at which the reactions take place.
Plants compensate soil micro-heterogeneity during their exploration of the root zone in

search for water and nutrients. On the landscape scale species composition adjusts, among
others, to the varying soils properties. No single problem formulation is able to span the
scales from molecular to landscape. What is important though is that a consistent set of
formulations is chosen, in which the formulations on different scale include each others.
Large river basins or administrative regions may stretch over different climatic zones.
The integrated, spatially explicit approaches to model coupled land surface processes and
human interventions in a consistent, physically based manner, which means through explicitly considering the feedbacks between compartments, are not numerous (LPJ, mehr). They
usually assume that the land surface heterogeneity can be represented through spatial grids
(Bates and De Roo, 2000; De Roo et al. 2000; Fortin et al., 2000; Horritt and Bates, 2001;
Jasper et al., 2002; Lee et al., 2005; Ludwig and Mauser, 2000; Mauser and Schädlich, 1998b;
Niehoff et al., 2002; Refsgaard and Storm, 1995; Schulla and Jasper, 2006; Strasser and Mauser, 2001). A grid element in its simplest form represents a defined area on the land surface,
which is assumed to be homogeneous with respect to its natural and anthropogenic conditions. As soon as the area covered by each grid element becomes small enough, raster-grids
allow to treat specially independent (evapotranspiration, infiltration, water flow in unsaturated media, etc.) and spatially lateral processes (channel network, etc.) with one consistent
data set. Much research has been carried out to adequately parameterize raster representations of land surfaces and to identify the right process models and interfaces between them
to best describe energy and matter flows as well as human interventions on different scales.
The question which solution is best suited for different raster resolutions and watershed
sizes as well as purposes is still open.
The main advantages of raster-based land surface models are, that they can more easily be
coupled with atmospheric or groundwater models, which are usually also raster-based. Their
spatial architecture also coincides with the organisation of spatial data fields derived from
remote sensing data and therefore facilitates their use in land surface processes studies.
None of the cited hydrological or land surface models explicitly states that they simultaneously obey two fundamental physical principles, conservation of mass and energy, throughout the whole modelling chain from rainfall to river runoff at the outlet gauge. Most conserve mass throughout the hydraulic description of the water flows in single sub-models
(e.g. when treating channel flows) but they often at the same time violate conservation of
energy when modelling e.g. evapotranspiration.
The impacts of external changes like climate change on the land surface processes can be
severe especially in mountainous watersheds with extended lowlands. In these regions the
hydrological and vegetation dynamics of a whole region may shift considerably through
temperature changes and changes in the amounts and form of precipitation (rain, snow) as
well as its spatial and temporal pattern. The consequences of climate change may also be
large reductions in forest cover through management or burning, the expansion or shift of
agriculture, the introduction of irrigation, the reduction of snow cover as well as vanishing
glaciers. These impacts may cause that any present calibration of a model may become invalid, which means that future states of the watersheds will virtually correspond to those of

ungauged basins. This also holds true for the effects of introducing technical structures like
hydropower plants, thermal plants, solar energy with its accompanying land use change and
irrigation which permanently alter the behavior of the natural mass and energy fluxes as well
as vegetation dynamics of a whole region. Assuming that these impacts will all not be able to
introduce completely new natural processes, which are not yet covered, models that are
prepared for this situation should therefore at least demonstrate that they can describe the
present natural situation well even without calibration.
We conclude that the combination of the usual calibration procedures using measured environmental data like streamflow, simplified process representations, lumped model parameters and the fact that the simultaneous conservation of mass and energy is not guaranteed,
makes it difficult and potentially risky to use these approaches to predict future states of
regional hydrologic systems under changing boundary conditions. For the same reasons they
can hardly be coupled directly with regional models on climate or groundwater flows, which
are the physically most profound source of information on how regional climate or ground
water availability and quality will likely change in the future.
Therefore the aim of PROMET is to realistically simulate natural processes and impacts of
human interventions based on a few rigorous principles, which ensure maximum predictive
power. Among them is a strict conservation of mass and energy and no calibration using
measured streamflow records.
PROMET has been developed for the last 25 years with the aim to provide an integrated,
stable and versatile tool to simulate land surface processes and to consider the danymic interactions between the different land surface compartments an the human influences in the
processes. A high-altitude view on PROMET as a land surface simulator is given in Fig.1.1. It
shows that PROMET takes spatial inputs at given resolutions, meteorological inputs and land
surface parameterizations for vegetation and soil as well as for technical infrastructures and
land surface management procedures and converts them into spatial outputs.

Fig.1.1: View on the PROMET as a land surface simulator (add infrastructure).

PROMET (Processes of Radiation, Mass and Energy Transfer) is a grid distributed, continuous,
integrated land surface processes model including modules for (Mauser and Bach, 2009):



snow and ice accumulation,
actual land surface water and energy balance,








dynamic vegetation development,
soil moisture, soil temperature and soil nutrients dynamics,
runoff formation,
channel routing
a palette of water and energy related technical infrastructures and
agricultural management options.

Furthermore, it can be coupled to regional climate models (Marke et al., 2011), and the gridbased finite difference groundwater flow model MODFLOW-2000 (Harbaugh et al., 2000)
and to the radiative transfer model SLC (Verhouf and Bach 2007), which allows to simulate
optical satellite images of any existing or hypothetical optical sensor at an chosen time and
location. (Koch et al., 2011).

2 PROMET Features
PROMET shows the following features:
1. Spatially distributed land surface processes model which is applied from the field (10
ha) to the global scale,
2. Coupled water and vegetation processes described with a physical, physiological and
phenological simulation of soil-vegetation-atmosphere (SVAT)-processes,
3. SVAT components closely coupled to runoff and water quality and temperature
models and agricultural management option (nutrient application, land use selection,
crop rotation),
4. Water, energy and carbon cycle strictly closed,
5. Main water-food-energy infrastructures implemented (reservoirs, water transfers,
hydropower, thermal power, wind, solar, bioenergy, etc.). Agricultural management
practices implemented,
6. Meteorological inputs cover stations and downscaled-bias-corrected results from
global and regional climate models,
7. Multiscale simulations implemented with two options:
a. Multiple sets of land surface parameterizations for each proxel with their
fractional area,
b. Multiple resolution simulations with high resolution simulations of subsets
emedded in lower resolution coverage,
8. Restoration and recovery of simulation state at a selected simulation time,
9. PROMET is available for Windows and LINUX operating systems and runs parallel on
scalable hardware with OpenMP.
10. Output of spatially distributed variables as well as virtual measurement networks.

3 PROMET development guiding principles
The development of PROMET is guided by the following principles:
1. PROMET should maximise the use of physical and physiological formulations of the processes related to the water and energy fluxes in the compartments of complex watersheds of large scale/medium size (A ~ 100 -1 000 000 km²) to be able to cover the feedbacks between changes in the different processes induced by climate change and human
intervention. The different components of PROMET should be fully coupled. The processes included in PROMET are:
 meteorological drivers (either from regional climate models or from station data),
 land-atmosphere energy and mass exchange including plant physiologic control
of gas exchange (interception of rainfall, evapotranspiration, sensible heat exchange, carbon uptake or release, long- and shortwave radiation balance as well
as momentum exchange),
 snow and ice accumulation and ablation,
 vertical and lateral unsaturated and saturated flows including infiltration (either
through a simplified groundwater representation or through a detailed groundwater model),
 channel flow and flow through lakes,
 flow through man-made reservoirs and water transfers.
2. All components of PROMET should be balanced in the sense that the model-complexity
of each interacting component should correspond both to each coupling component and
to the temporal and spatial variability of each process de-scribed.
3. PROMET should simultaneously and strictly conserve mass and energy as a whole and
throughout all its components and interfaces.
4. PROMET should be spatially explicit in all process descriptions. In order to be most compatible with models from other disciplines (e.g. regional climate models, carbon models,
groundwater models, multi-agent raster-based decision models) the spatial representation in PROMET is based on an isotropic grid. The basic building block of PROMET is a grid
element (proxel), in which all processes and interactions with its neighbours take place.
5. PROMET should be able to simulate land surface processes in a nested, multiscale way. It
should be possible to consider subscale heterogeneities, which usually dominate the
model error budget (not necessarily the data error budget) when non-linear processes
dominate. This is realized within PROMET in two ways:
a. multiple land surface parameterizations (terrain, soil, land-use) can be simulated simultaneously at given percentages of fractional surface cover,
b. different spatial resolutions of land surface parameterizations can be simultaneously simulated with one simulation run to represent the effect of subscale
features like heterogeneous nutrient application in precision agriculture.
6. Physical consistency and predictive power should not be diminished or lost in the model
calibration process. Therefore the values of the model parameters of PROMET should

not be calibrated using measured discharge at gauges in or at the boundary of the considered watershed. Instead we use literature sources and/or measurements (both in the
field and from remote sensing sources) and a detailed analysis of the digital terrain model to define the initial values of all model parameters.
PROMET has already been used in a broad range of catchments covering different climatic
and hydrologic regimes. PROMET has been the backbone of the integrated, regional climate
impact study GLOWA-Danube (www.GLOWA-Danube.de), which analysed the impact of climate change on the hydrology of the Upper Danube in Southern Germany (A = 76 000 km²).
Further PROMET was used in the EU-FP7 project BrahmaTwinn to quantify the contribution
of the Himalaya glaciers in the Lhasa basin to the runoff of the Brahmaputra river (Prasch
(2012)), Toce (XXX). Runoff indicators for two catchments located in Southern Germany and
Eastern Canada were produced with PROMET and three other hydrological models and
compared with each other by Velázquez et al. (2013). PROMET was also used in the EU-FP-7
project CLIMB to successfully study the runoff of the xxxx-watershed in Turkey (Bach 2014))
In the agricultural and plant growth domain it has been used for testing the impacts of a dynamic phenology on the water balance (Hank et al., 2007) and a global plant suitability and
production potentials evaluation (Zabel et al., 2014) for example. Yet, it is also used for (operational) short-term forecasting methods for snow cover (Appel et al., 2007), runoff
(Ludwig et al., 2003), soil moisture (Schlenz et al., 2012) and yield estimates (Migdall et al.,
2009) in conjunction with remote sensing data.

4 PROMET terminlology
Wherever possible PROMET sticks to the usual terminology of science. This is particularly
true for scientific entities like energy, force, power etc. It also applies to units. PROMET uses
SI units wherever possible with one exception and that is temperature, which is given in degree Celsius. PROMET had to invent new terms to denote PROMET specific things, which are
used within PROMET. The following terms are used within PROMET as described below:
“proxel”: it denotes the smallest spatial entity in PROMET, a “PROcess piXEL”. A proxel combines spatial and natural attributes, like 3D-location, soil properties and land use, with
methods to describe processes which run on the proxel like infiltration, plant groth, snow
melt etc.
“GIS-stack”: it denotes a data construct, which contains the spatial parameters and variables, which are necessary to do a specific simulation with PROMET. A data stack contains
layers which represent parameters and variables. Each layer is presented to the user as a
rectangular matrix of values.
“Mask”: it denotes a rectangular matrix with non-zero values for each proxel, that is within
the simulation area and zero values for proxels, which are outside the simulation area
“Land surface parameterization”: it denotes values of a set of parameters describing the
land surface properties plus the fraction of the selected proxel, for which the parameterization is valid. The set consists of terrain (elevation, slope, aspect), soil and land-use. The fractions always have to add up to 1.
“Geo-Set (dt.: Geokomplex)”: the overall parameterization of the land surface properties of
a proxel, whenever the proxel has more than 1 land surface parameterizations.
Fig.xx1 demonstrates the use of hydrologic terms in PROMET:

Precipitation
Watershed

Catchment
Tributary
Main River
Gauge
Fig.4.1: Some hydrologic terms used in PROMET

5 The PROMET simulation environment
Fig.1.2 shows the architecture of PROMET and its embeddedness in the corresponding simulation IT-environment. The environment of PROMET manages the inputs, which PROMET
requires and the outputs it creates.
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Remote Sensing Results
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Fig.5.1: The PROMET simulation environment

PROMET carries out spatially distributed simulations of land surface processes in discrete,
selectable and constant time steps. Before launching the simulation the state of each model
component has to be initialized. After launch, the model simulations start and finishes at
pre-selected time. Output is produced for each time step, which can be aggregated to daily,
monthly and annual outputs. During simulation execution external drivers influence the simulations. They can be input at runtime and consist of meteorological drivers, actual land surface states, e.g. from remote sensing derived land-use or as a result from assumed human
activities like new technological infrastructures or management schemes. These inputs allow
for the transient simulation of different impacts on land surface like climate change, land use
change, land management change, installation of irrigation, power plants and reservoirs, etc.
Inputs are therefore required in the following contexts (for further detail on inpts see
PROMET User Handbook:
1. Initialization of the model at the beginning of the simulations
a. spatially distributed parameters describing the simulation area
i. terrain information (elevation, slope, aspect)
ii. soil information
iii. land use information

b.
c.
d.

e.

iv. ground water storage information
v. channel network information
vi. glacier information
vii. information on location and geometry of the simulation area
parameter lists describing the physical properties of the soils
parameter lists describing the biophysical and physiological properties of plants
initial information on PROMET-infrastructures
i. lakes
ii. reservoirs
iii. water transfers
iv. sewage plants
v. hydropower stations
vi. thermal power stations
vii. solar power stations
viii. wind power stations
ix. biogas power stations
x. artificial snow machines
xi. irrigation systems
information for simulation management
i. simulation period
ii. time interval of simulation
iii. simulation recovery

2. data assimilation during model simulation
a. meteorological drivers from interpolated from station networks
b. coupling of PROMET with climate models
c. coupling of PROMET with the groundwater model
d. spatial distributions of meteorological parameters from external sources (airtemperature, precipitation, radiation terms, wind speed, humidity)
e. spatial distributions of land surface parameters from external sources (leaf area
index, albedo, biomass, rooting depth)
f. agricultural management practices (e.g. ploughing, fertilizer application)
g. information on additional PROMET-infrastructures at arbitrary time and location
i. lakes
ii. reservoirs
iii. water transfers
iv. sewage plants
v. hydropower stations
vi. thermal power stations
vii. solar power stations
viii. wind power stations
ix. biogas power stations

x. artificial snow machines
xi. irrigation systems
h. update of any dynamic variable in PROMET
PROMET creates the following simulation outputs (for further information on PROMET outputs see PROMET User Handbook):
3. simulation outputs
a. spatial output of time series of a model variable or parameter
b. point-outputs of time series of a set of model variables and parameters
c. output of time series of one model variable or parameter for a whole network of
virtual measurement stations
d. visualized real-time output of spatial distributions or variables/parameters
The following processing software is available to post-process and visualize PROMET-outputs
(for information on available post-processing and visualization software see PROMET User
Handbook):
4. post-processing software to analyze PROMET outputs
a. RASDo
The Program serves the following routine operations on
a set of RAS-files in the home directory:
1 = mean of all bands in each RAS-file
2 = sum of all bands in each RAS-file
3 = min if all bands in one RAS-file
4 = max of all bands in one RAS-file
5 = min of mean of 7 bands in one RAS-file (weekly mean)
6 = number of day with value > *Wert* for each RAS-file'
7 = calculate dryness index
8 = count number of summer days (maxtemp > 25 deg.)
9 = count number of hot days (maxtemp > 30 deg)
10 = count number of frost days (mintemp < 0 deg)
11 = count number of ice days (maxtemp < 0 deg)
12 = monthly mean (12 values in 12 bands)
13 = monthly sum (12 values in 12 bands)

b. TrendDo
The program determines, for each pixel, a linear trend in a RAS-File

c.

BulkDo

The Program serves the following routine operations on
a set of RAS-files in the home directory:
1 = mean of one band
2 = sum of one band
3 = min of one band
4 = max of one band
5 = copy one band into a new RAS-file

d. PegelMitRas
This program uses the balance output from PROMET and determines for selected
gauges (row/col given)
1) mean of the appropriate balances over the simulated years
2) sum of the appropriate balances over the simulation period

e.

Frequency

This program uses multi-year RAS-Files of a RASDo analysis outputs and determines, for each pixel, the return period of the selected variable wherever the
correlation coefficient of the selected distribution function (log-normal or
Weibull) with the data is significant. 5, 10, 25, 50 and 100 year return period
values are output.

f.

…………….

2. software for real-time visualization of PROMET simuations
a. RASView
For a documentation see the separate document RASView-Handbook

6 The PROMET structure
PROMET consists of a closely interlinked set of components, which simulate the different
processes involved in land surface mass and energy exchange. The aim of components representation in PROMET is to optimize





detail in physical and physiological representation of the processes
scale independence
closure of conservations laws (mass, energy, etc.)
realistically represent the mutual interactions among the represented processes

Fig.6.1 shows the components currently included in PROMET. The arrows between the components indicated interactions.
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Fig.6.1: The components of PROMET and their mutual interactions

As can be seen in Fig.6.1 PROMET combines a spatial and dynamic soil-vegetationatmosphere transfer (SVAT) model, with a snow and ice model. They represent the vertical
land surface processes related with the flows of matter and energy. They are coupled with a
runoff formation model and a groundwater model of varying complexity. They receive the
flows from the SVAT model and simulate the vertical water and nutrient flows in the landscape. PROMET altogether considers water-food-energy infrastructures, which can linear or
point features of natural or technological origin. The processes in these water-food-energy
infrastructures can be influenced externally by management decisions or rules which change
flows of matter and energy and/or convert energy into different forms. For most components shown model formulations of different complexity exist, which allow to compare alternative simulation approaches. The next chapter explains the theoretical background of
the components.

7 The PROMET Components

Atmosphere

At the core of PROMET is the representation of the Soil-Vegetation-Atmosphere energy and
mass transfer processes. Therefore these components and their interaction are described
first in the following chapters. The SVAT processes are schematically shown in Fig.1.4:
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Fig.7.1: Schematic representation of the PROMET soil-vegetation-atmosphere transfer (SVAT)
processes

The SVAT scheme of Fig.7.1 combines water and energy with carbon and nutrient (nitrogen,
phosphorus) flows and takes into account, at different levels of complexity, flows of energy,
water and nutrients in the soil, the plant and the diffusive processes of momentum, energy
and water vapor in the lower atmospheric boundary layer. The SVAT-scheme implemented
in PROMET consists of the following models, which close the energy-, water- and nutrient
balance of the land surface:






a 1-4 layer model to describe the water flow in the unsaturated soil zone
two alternative models for the simulation of the gas exchange of soil surface and
vegetation with the atmosphere, which both close the energy
o the Penman-Monteith model
o a dynamic vegetation model based on first order formulation of vegetation
physiology based on the Farquhar-Kammerer NPP model.
a coupled nitrogen dynamics model for soil and vegetation
a soil-erosion model






a model for the mass and energy exchange of surface and atmosphere, which iteratively creates an equilibrium surface temperature
a model for the soil heat transfer which simulates the equilibrium temperature of
the soil layers as a result of the energy balance
a one-layer snow model
a collection of models for soil-vegetation-energy-infrastructures

The components are run for each simulation time step. The energy balance is cosed across
all components.

7.1 Land surface radiation balance component
Land surface radiation balance is composed of a shortwave ( = 400-3000 nm) and a
longwave ( = 4000 – 60000 nm) spectral region. In the shortwave region, direct and diffuse
radiation is distinguished. In both spectral regions land surface absorbs and reflects and
transmits radiation. The land surface radiation balance follows the law of conservation of
energy which in this case means that the sum of incoming direct and diffuse short- and longwave radiation is equal to the absorbed, and reflected shortwave and emitted longwave
radiation. Radiation balance is determined by the shortwave albedo  and the longwave
emissivity  of the land surface. Both properties depend on the material of the land surface.
Their values are either simulated by PROMET or external inputs from table files for each land
use class.
Since a land surface and specifically a vegetation canopy has a 3-dim structure the interaction between solar radiation does not only take place at the top of the canopy or soil surface
but also inside the canopy. Therefore transmission of radiation within the canopy also has to
be taken into account. The theoretical background of land surface radiation balance is very
well explained in (Campbell and Norman, 1998).
The major force that drives the processes at the land surface is the incoming radiation. For
non-vegetated surfaces the interaction with radiation is assumed to take place directly at the
land surface. The vegetated land surface in PROMET is modelled as a two layered canopy.
The incoming solar and the longwave radiation hits both layers and creates a radiation environment for the leaves of the canopy. The distribution of the incoming energy within the
canopy is simulated for the two layers successively. Only the amount of energy that is intercepted by the leaves is available for the biological processes, so that in a first step, a coefficient that describes the extinction of a solar beam by the leaves is determined. (Campbell
and Norman, 1998) describe the leaf properties of a crop through a random ellipsoidal distribution of the leaves. The extinction coefficient for direct radiation (Κed) is calculated following Campbell (1986) in dependence of a shape parameter (χ) and the solar zenith angle
(Ψ, eq. 1.01).

 ed   

 2  tan 2 
  1.774    1.1820.733

(Eq. 7.1.01)

Here, the shape parameter (χ) is determined from the leaf angle (βl). For spherical leaf angle
distributions, the parameter approaches a value of one, while for vertical leaf angles it becomes zero (eg. 1.02).

  l  

 169.4338   l
1  1.1222   l  0.0009   l

(Eq. 7.1.02)
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In order to simplify the calculations, the leaf angles in PROMET are set static for both canopy
layers but are discerned into forested and non-forested categories according to table 7.1.1.
Table 7.1.1: Initialisation of the leaf angles and the corresponding shape parameters for two
canopy layers.

βl (Forest)

βl (Other)

Upper layer:

40.11°

79.64°

Lower layer:

29.79°

Χ (Forest)

Χ (Other)

2.28

0.31

3.66

0.84

63.02°

The extinction coefficient then is variable, depending on the solar zenith angle (Fig.7.1.1).
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Figure 7.1.1: Course of the extinction coefficient for ellipsoidal canopies in dependence of the solar zenith angle.

The required solar zenith angle is determined for the current latitude and model hour. With
the help of the extinction coefficient, the proportion of reflected sunlight, i.e. the albedo of
the canopy (Ac), can be determined following (Campbell and Norman, 1998). The canopy
albedo depends on the sun elevation angle, which is expressed through the extinction coefficient mentioned above. It also is a function of the density of the canopy and of the albedo
of the bare soil (As) underneath the vegetation cover. Before the albedo can be determined,
the canopy hemispherical reflection coefficient (ρcpyH) has to be calculated in dependence of
the leaf absorptivity for different wavelengths (eq. 1.03), accounting for the fact that leaves
naturally are not black bodies. The absorptivity of the leaf for the photosynthetically active
radiation range (αpar) is assumed with 89 %, while for the near infrared an absorptivity of
45 % is used (αnir, (Evans, 1987, Björkman and Demmig, 1987)). The canopy hemispherical
reflection coefficient then is the average of both spectral ranges (eq. 1.03).
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(Eq. 7.1.03)

For a well developed canopy, as well as during the night, the underlying soil is neglected, so
that the canopy albedo (Ac) can be written as (eq. 1.04):

Ac 

H
 cpy
 2   ed

(Eq. 7.1.04)

 ed  1

For a less well developed canopy, the albedo has to be adjusted according to the fraction of
bare soil that is shining through (eq. 1.05). Naturally, this process only is relevant during day
time. The leaf absorptivity for the whole shortwave spectrum (αsw) is applied here with an
assumed average value of 70 % (EVANS 1987).

Ac  Ac   Ac  As   e2sw ed LAI

(Eq. 7.1.05)

The influence of the bare soil albedo, assumed with 20 %, on the total surface albedo, decreases with increasing leaf area values (LAI, Fig.7.1.2).
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Figure 7.1.2: Variability of the surface albedo, as a combination of bare soil and canopy reflectance characteristics, in dependence of the solar zenith angle and the grade of development of the
vegetation cover.

The amount of energy that is not reflected due to the canopy albedo enters the canopy and
transferred to the two canopy layers. This includes the calculation of the sunlit and shaded
areas within the canopy layers, as well as an estimate of the fraction of radiation that is
transmitted through the canopy and is therefore available for soil absorption and heatingprocesses beneath the vegetation layers.
During the night, when the solar zenith angle surmounts 90°, the whole canopy is assumed
to be shaded. Consequently, the fraction of shaded leaf area is set to 100 % for all vegetation
layers and no shortwave radiation is absorbed by the canopy. As soon as the sun is rising, the
leaf area in the upper vegetation layer that is illuminated by direct sunlight (LAsun1) is determined as a function of the total leaf area in the upper layer (LA1) and the solar zenith angle
(Ψ) following (Baldocchi et al., 1987)

1LA1

LAsun1  1  e 2cos( )

(Eq. 7.1.06)

2

The leaf area of the upper layer, which is shading the canopy beneath, has to be taken into
account for the lower vegetation layer, so that equation 3.06 has to be modified (eq. 7.1.07).

LAsun2

1 LA1  LA2 


2cos( ) 2 
 1  e
  LAsun1



(Eq.7. 1.07)

From the respective sunlit leaf areas, the reciprocal fractions of shaded leaf area (Sf1/2) can
be derived for both canopy layers (eq. 7.1.08).

 LA

S f 1 / 2  1   sun1 / 2 
 LA1 / 2 

(Eq.7. 1.08)

The fraction of the incoming shortwave direct radiation has already been determined as the
remainder of the incoming direct radiation that is not reflected due to the canopy albedo.
For the incoming shortwave diffuse radiation, the intercepted portion (Κdif) is calculated following (Campbell and Norman, 1998) as an exponential function of the overall leaf area (eq.
7.1.09).

 dif  0.8933  e 0.0392 LA1  LA2 

(Eq.7. 1.09)

For the biological processes within the leaf, only the fraction of the incoming energy is of
importance that is featuring a wavelength within the photosynthetically active spectral domain, i.e. the PAR. But only the fraction of the PAR that remains in the leaf and is not transmitted to the soil is available for the photosynthesis model. The transmitted fraction of direct and diffuse PAR (tPARdir/dif) therefore has to be determined as a function of the leaf absorptivity for the PAR and the extinction coefficients for direct and diffuse shortwave radiation, also considering the total leaf area (eq. 7.1.10).

tPAR dir  e

1 par ed  LA1  LA2 

tPAR dif  e

1 par dif  LA1  LA2 

(Eq. 7.1.10)

The total absorbed energy input for the biological processes (aPARdir/dif) through incoming
shortwave radiation (SWdir/dif) then can be expressed as (eq. 7.1.11).

aPAR

dir / dif

 SW

dir / dif


 fPAR  1  tPAR
dir / dif 


(Eq. 7.1.11)

Equation 3.11 naturally only applies to the upper canopy layer. For the lower layer, the energy that already has been absorbed by the leaves above has to be subtracted. The fraction
of photosynthetically active radiation in relation to the whole shortwave spectrum (fPAR) is
assumed to be constant at an average value of roughly 50 % according to own spectrometer
sky measurements. For the long wave radiation, which is continuously entering the canopy
irrespective of the model time, the absorptance is calculated differently for the two canopy
layers. While for the upper vegetation layer, the incoming long wave radiation from the atmosphere (LW) is coming from above, the lower vegetation layer is emitting long wave radiation according to its temperature (Tc2) following the Stefan-Boltzmann law of emission and
is adding this radiated energy to the energy budget of the upper layer (aLW1, eq. 7.1.12).



aLW1   lw  LW    lw    Tc 2

4



(Eq.7.1.12)

The absorptivity for long wave radiation (αlw) is set variable for different canopies (93 98 %). The symbol σ represents the natural Stefan-Boltzmann constant. The lower canopy
layer again is supposed to be shielded from the atmospheric long wave radiation, but receives long wave energy due to emissions of the upper canopy layer from above (Tc1). From
below, the soil surface is contributing the energy that is emitted according to its temperature (Ts, eq. 7.1.13).
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(Eq. 7.1.13)

When the absorbed portions of the incoming radiation from the direct and the diffuse short
wave, as well as from the long wave input have been determined, the energy budget is
passed on to the biological submodel. Fig.7.1.3 illustrates the various energy fluxes that are
involved with the distribution of the energy within the canopy.

Fig.7.1.3: Fraction of reflected, absorbed and transmitted direct shortwave radiation for two
canopy layers (left) and distribution of the longwave radiation within the two layered canopy
structure (right).

7.1.1 Computation of Land Surface Radiation Balance
A computation cycle of a single time-step works as follows:
1. compute the roughness length and displacement height from the mean thickness of
the canopy layers of the proxel
2. compute the friction velocity of the wind profile
3. determine the wind speed at canopy height
4. compute the outgoing shortwave radiation from albedo and canopy leaf geometry
5. compute the outgoing longwave radiation from emissivity, leaf temperature and
canopy leaf geometry
6. compute the radiation balance
7. compute the momentum flux
From the known number of layers and the canopy height received from Biological, the mean
thickness of a layer can be estimated. In the current version, the thickness is computed as
the quotient of canopy height and number of layers. Since Biological defines the layers according to the distribution of the LAI in the canopy, this computation can only give a rough
estimation of the thickness of each single layer; it will have to be improved in the future.
The roughness length z0 is determined as a function of the canopy height hc in the form:
rc = hc * Zm

with 0 <= Zm <= 1

(Eq. 7.1.14)

Zm depends on LAI and is computed for LAI values between 0 and 6 as (see e.g. Campbell
and Norman, 1998, p. 71, Fig.5.5, R²=0.97):
Zm = 0.0011*(totalLAI**5)
0.0155*(totalLAI**4)
0.0821*(totalLAI**3)
0.1957*(totalLAI**2)
0.1881*totalLAI +
0.0659

+
+

For LAI > 6 Zm is set to a fixed value of 0.134.
For non-vegetated soil surfaces Zm is set to 0.0659 and the height of the roughness elements is assumed to be 0.05.
Displacement height d is determined as a function of the canopy height hc in the form:
d = hc * Zd

with 0 <= Zd <= 1

(Eq. 7.1.15)

Zm depends on LAI and is computed for LAI values between 0 and 5 as (see e.g. in Campbell
and Norman (1998), p. 71, Fig.5.5, R²=0.97):
Zd = (-0.0088)*(totalLAI**2) + 0.0985*totalLAI + 0.4766

(Eq. 7.1.16)

For LAI > 5 Zd is set to a fixed value of 0.75.
For non-vegetated soil surfaces Zd is set to 0.66.
The friction velocity is determined from the wind speed delivered at height z and the canopy
height of the present vegetation. The “measuring height” z is – according to the documenta-

tion (GLOWA-Danube Papers Technical Report Release DANUBIA.TR_03) – 2 m above the
displacement height d, i.e.:
(Eq. 7.1.17)
With a known roughness length, displacement height and assuming a neutral atmospheric
stratification, the friction velocity can be derived from the standard logarithmic wind profile:

(Eq. 7.1.17)
with k = von Kármán constant, taken as 0.4. The friction velocity is regarded as constant for
the whole profile (Campbell and Norman, 1998) (p. 71).
The actual wind speed at canopy height can be determined. Again, the log-wind profile is
applied by making use of the previously computed friction velocity. Instead of z = 2 + hc, now
z = hc. The resulting equation reads:
(Eq. 7.1.18)
The outgoing shortwave radiation is computed as the product of the incoming shortwave
radiation and the broad-band surface albedo. While the former is a direct input parameter
of RadiationBalance (coming from Atmosphere), the latter is determined by the method calcAlbedo().
The surface albedo is a function of the landcover type of the proxel. A typical constant value
representing the broad-band surface albedo is assigned to each landcover type. Values range
from 0.13 for coniferous forest to 0.4 for glaciers. If the proxel is covered by snow as determined by the component Snow, the albedo is set to the snow albedo, which is simulated in
the snow model based on the age of the snow. For non-vegetated surfaces the following
albedo is assumed:
Anthropogenic
Glacier
Water
Rock, Gravel
Bare Soil
Fresh Snow

0.16
0.20
0.10
0.19
0.20
0.8-0.9

To determine the radiation balance one has to know whether precipitation falls as rain or as
snow. The decision is taken on the basis of the air temperature and the amount of precipitation. If precipitation occurs at a rate of more than 0.1 mm/h and the temperature of the air
is below 0.05 °C, then snow is falling by definition.
The outgoing longwave radiation is computed as the emitted radiation of the surface according to the Stefan-Boltzmann law:
(Eq. 7.1.19)
While σ stands for the Stefan-Boltzmann constant of 5.67 * 10-8 W/(m²*K4), ε is the surface
emissivity. The surface radiation temperature is not known. It depends to some extent on

the absorbed radiation and therefore on the radiation balance but is also determined by
other effects like the cooling of the surface through evapotranspiration (which in turn depends on the metabolism of the vegetation) and sensible heat flux. It will iteratively be
changed until the land surface energy balance (in which the radiation balance is only one
part, is closed. The procedure is described in chapter xx.
Surface emissivity is determined as a function of the landcover type of the proxel. A typical
value of the surface emissivity is 0.97. Values range from 0.90 for built-up area to 0.98 for
coniferous forest. The following values are assigned to different and cover classes:
Fresh snow
Old snow
ANTHROPOGENIC
GLACIER
WATER
ARABLE_LAND
GRASS_LAND
CONIFEROUS_FOREST
DECIDUOUS_FOREST
MIXED_FOREST
ALPINE_VEGETATION
ROCK
WET_LAND
NATURAL_GRASSLAND

0.99
0.96
0.90
0.95
0.97
0.95
0.96
0.98
0.97
0.975
0.93
0.90
0.94
0.93

The radiation balance of the proxel is the sum of all incoming shortwave fluxes received as
input parameters, minus the two outgoing radiative fluxes, i.e. short- and longwave outgoing
radiation as determined before.
The momentum flux τ is determined from the logarithmic wind profile computed before.
According to (Monteith and Unsworth, 2008) (p. 113), the momentum flux can be expressed
as:
(Eq. 7.1.20)
The friction velocity u* has been determined before.
7.1.2 Computation of canopy radiative processes
The computations of the layer parameters are performed in the following order for each
layer:
1.
2.
3.
4.
5.
6.

the fraction of shaded areas
the absorption of the radiative terms in the canopy
the air humidity
the air temperature
the wind speed
the ambient CO2 concentration

The fraction of the area shaded is computed according to eqs. (9) and (10) in Baldocchi et al.
(1987, p.93). The accumulated sunlit area is calculated from the solar elevation and the ac-

cumulated LAI of the respective layer. The accumulated shaded area is then the difference of
LAI minus sunlit area. In a last step, since always accumulated values have been regarded so
far, the accumulated shaded area has to be disaggregated into a net layer value of the respective layer.
In a first step, the photosynthetically active radiation (PAR) is estimated from the shortwave
incoming radiation by dividing the direct and diffuse shortwave terms by the factor of 2.05,
i.e. approx. 49 % of the total solar radiation. Then, the portions of PAR on sunlit and shaded
leafs is calculated according to Baldocchi et al. (1987). Again, accumulated values have to be
disaggregated to the net values of the single layer. An absorption coefficient of 0.85 for the
PAR terms is applied to convert the incident radiation into an absorbed radiation term (Oke,
1987, p.117).
For the shortwave radiation terms, an absorption coefficient of 0.5 and for the longwave
radiation of 0.95 is applied (Oke, 1987, p.117). Currently there is no attenuation of these
radiative terms implemented.
The vertical distribution of air-temperature and air-humidity within the canopy are determined. It is assumed that the air temperature of the top layer is equal to eh free air temperature and the air-temperature of the second layer is computed from the soil surface temperature and the temperature of the top layer as:

Tairlow = Tairhigh + (Tsoil – Tairhigh) *0.301

(Eq. 7.1.21)

The air-humidity in the upper layer of the canopy is set equal to the free air humidity and the
air-humidity in the lower layer is derived from the absolute air-humidity in the upper layer
and the air-temperature in the lower layer. This assumes that the profile contains constant
water vapor.
The wind speed within the canopy is calculated along an exponential profile as proposed by
(Campbell and Norman, 1998, p.72ff). From the wind speed at canopy height an exponential
profile is computed that reduces the wind speed gradually within the canopy. In order to
parameterize the profile, a mean leaf width and a mean distance of the leaves have to be
estimated. The approach distinguishes between to principle leaf forms: a grass-shaped leaf
and a more square-shaped leaf. Together with the known total LAI of the canopy, an attenuation coefficient can be computed that reduces the wind speed in dependence on the height
of the layer above ground. The exponential profile reads:

(Eq. 7.1.22)
with the canopy height hc and the attenuation coefficient .
The ambient CO2 concentration within the canopy is taken to be evenly distributed throughout the canopy.

7.2 Land surface energy balance component
Land surface energy balance is closed by iteratively solving the energy balance equation
Lshort + Llong – ET – H – B – Rshort – Rlong = 0

(eq. 7.2.1)

with
Lshort
Llong
ET
H
B

= shortwave incoming radiation [W/m²]
= longwave incoming radiation [W/m²]
= latent heat flow (evapotranspiration) [W/m²]
= sensible heat flow [W/m²]
= ground heat flow [W/m²]

Depending on the model configuration, the ground heat flux G 0 at the soil surface is computed by three different methods for snow-free conditions. The first method distinguishes
between the energy fluxes at the canopy and at the soil surface level to close the energy
balance. The second approach calculates the energy fluxes at the land surface depending on
the incoming radiation and the evapotranspiration from the Penman-Monteith equation.
Then, an empirical approximation of the surface ground heat flux as a fraction of the net
radiation is implemented. In the end, a physically based approach is presented, that determines the heat flux between a potential snow cover and the soil.
7.2.1 Explicit Model of Landsurface Energy Fluxes
If PROMET is run with the dynamic vegetation component (Hank, 2008) based on the work
of FARQUHAR, the energy transfer between atmosphere, canopy and soil is modelled by two
independent energy balance algorithms for vegetation and inanimate surfaces. The transmission of the solar radiation Rglobal through canopies is handled by the light interception
algorithm of (Campbell and Norman, 1998). The shortwave incoming radiation (Rsw,in) minus
the reflected shortwave radiation (Rsw,out), determined by the soil albedo αs, and the
longwave emission (Rlw,in) of the canopy (if vegetation cover is present) or the near-ground
air layer in case of none (derived from measured Tair at 2 meter height) equal the incoming
radiation (Rin) [W/m2] at the soil-atmosphere interface
R in  R sw,in  R sw,out  R lw,in  (1  α s ) R sw,in  R lw,in

(eq. 7.2.2)

In this fully coupled land surface algorithm, an iterative procedure to determine the soil surface temperature T0 is applied (see Fig). The incoming radiation flux (Rin) is put into an iteration scheme, which determines the surface temperature T0 which solves the energy balance
equation where all fluxes are positive towards the exchange surface
R in  R lw,out  LE soil  H soil  G 0   χ

(eq. 7.2.3)

with G0: surface ground heat flux, Hsoil: sensible heat flux, LEsoil: latent heat flux, Rlw,out: outgoing longwave radiation and χ: error in estimation at the soil surface.

If the state variables of soil and boundary layer are known, then only T 0, as the controlling
variable between the outgoing fluxes must be found. Because Rlw,out, Hsoil and G0 are
Rlw,out   ε  σ  T04
Hsoil  ρ air C air 

G0  λ 

(eq. 7.2.4)

Tair,soil  T0
RA

T1  T0
z1

(eq. 7.2.5)

(eq. 7.2.6)

with ε: emissivity of soil surface, σ: Boltzmann constant (= 5.67·10-8 W/m2K4) , ρair: density of
air [kg/m3], Cair: specific heat capacity of air [J/kgK], Tair,soil: air temperature above soil surface, T1: temperature of upper soil layer and z1: mean depth of upper soil layer [m].
RA [s/m] is the aerodynamic resistance to diffusive and turbulent transport of heat and vapour from a surface into the atmosphere. It is assessed at each time step by the procedure
presented below.

Fig.7.4.1: Representation of the surface energy fluxes at the soil surface.

The latent energy flux of evaporation LEsoil is solved by the Penman-Monteith equation for
evaporation from non-vegetated surfaces. Though the equation is not dependent on T0, the
net radiation Rnet available for evaporation is, because
 LE soil  R net T0   R in  R lw,out T0 

(eq. 7.2.7)

Additionally, the amount of water evaporated (Ev) in [mm] due to the heat flux (LE soil)
[W/m2] is related to surface temperature (T0), because the latent heat of vaporization CLE
[J/g] can be approximated with
CLE  2501  2.361  (T0  273.16 K)
Ev  

LE soil  3.6
CLE (T0 )

(eq. 7.2.8)
(eq. 7.2.9)

The iteration of T0 is stopped if the modulus of χ in the approximate energy balance equation (eq. 4.3) is smaller than the accepted imprecision, usually 5 W/m2. A similar procedure

without the surface ground heat flux term is used to determine the energy balance of the
canopy during the evaporation of intercepted water.
7.2.2 Penman-Monteith Energy Balance Model
If PROMET is run with the plant physiological component of Baldocchi et al. (1987) to solve
the Penman-Monteith equation for both vegetated and non-vegetated surfaces, then the
energy balance can be closed for the complete land surface, incorporating the ground surface and the canopy (if any).
Rin  Rlw,out  LE  H  G0   χ

(eq. 7.2.10)

with H: the total sensible heat flux from the land surface.
Thus, the incoming radiation (Rin) is the total net shortwave radiation on top of the canopy
plus the longwave incoming radiation from the atmosphere
Rin  R global (1 α)  Rlw,in

(eq. 7.2.11)

As the total evapotranspiration (ET) is determined by the Penman-Monteith algorithm in
advance, the total latent heat flux (LE) from the land surface to the atmosphere is determined by rearranging equation (eq. 4.9) for the latent heat flux LE
LE  0.2778  ET  C LE (T0 )

(eq. 7.2.12)

As CLE(T0) varies only slightly for small differences in temperature, the terms depending on
the surface temperature on the right-hand side of the approximate energy balance can be
reduced to
(Rin  LE)  G0  H  Rlw,out   χ

(eq. 7.2.13)

Assuming that the energy fluxes at the land surface are computed with one temperature for
canopy and ground surface, then the temperature dependent variables are found with equations (4.4) and (4.6) and the general form of the sensible heat flux equation
H  ρ air C air 

Tair  T0
RA

Fig.7.4.2: Representation of the energy fluxes at the bulk land surface.

(eq. 7.2.14)

As was the case in the previous model variant, the iteration procedure varies the surface
temperature T0 until the modulus of χ in the approximate energy balance equation (7.2.10)
is smaller than the predefined value 5 W/m2.
7.2.3 The Snow-Soil Heat Transfer Algorithm
If snow cover is present on a process proxel, the soil heat flux is determined based on the
temperature difference between the snow pack surface T snow and the first layer of the soil
layer stack T1. The snow component ESCIMO (Strasser and Marke, 2010) implemented in
PROMET calculates the snow surface temperature on the basis of the snow pack energy balance (Fig.7.4.3)
Rnet  LE  H  G0  AE  ME  0

(eq. 7.2.15)

with AE: advective energy due to precipitation and ME: potential snow melt energy.

Fig.7.4.3: Energy (broken lines) and water/energy fluxes (solid lines) during snow cover.

In many snow process models G0 is assumed to be constant in space and time, often with a
value of 2 W/m2. To close the energy balance for the whole land surface, a steady-state heat
flow equation as proposed by Stähli and Jansson (1998) is modified for the heat transfer
from the upper soil to the snow pack surface. As the thermal conductivity of snow λsnow is
distinct from the thermal conductivity λ1 of most soils, the problem is solved by finding the
soil surface temperature T0 with
T0 

T1  fSS Tsnow
1  fSS

(eq. 7.2.16)

The weighting factor fSS to determine T0 in case of steady state heat flux is
fSS 

λ snow  z1
λ1  z snow

where zsnow: the snow pack height and z1: the mean depth of the top soil layer.
The heat flow from the upper soil layer is calculated through equation (4.18)

(eq. 7.2.17)

 G0  λ1 

T0 (t)  T1(t 0 )
z1

(eq. 7.2.18)

and the heat flux into the snow pack could be calculated with
G0,snow  λ snow 

Tsnow (t 0 )  T0 (t)
z snow

(eq. 7.2.19)

Fig.7.4.4: Steady state assumption of heat flow through upper soil layer and snow pack.

Because of the steady state assumption, G0,snow should be equal to –G0 (Stähli and Jansson,
1998). But the assumption that the soil surface temperature should be at, or below, the
freezing point when it is covered by snow does not allow for a steady state. Snow falling on a
non-frozen surface immediately melts, so when a snow pack builds up, the soil surface temperature is set to 273.16 K and G0 is calculated using equation (4.20). This leads to strong
ground heat fluxes toward the surface, as seen in Fig.7.4.5, and to melting of freshly fallen
snow on relatively warm ground. However, soon the thin top soil layer is cooled down and
isolates the snow pack from the warmer soil layers below. Results regarding the snow water
equivalent presented by PRASCH et al (2008) and validation of SHTM (Muerth and Mauser,
2012) show a good agreement with natural conditions.

Fig.7.4.5: Difference in G0 with and without the assumption of T0 ≤ 273.16 K (with Tsnow =270 K,
zsnow = 0.05 m and z1 = 0.025 m).

7.2.4 The Atmospheric Resistance above the Soil Surface
The general formulation of the aerodynamic resistance RA,0 for turbulent transfer into neutral atmospheric conditions is dependent on the horizontal wind speed (u z) and the roughness parameters of the surface (Campbell and Norman, 1998)
R A,0 

 h  hd   hc  hd 
1
  ln

 ln c
k  u z  z h   z m 
2

(eq. 7.2.20)

with hc: reference height, hd: displacement height, zh: roughness length for heat flux, zm:
roughness length for momentum flux, k: von Karman’s constant (k = 0.4). This formulation is
used for the computation of the atmospheric resistance, where energy fluxes from canopies
are computed.
For soil surfaces, one can estimate the roughness parameters, e.g. hc = 0.04 m, hd = 0.0 m
and zm = 0.004 m from values given in literature (e.g. (LIU ET AL., 2007), (OKE, 1987) and follow
(Campbell and Norman, 1998), who assume that the roughness length for heat flux z h within
canopies is related to zm by
zh = 0.2 · zm

(eq. 7.2.21)

Solving equation (4.21) with these fixed parameters for soil surfaces reduces the aerodynamic resistance RA,0 for neutral conditions to
R A,0 

56.2
uz

(eq. 7.2.22)

To assess the influence of atmospheric stability on heat fluxes in the near-ground air layers,
one can use the empirical bulk Richardson number RiB (Monteith and Unsworth, 2008) instead of more complex physical models, where g is the acceleration due to gravity (9.81 ms2
)
Ri B 

g (Tair  T0 )  (hc  h d )

Tair
u 2z

(eq. 7.2.23)

The actual atmospheric resistance RA can then be computed with the well-known stability
correction function of (Choudhury et al., 1986) with β = 5
R A  R A,0  1  β  Ri B 

3

4

(eq. 7.2.24)

This leads to plausible values of atmospheric resistance for soil surfaces, but this algorithm
to determine the atmospheric resistance is complex and unstable for very low, but realistic,
wind speeds (< 0.2 m/s) and is based on very sensitive surface parameters that are only
roughly estimated. Hence, an empirical approach to determine the atmospheric resistance
above soil surfaces, especially under canopies, is presented in the following.
Kustas and Norman (1999) developed a simple model (N95) to predict heat fluxes from soil
and vegetation in which they used the results from two empirical studies about the heat
transfer from soil surfaces into the atmosphere. Their formulation of the aerodynamic re-

sistance of a soil surface includes two empirical parameters: CFC, a constant related to free
convection, and CTC, related to turbulent convection.
RA 

CFC

1
 C TC  u z

(eq. 7.2.25)

Kondo and Ishida (1997) conducted laboratory and field experiments on the free convection
of soils and found RA of soils without the influence of wind to be approximately 260 s/m,
relating to a CFC of 0.0038 m/s. Measurements of heat transfer from bare soils and soils under canopies (Sauer et al. (1995) and others) and the analysis of these measurements in
comparison with theoretical models by Sauer and Norman (1995) led to the universal empirical value of 0.012 m/s for CTC used in the N95 model (Kustas and Norman, 1999).
As Fig.7.4.6 portrays, this algorithm leads to similar values of RA for wind speeds > 0.5 m/s as
the complex algorithm presented above. But for very low wind speeds, the (Choudhury et
al., 1986) algorithm becomes unstable, even for this typical case of (T air – T0) = –3 K. Therefore, the simpler, empirical approach is implemented in this version of PROMET, for both
bare and vegetated soil surfaces.

Fig.7.4.6: Relationship of atmospheric resistance over a soil surface to wind speed for both algorithms presented, with (Tair-T0) equal to -3 K.

7.3 Soil processes components
7.3.1 The soil moisture component
To simulate water fluxes in the soil column, PROMET uses a modified version of the Eagleson
model (Eagleson, 1978, Mauser and Schädlich, 1998) that predicts the infiltration and exfiltration of the soil column. In recent years, the soil layer stack of the model was extended to
compute up to 4 layers and implemented in the decision support system DANUBIA along
with other new components for PROMET. The algorithm basically distinguishes between

"wet" and "dry" time steps. Water sources for a soil layer are infiltration from above (effective precipitation or percolation from upper soil layer) and capillary rise from the groundwater table or the lower soil layer. Water sinks can be evaporation from the top soil layer, root
water uptake (all layers with roots) and gravitational drain (which is summed up with capillary rise for the net percolation of a soil layer). Actual infiltration into a soil layer is handled
by the Philip equation, excess water is added to lateral flow. If surface infiltration into the
top soil layer exceeds the infiltration capacity, the remaining water is added to the simulated
overland flow. If the net percolation of a soil layer exceeds the infiltration capacity of the soil
layer below, the remaining water is added to the model output "interflow". All computations
in the soil layer stack are run "top down", which means that the most active upper layer is
run first and the lowest, least dynamic layer is run last.
7.3.1.1 Soil-Hydraulic parameters
The following section describes the derivation of the static parameters needed to compute
an analytic solution of the Philip equation based on the concepts of Eagleson (1978) and
Brooks and Corey (1964).
The variability of the volumetric water content Θ of a homogenous soil column is described
by the one-dimensional concentration dependent diffusion equation of Philip (1957):
Θ
 
 Θ  k Θ

DΘ


t
z 
 z 
z

(eq. 7.2.1)

where t is the time in [s], z is the depth in [cm], k(Θ) is the effective hydraulic conductivity in
[cm/s].
Herein the hydraulic diffusivity D(Θ) in [cm2/s] is defined as
DΘ  k Θ

 ΨΘ
Θ

(eq. 7.3.2)

with Ψ(Θ) being the soil matrix potential in [cm].
To find an analytic solution of the Philip equation, an approximation of Ψ(Θ) and k(Θ) based
on measurable, static soil parameters must be found. (Eagleson, 1978) applied the equation
proposed by (Brooks and Corey, 1964) to describe the relationship between soil moisture
and matrix potential
Ψs  Ψ1  S

1
m

(eq. 7.3.3)

where Ψ(1) is the air entry tension in [cm], also called bubbling pressure head (bph), S is the
saturation of the effective pore space n with water (S = Θ/n) and m is the pore-size distribution index (psdi).
“The bubbling pressure head represents the value of the suction head at which, during dewatering of a sample, gas is first drawn through the soil sample.” (Eagleson, 1978) The psdi is
the slope of the retention curve, where the soil suction increases exponentially with decreasing soil water content Θ.

The hydraulic conductivity k(Θ) for the unsaturated soil matrix after (Brooks and Corey,
1964) is
kΘ  k f  S c  k f  S 23m/m

(eq. 7.3.4)

where ks is the saturated hydraulic conductivity and
c = (2 + 3m) / m

(eq. 7.3.5)

Because n is constant for a simulation time step, the approximate equation of the diffusivity
D(Θ) is
DΘ  k s  s c 
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(eq. 7.3.6)

(eq. 7.3.7)
(eq. 7.3.8)

and can be solved if the following static parameters are known:





saturated hydraulic conductivity ks
bubbling pressure head Ψ(1)
pore-size distribution index m
effective porosity n

A description of the parameter estimation methods developed within the project GLOWADanube for the Upper Danube catchment can be found in Muerth (2008) and section 7.3.4.
7.3.1.2 The Eagleson-type soil water model
The soil water algorithm implemented in PROMET is based on the model proposed by
Eagleson (1978) for homogenous soil columns, but was enhanced by Mauser and Bach
(2009) for simulating soil moisture movement in a multi-layer soil model (Fig.7.3.1). Instead
of applying the Eagleson equations to a single homogenous root zone layer, each layer of the
soil model is assumed to be one Eagleson-type homogenous soil column. The following initial and boundary conditions were set by Eagleson (1978) to assure the soundness of his analytical solution of the Philip equation and were accounted for in the PROMET soil water
model.
The ground water table is much deeper than the bottom of the simulated soil layer, so the
medium is considered to be effectively semi-infinite. Sensitivity analysis has shown that the
minimum distance between the simulated soil compartment and the groundwater table has
to be greater than the bubbling pressure head of the lowest soil layer, because it describes
the theoretical height of the capillary fringe.
The soil moisture is spatially uniform throughout the soil column. This is not true for the
multi-layer soil component, but water transfers into and out of a soil layer are modelled assuming that the surrounding soil matrix has the same characteristics as the computed layer.

Fig.7.3.1: Soil water fluxes simulated by the modified 4-layer Eagleson model.

Even heterogeneous vegetation cover has its roots distributed evenly throughout the soil
column in the single layer model. The multi-layer model root density is definable for each
individual soil layer, but is homogenous throughout a soil layer.
Based on these basic assumptions, (Eagleson, 1978) defined the following conditions for the
ratios of exfiltration and infiltration:
ip < fi*: If the precipitation intensity ip is lower than infiltration capacity fi*, the precipitated
water can infiltrate and the soil (layer) surface is unsaturated (S i ≤ 1), because the soil moisture is transferred to the soil matrix below.
Ep < fe*: If the evaporation demand Ep is lower than the exfiltration capacity f e*, actual
evaporation is not inhibited and the soil (layer) surface does not run dry (S i ≥ 0), because the
soil (layer) provides enough water for surface evaporation.
ip ≥ fi*: If the precipitation intensity exceeds the infiltration capacity, the soil (layer) surface
can be saturated (Si = 1) and water runs off laterally at the soil (layer) surface.
Ep ≥ fe*: If the evaporation demand exceeds the exfiltration capacity, the soil (layer) surface
dries up (Si = 0) and the actual evaporation equals the exfiltration capacity of the soil (layer).
This simple concept was extended by Mauser and Bach (2009) to incorporate the simulation
of lateral runoff and vertically explicit soil moisture contents (Fig.7.3.1). Validation runs
showed a better correlation of simulated surface soil moisture patterns with remote sensing
(Loew et al., 2007) and more realistic time series of soil layer moisture compared with field
measurements (Pauwels et al., 2008). The PROMET soil water model showed also good
agreement with soil moisture fields derived fropm SMOS as shown by Schlenz et al. (2012).

The infiltration and exfiltration capacity of a soil column is defined by the equations provided
by Philip (1969). The increase in soil moisture during infiltration into a semi-infinite soil with
an initial soil moisture content Θ0 = n*S0 is defined as
Θ1



 Θ Θ dz   zdΘ  F t   KΘ t
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0
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(eq. 7.3.9)

0

Θ0

with Θ1: effective water content at the soil surface, Fi(t): sum of infiltrated water [cm], K(Θ0):
unsaturated hydraulic conductivity at water content Θ0.
The reduction in soil water content between precipitation events (with the transpiration rate
EV of the vegetation cover) is obtained by the formula


Θ0

0

Θ1
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(eq. 7.3.10)

with Fe(t): sum of exfiltrated water [cm].
At the same time, an amount of water equal to K(Θ0)*t percolates out of the considered soil
compartment.

Fig.7.3.2: Boundary conditions at the soil surface during wet and dry periods (Eagleson, 1978).

By series expansion and transformation of the original Philip equation and by use of the approximation equations 7.3.3 and 7.3.4, the infiltration capacity fi* (Eagleson, 1978) is defined as
fi * t, s 0 
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(eq. 7.3.11)

with the nondimensional infiltration diffusivity φi, which Crank (1956) determined for evennumbered d.
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(eq. 7.3.12)

The analogous exfiltration capacity fe* is
f e * t, s 0 
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(eq. 7.3.13)

with the exfiltration diffusivity φe for even-numbered d.
d
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(eq. 7.3.14)

Equations (7.3.11) and (7.3.13) are the simulation equations for infiltration and exfiltration.
As mentioned before, the percolation is only a function of the hydraulic conductivity K(S0) of
the soil matrix with the initial saturation S0. Therefore, the percolation velocity v is
v = K (S0)

(eq. 7.3.15)

Following Gardner (1958) the soil hydraulic conductivity for capillary rise is related to the soil
suction Θ by the power function
KΘ  a  ΨΘ

b

(eq. 7.3.16)

If the surface of the soil compartment is dry and the matrix potential above the groundwater
table (depth Z) is equal to the bubbling pressure head Ψ(1), the velocity ω of the capillary
rise is defined as
ω
 Ψ1
 B

K(1)
 Z 

mc

(eq. 7.3.17)

The relation of the empirical parameter B to the pore-size distribution index is
 1,5 
B  1 

 m c  1

(eq. 7.3.18)

As a result, the equation for the capillary rise in the Eagleson-model with the constraint ω /
ep < 1 is
ω
1,5   Ψ1

 1 
K 1  mc  1  Z 

mc

(eq. 7.3.19)

So the effective net percolation p of the computed soil compartment is
p = (v – ω) * t

(eq. 7.3.20)

Equations (7.3.11), (7.3.13) and (7.3.20) now provide descriptions of the three relevant processes for the vertical movement of soil moisture on the basis of the parameters described
in the previous section.

7.3.2 The soil heat transfer component
SHTM combines simplified physical algorithms for the computation of temperatures in the
upper soil layers and an analytical lower boundary condition to represent long-term climate
change. Changes in soil moisture and soil freezing are explicitly taken into account. The
ground heat flux as the driving force of the model is computed with soil surface temperature
feeding back into the energy balance simulation (Muerth and Mauser, 2012, Muerth, 2008).
Basis for the computation of soil temperature are the one-dimensional, conductive heat
transfer equations
G(z)  λ
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T
z

T   T 
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(eq. 7.3.21)

(eq. 7.3.22)

where G(z) is the heat flux [W/m2] at depth z, Cs is the heat capacity [J/kgK] and λ is the heat
conductivity [W/mK].
For large enough, homogenous layers and a fixed time step, it is possible to reduce the heat
flow G1,2 from the mean depth of layer 1 (z1) to the mean depth of layer 2 (z2) to
G1,2  λ 

T1  T2
z 2  z1

(eq. 7.3.23)

where λ is the heat conductivity between these two points. In SHTM λ is the heat conductivity of the lower (in this case thicker) soil layer and fluxes are positive if upward towards the
soil surface.
The Newman criterion defines the minimum distance between two layer means (points) if
heat flux parameters and the simulation time step are known, so there is no oscillation between those two points
Δz  Δt  2λ C v

(eq. 7.3.24)

with Cv: volumetric heat capacity [J/m3K]. For example, if λ = 2,0 W/mK, Cv = 1.7*106 J/m3K
and the typical time step is 3600 seconds, the minimum distance between to layer means
has to be 0.09 m. Because this would lead to heat flux oscillations with the geometry applied
to the upper soil layers, a sufficient overclocking is done.
The driving variable of any soil temperature model is the surface ground heat flux G 0, which
can significantly change the temperature of the upper soil layer during a time step of one
hour. This upper boundary condition can be an empirical surface ground heat flux G0 or the
soil surface temperature T0 generated by the surface energy balance model. If forced by T 0,
the resulting surface ground heat flux is computed by
G0   λ 

T0 (t)  T1(t 0 )
z1

(eq. 7.3.25)

Like in the modified Eagleson-model, the forcing at the upper boundary is transferred from
top down to the next soil layer. Therefore, the temperature T 1’(t) is used to compute the
heat flux from the upper layer downwards. This method was tested with measured ground
heat flux data and provided the best results for SHTM:
T1 ' (t) 

 G0  Δt
 T1(t 0 )
z1  C v,1

G1,2   λ 

(eq. 7.3.26)

T1 ' (t)  T2 (t 0 )

(eq. 7.3.27)

Δz1,2

After computing all the heat fluxes, the new mean temperature of each layer of the soil layer
stack with thickness dj at time step t = t0+Δt is calculated by
T(t) 

 Gupper  Glower   Δt
d j  C v, j

 T(t 0 )

(eq. 7.3.28)

The heat flux commences downwards as described by equations (7.3.26) to (7.3.28) with the
downward heat flux becoming the upper one of the next lower layer. For the lowest layer n
of the soil layer stack (here: n = 4) the lower heat flux Gn,n+1 is influenced by lower boundary
condition TV, which is computed by an analytical solution (Carslaw and Jaeger, 1959):
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(eq. 7.3.29)

with Tav: mean annual air temperature, Ay: annual amplitude of air temperature, zv: mean
depth of virtual layer, tmax: time of maximum air temperature and ω = 2π/τ: angular velocity
of cosine function, while the damping depth zD is a function of thermal conductivity λ and
volumetric heat capacity CV. The damping depth zD, represents the reduction in amplitude of
the temperature variation with depth, and is the depth at which the amplitude is e-1 (0.37)
times its value at the surface
zD  2λ C V ω

(eq. 7.3.30)

Depending on the chosen angular velocity ω, the damping depth can be calculated for the
annual or daily amplitude of the soil temperature. As the daily damping depth Ad for a soil
with a relatively high λ (2.0 W/mK) and low CV (1,700,000 J/m3K) is about 0.18 m, the daily
amplitude Ad(2.5 m) at a depth of 2.5 m is negligible
A d (2.5 m)  A d  e

2.5

0.18

 A d  e 13.89  9.3  10 7  A d

(eq. 7.3.31)

Therefore, the algorithm applied for the analytical temperature Tv (eq. 7.3.29) does not consider a daily amplitude, but shows a considerable lag of the annual maximum temperature at
2.5 m depth Fig.7.3.3.

Fig.7.3.3: Typical analytical temperature curve at 2.5 m virtual layer depth.

The required air temperature dependent parameters were prepared for the whole Upper
Danube watershed from meteorological data for each year from 1970 to 2004. In multiple
year simulations Tav is updated at the end of the hydrological year to account for annual differences in air temperature. As the deeper soil “remembers” the annual temperature cycle,
any simulation run should be started with the mean annual temperature of the previous
year.
The convective transport of energy by liquids or vapor is neglected, but the thermal parameters λ and Cv are computed each time step with regard to the material composition of each
soil layer (solids, liquid and frozen water, air). The assumption is that slow moving soil water
passing a small temperature gradient has only a small temperature difference to the surrounding soil matrix. On the other hand the volumetric water content is raised, so the volumetric heat capacity increases while temperature stays the same. This equates to an effective increase in stored energy per soil layer when the soil moisture increases, and vice versa.
Furthermore, the biggest impact of convective heat transfer on simulated temperature is in
times of high infiltration. However, estimating precipitation temperature of rainstorms is
difficult and has a high rate of uncertainty. Simple models equal precipitation temperature
to near ground air temperature. More complex algorithms assume it to be equal to the dew
point temperature for rain (Marks et al., 1999), but still the atmospheric processes are not
easily parameterized. Point scale evaluation showed only a minor impact of convective heat
transport on predicted soil temperatures for mesoscale simulations with SHTM. When comparing time series simulated with convective transport against time series simulated without
it, less than 10% of the simulated hourly soil temperatures differed by more than 0.1 K, while
only less than 1% differed by more than 1.0 K. Furthermore, including convective heat
transport could not improve the model results in any statistically significant way.
To include a realistic simulation of winter temperatures and soil freezing, the potential releasable latent energy LEpot,j [J] of the soil water in each layer is computed as soon as the
layer temperature drops below the freezing point. LEpot,j of a given layer j acts as a buffer
before the soil layer temperature Tj further diminishes. Because some of the water in a soil
matrix is influenced by freezing point depression, we included an empirical relationship between liquid and frozen water against the soil temperature Ť j in °C. The empirical relation-

ship is derived from the laboratory findings of (Watanabe and Mizoguchi, 2002). Because the
logarithmic curve is extremely steep for temperatures near the freezing point (Fig.7.3.4), we
assume soil freezing starts at Ťj = –0.1 °C. Using this empirical approximation, about 70% of
the water is frozen at Ťj = –1 °C and about 90% at Ťj = –6 °C. This algorithm agrees well with
the findings of (Nyberg et al., 2001), who measured a reduction in liquid soil water content
of about 2/3 for mineral
below
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Fig.7.3.4: Release of latent (LE) and sensible energy (SE) of soil water during freezing.

Based on this work of (Watanabe and Mizoguchi, 2002), we relate the volumetric content of
frozen water in a soil layer to the soil layer temperature by
a) if Ťj < –0.1 °C then

Θice,j (Tj )  0.0

(eq. 7.3.32)

b) if Ťj ≤ –0.1 °C then


Θice,j (Tj )  0.7  0.11 ln(-Tj )  Θ j





(eq. 7.3.33)

So the potential releasable latent energy due to freezing LEpot,j is dependent on the current
temperature Tj of the soil layer j

J
kg
LE pot,j (Tj )   Θice,j (Tj )  d j  1m 2  334000
 1000 3
kg
m

(eq. 7.3.34)

The actual released latent energy due to freezing ΔLEact,j is the sum of the upper and low
heat flux Gnet,j and the sensible heat change of a soil layer ΔSEj , which is dependent on the
temperature change of the soil layer.
SE j  T(t)  T(t 0 )  d j  C V

(eq. 7.3.35)

Gnet,j  Gupper  Glower

(eq. 7.3.36)

 Gnet,j  Δt  ΔLEact,j (t)  ΔSE j

(eq. 7.3.37)

In reality the total released latent energy due to freezing LEact,j is equal to LEpot,j. But as ΔLEact,j is very large compared to the change in sensible energy just below freezing point, the
frozen soil procedure in PROMET calculates LEpot,j and Tj in 0.1 K temperature steps for soil
temperatures below 273.15 K.
If the net heat flux into a soil layer is negative and Ťj > 0, the algorithm checks if the (negative) potential releasable latent energy of the last time step is greater than the possible
change in actual freezing energy due to Gnet,j





LE pot,j Tj (t 0 )  LE act,j (t 0 )  Gnet,j  Δt

(eq. 7.3.38)

If this is true, the temperature of the soil layer is reduced in 0.1 K steps until





Gnet,j  t  ΔLEpot,j Tj (t 0 )  ΔT  ΔSE j (T)

(eq. 7.3.39)

Then the new soil layer temperature Tj(t) is
Tj (t)  Tj (t 0 )  C V,j  ΔSE j ΔT

(eq. 7.3.40)

and the new actual released latent energy due to freezing is
LE act,j (t)  LE act,j (t 0 )  Gnet,j  Δt  ΔSE j (T)

(eq. 7.3.41)

If the change in energy is positive during a time step, the procedure checks if the energy input would raise the latent energy content above the threshold of the next warmer temperature step (+ 0.1 K)





LE pot,j Tj (t 0 )  0.1 K  LE act,j (t 0 )  Gnet,j  Δt

(eq. 7.3.42)

If eq. 7.3.42 is true, Tj and LEact,j are again computed by eq. 7.3.40 and eq. 7.3.41, otherwise
the temperature is raised by another step and eq. 7.3.42 is checked again.
If the soil layer temperature rises above 273.05 K in this way, the procedure is repeated until
the released latent energy is filled up again (LEact,j = 0).

The Computation of Thermal Soil Parameters
The actual volumetric heat capacity Cv of each soil layer is computed at the beginning of
every simulation time step as the sum of the volumetric heat capacities of its constituents Cvi
and their volumetric fraction xi
Cv 

n

x C
i

vi

(eq. 7.3.45)

i1

Liquid and frozen soil water are separately accounted for, hence the heat capacity of a soil
layer decreases (see table 7.3.2) when freezing. Yet, the volumetric fraction of water increases by 8.9% for soil ice during the phase change, raising the CV by a small amount. The
heat capacity of air is negligible (0.065·106 J/m3K) and is not taken into account.

Table 7.3.2: Volumetric heat capacity CV [J/m3K] of soil components.

The calculation of the thermal conductivity λ of a highly complex mixture of solids, liquids
and gases like soil is much more problematic. The typical range of λ is between 0.5 and 2.5
W/mK for natural soils. A possible method to measure thermal conductivity is the Thermal
Time Domain Reflectometry, also called Thermal-TDR, which uses heat pulses and their time
lag at different depths (Ochsner et al., 2001). But as these field techniques are expensive and
time-consuming, most non-point simulation models use physical or empirical models to estimate this thermal property. The most commonly used model for n soil components is the
physical one from (de Vries, 1963), which characterizes λ in relation to the shape and volumetric fraction xi of the main constituents of the soil:
n
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(eq. 7.3.46)
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with λi being the conductivities of the individual soil components and ki a coefficient related
to the conductivity λ0 of the main surrounding medium (λ0 = λw for water or λ0 = λa for air),
the shape-factor gd(α) and the dimensions of space m
  λi


ki 
 1 * gd α
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3
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(eq. 7.3.47)

The form-factor α describes the deviation of a soil particle from the spherical shape (α = 1).
Oblate spheroids are flattened spheres (α < 1), while prolate spheroids are bulging spheres
(α > 1). Flat particles are extremely prolate (α→∞).
Again the shape-factor gd(α) depends on the form-factor α and is the absolute measure of
describing the shape of the rotational ellipsoid in one dimension of space. Dimensions 1 and
2 are perpendicular to the axis of the ellipsoid, dimension 3 is parallel to it.
g1(α) = g2(α)

(eq. 7.3.48)

g3(α) = 1 – 2* g1(α)

(eq. 7.3.49)

For oblate spheroids (α < 1) g1(α) is
g1 α 
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In the case of prolate spheroids (α > 1)






(eq. 7.3.50)
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(eq. 7.3.51)

The mineral components of the soil are often regarded as one medium, but to distinguish
the fraction of clay minerals xclaymin from quarts and other minerals, Møberg et al. (1988)
empirically found a relation to soil texture
x claymin  0.3  x sand  0.4  x silt  0.85  x clay

(eq. 7.3.52)

Given the typical form-factors α (after Møberg et al. (1988)), one can calculate the coefficients ki for wet and dry conditions (table 7.3.3) with eq. 7.3.47 and eq. 7.3.51 and solve DE
VRIES’ equation (7.3.46). This parameterisation technique was validated against data by
Ochsner et al. (2001), Abu-Hamdeh (2003), Cosenza et al. (2003) and others.
Table 7.3.3: Heat conductivity of soil constituents after de Vries (1963), form-factor α (* = if
condition is dry) after Møberg (1988) and calculated coefficients ki.

Numerical Approximation of the Soil Thermal Conductivity
As de Vries (1963) stated, it is assumed that water rests on soil particles as a thin film, dominating as the connecting continuum well below field capacity while air forms bubbles. Not
until soil moisture reaches the permanent wilting point (ΘPWP), air becomes the connecting
continuum between soil particles. Because of that we follow Hansen (2002), who suggests
using the wet condition ki up to a soil suction of 1000 hPa (moisture content ΘpF3). To simplify the numerical computation, the Quadratic Parallel Function (QPF) of Woodside and
Messmer (1961) is used for moist soil layers instead of the de Vries equation (eq. 7.3.46)
λ
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(eq. 7.3.53)

with Φ: total porosity of the soil, λ w: thermal conductivity of water and λ a: thermal conductivity of air. The thermal conductivity of the solid particles λs with the respective ki(wet) values
is
λs 

k  λ  x Clay  k  λ  x Quarts  k  λ  x OrgMat
k Clay  x Clay  k Quarts  x Quarts  k OrgMat  x OrgMat

(eq. 7.3.54)

For larger soil moisture deficits, the actual heat conductivity is interpolated in relation to soil
moisture content Θ between λpF3 (conductivity at 1000 hPa, wet condition) computed with
the QPF and λpwp (conductivity at 16000 hPa, dry condition). The thermal conductivity λpwp of
a soil at the wilting point (where xw: the fraction of water equals the simulated water con-

tent Θpwp) is calculated using de Vries equation (eq. 7.3.46) equation and the ki coefficients
for dry soils (λ0 = λa)
n
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(eq. 7.3.55)
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The interpolation procedure utilizes the following weighting function
λ

Θ  Θ pwp
Θ pF3  Θ pwp


Θ  Θ pwp
 λ pF3  1 
 Θ pF3  Θ pwp



  λ pwp



(eq. 7.3.56)

A validation of the simplified QPF model with different sets of measured data by Cosenza et
al. (2003) showed that it is in good agreement with the de Vries model and has a similar accuracy when predicting the thermal conductivity of soils. It also outperformed the transfer
function based on multiple regression developed by Cosenza et al. (2003). Their Numerical
Simulation (NS) model is also shown in Fig.7.3.5, but was not adopted in SHTM.
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Fig.7.3.5: Comparison of thermal conductivity of two soils computed with a) the de Vries (1963)
equation, b) the QPF of Woodside & Messmer (1961) and c) the transfer function (NS) of Cosenza et al (2003).

7.4 The Dynamic Vegetation Component
The Penman-Monteith approach to the mass and energy exchange at the land surfaces determines the physical transfer processes in the SVAT-continuum. This is realistic for non living surfaces but disregards the processes related to growth and phonological change of a
growing vegetation canopy. Vegetation growth depends on the temporal availability of environmental parameters like light, water, temperature, wind and nutrients. This makes the
growth cycle of plants a dynamic process, which depends, in complex ways, both on the
temporal changes of environment and the genetically determined changing phonological
phases, which a plant undergoes during maturation. These factors make plant development
and the related gas exchange a dynamic process, which depends in addition to the physical
processes on their varying parameterization, which depends on plant development.
Plant development is a result of net primary production, which relies on photosynthesis and
respiration. Both processes are common to all vegetative life and are realized in plants in
similar ways, which can be abstracted to a general theory (Farquhar et al., 1980). This was
implemented in PROMET by Hank (2008) and Hank et al. (2015) and allows to dynamically
couple the metabolic carbon processes of the plants, which lead to the net-primary production (NPP, in kg/m²) of vegetation with its water and energy flows. The approach used treats
vegetation as a canopy and does not distinguish individual plants. Although the component
focuses on agricultural crops and therefore includes simulation of management actions it
has also successfully been used to model NPP of forests and natural grasslands.
The explicit plant-physiological component consists of five steps that are processed subsequently:
 Distribution of the incoming radiation within the canopy.
 Steering of the biological routines via a management component (e.g. sowing or
harvest).
 Photosynthesis-based computation of the leaf energy balance.
 Modelling of plant canopy growth.
 Modelling of the phenological development of the canopy
 Solution of the land surface energy balance.
The following section gives insight into the chain of submodels and the modelled processes
that are directly connected to the biological routines of the latest version of PROMET. For
further information concerning the modelling of inanimate landscape processes, it is referred to chapter 7.6 for the soil and surface energy balance.
7.4.1 Surface Processes
Before all requirements of the biological submodels are met, two important surface parameters have to be considered, as there is the circulation of air through the canopy and the interception of precipitation through the plant organs. The wind velocity within the canopy
greatly influences the heat dissipation from the leaves, while the evaporation of intercepted

water from a wet leaf surface determines the leaf energy budget by converting the incoming
radiation into latent evaporation energy, which then is no longer available for the photosynthesis. Both therefore are processes that most sensitively interact with the biological core
model, so they are briefly introduced in this section.
7.4.1.1 Wind Velocity within the Canopy
The wind velocity that enters the model via the imported meteorology is a measured speed
that is interpolated from anemometer measurements, which usually are taken at a standard
measuring height of ten meters above the ground. This velocity normally does not apply to
the real horizontal movement of air that can be experienced at the ground level, due to the
retarding effect of the surface roughness. Within a dense canopy, the wind is even more
limited, so that an isolated microclimate can develop within the stand that is scarcely stirred
by external influences (Oke, 1987). The measured wind speed is regulated down to the canopy level by applying a logarithmic wind profile (CIONCO 1965) (OKE, 1987, DINGMAN, 1994).
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(eq. 7.4.1)

For equation 6.14, the parameter u(z) is the wind velocity at a certain height above the
ground (z), zm is the roughness length, Κ is the von Karman constant and u* is the friction
velocity. For the roughness length, as well as for the displacement height, reasonable approximations exist that apply to dense vegetation types (JARVIS ET AL. 1976, (CAMPBELL AND
NORMAN, 1998), but since it is agreed, that in reality they vary with wind speed and canopy
structure (MONTEITH 1976, (MONTEITH AND UNSWORTH, 2008), JONES 1992), they are modelled
explicitly here.
The roughness of the vegetated land surface is primarily determined by the currently developed leaf area and the overall height of the canopy. The roughness length (zm) is a measure
of the form drag and the skin friction of the layer of air that interacts with the surface
(Campbell and Norman, 1998, p.69). It can be approximated through a fifth degree polynomial that is based on measured data of the momentum roughness parameter (eq. 7.4.1, fig.
7.4.6, left, SHAW AND PEREIRA 1982), which is multiplied by the overall canopy height (Hc).
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(eq. 7.4.2)

A solid surface exerts a certain drag on the wind that is flowing above it. The wind speed will
decrease logarithmically until it finally is zero when the observed height equals the surface
height. The plane, where the wind profile converges to zero, is elevated from the ground for
canopies. The displacement from the ground of the so called zero plane is termed as the
displacement height (dis0). Like the roughness length, it depends on the leaf area as well as
on the canopy height and can likewise be approximated via a polynomial (Fig.7.6.1, right,
SHAW AND PEREIRA 1982)
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Fig.7.4.1: Derivation of the momentum roughness parameter (left) and the zero plane displacement height (right) from data measured by Shaw and Pereira (1982). Please note that the coefficient of determination (r²) is correlated with the order of the polynomial and therefore is overestimated in both figures.

Fig.7.4.1 illustrates the stability of the polynomials (eqs. 7.4.1 and 7.4.2) for small leaf areas.
For leaf areas higher than 4.5, both parameters are assumed to converge at the level of LAI
4.5. With the help of the roughness length (zm), the zero plane displacement height (dis0),
the height of the wind measurement (Hm) and the natural von Karman constant (Κ = 0.41),
the friction velocity (u*) can be determined. The friction velocity is directly proportional to
the wind speed measured at height z and depends on the friction of the wind with the surface. It has a physical unit of m s-1 (eq. 7.4.3, (Oke, 1987)), although a direct interpretation is
not recommended (Campbell and Norman, 1998).
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(eq. 7.4.4)

When the results of the equations 7.4.2, 7.4.3 and 7.4.4 are inserted into equation 7.4.1, the
wind speed within each canopy layer can be determined according to the measured wind
speed at the measuring height and the current development of the vegetation cover. The
parameters involved with the calculation of the wind profile are illustrated in Fig.7.4.2.

Fig.7.4.2: Vertical wind profile over a canopy surface indicating the parameters that are involved
in the calculation of the surface friction (inspired by DINGMAN 1994).

7.4.1.2 Interception Evaporation
In PROMET, the temperature of the landsurface is determined by an iterative distribution of
the incoming energy into the latent heat flux, the ground heat flux and the sensible heat
flux. While for the surface temperature of the vegetated land surface the biological processes play an important role, the latent heat flux of the inanimate land surface consists of the
soil and the interception evaporation.
The amount of water that enters the soil directly after a rainfall event is referred to as effective precipitation (Baumgartner and Liebscher, 1996). However, a large portion of the rainfall
is intercepted either by anthropogenic structures like buildings, roads or parking areas or by
the surface of the leaves and twigs of the vegetation cover (Baumgartner and Liebscher,
1996). The interception evaporation is a determinant component of the landsurface water
balance as it is modelled in PROMET

P

eff

 Pint   Rs  Ri   ET  EI  ES   s snow  ssoil 

(eq. 7.4.5)

Thereby Peff is the effective precipitation, Pint is the intercepted precipitation, Rs is the surface runoff, Ri is the interflow beneath the surface, ET is the transpiration through the canopy, EI is the interception evaporation, ES is the soil evaporation and Δsswow/soil represents the
change of the snow or soil water storage respectively. Fig.7.4.3 outlines the hydrological
components of the surface water balance that are accounted for in PROMET.

Fig.7.4.3: Components of the PROMET surface water balance.

While for non-vegetated land use categories, the amount of rainfall that can potentially be
intercepted before it penetrates the soil is assumed to be static during the year (Grimmond
and Oke, 1991), the seasonal variability of the storage capacity of the canopy is determined
in dependence of the leaf area and the fractional cover for the vegetated land surface (eq.
7.4.4, Fig.7.4.4, (Gash, 1979, Van Dijk and Bruijnzeel, 2001, Wohlfahrt et al., 2006)).
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(eq.7.4.6)

For small leaf areas, it has to be taken into account that not the whole proxel that is receiving precipitation may be vegetated, so the interception capacity has to be reduced according
to the fractional cover of the canopy (fCOVER, Fig.7.4.4, left). The fractional cover describes
the degree of canopy closure and is derived from the LAI using a simple exponential function
(eq. 7.4.5).

fCOVER  1  e 1LAI

(eq. 7.4.7)

For anthropogenic structures, as well as for canopies that are defoliated (LAI = 0), a basic
interception capacity (ΔImax) of 0.935 mm is assumed (Grimmond and Oke, 1991, Gash et al.,
2008).
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Fig.7.4.4: Correlation of leaf area and canopy closure (left) and variability of the interception capacity of the canopy in dependence of the leaf area and the fractional cover (right).

The simulation of the filling and drainage of the storage of intercepted water follows a simplified method that is based on the assumptions of GASH (1979). The most determinant assumptions in that context are:
 No evaporation takes place until the rainfall has ceased.
 No water drips from the leaves until the interception storage is filled completely.
Conversely this means that, if the storage for intercepted water is filled, all the rainfall that is
additionally falling onto the leaves will drip off and will be added to the effective precipitation. The rest of the precipitation, staying on top of the canopy, evaporates as soon as the
rainfall stops and enough energy for the evaporation is available. In PROMET, the latent energy of the evaporation of intercepted water (Ep) is modelled parallel to the potential evaporation of open water bodies, applying a reduced form of the Penman-Monteith approach by
using the Priestley-Taylor equation
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(eq.7.4.8)

l

For equation 7.4.6, Rn is the energy balance (see eq. 7.4.7), s(Tl) is the slope of the saturation
vapour pressure curve in dependence of the leaf temperature (see eq. 7.4.8), p is the density
of air, cp is the specific heat of air, es is the saturation deficit, ra is the aerodynamic resistance
and γ is the psychrometric constant (see eq. 7.4.26).
The energy balance can be written as eq. 7.4.7 with Osw and Olw standing for the outgoing
short and long wave radiation respectively.

Rn  SWdir  SWdif  LW   Osw  Olw 

(eq. 7.4.9)

The slope of the saturation vapour pressure curve (s(Tl)) also depends on the temperature
(Tl), the gas constant (R), the molar mass of water (MH2O), the saturation pressure (e) as well
as on the latent heat of vaporization (L) and can be determined following Murray (1967)
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(eq. 7.4.10)

The latent heat of vaporization is a linear function of the temperature following
Baumgartner and Liebscher (1996)
L  2501  2.361  Tl  273.16

(eq. 7.4.11)

Figure 7.4.5 illustrates the temperature dependency as well as the interconnectedness of the
parameters L, e and s(Tl).

Fig.7.4.5: Temperature dependency of the latent heat of vaporization (left), the saturation vapour
pressure (middle) and the slope of the saturation vapour pressure curve (right).

The aerodynamic resistance (ra) with a physical unit of s m-1 is derived through an empirical
relation to the wind velocity (Campbell and Norman, 1998), p. 103), the latter being determined according to the methods described in the previous section.

ra 

54
u( z)

(eq.7.4.12)

The psychrometric constant by definition is not a constant as implied by its name, but depends on the air pressure (eq. 7.4.11) with MH2O and Mair representing the molar masses of
water and air respectively.
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(eq.7.4.13)

When all involved parameters are finally determined, the potential interception evaporation
(EI) has to be converted from a latent heat flux with the physical unit of W m -2 h-1 to a mass
flux in mm h-1, while at the same time it has to be limited to the amount of water that currently is stored within the interception storage (ΔI).
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(eq. 7.4.14)

As long as there is water in the interception storage, the incoming energy is used for the
evaporation of the intercepted water and only a minimum amount is provided for the
maintenance of the biological processes. However it is assumed, that stomatal gas exchange
can happen as long as the leaves are wet, but only from the lower side of the leaves, which is
supposed to be the dry one.
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Fig.7.4.6: Model results for the interception evaporation from the needles of a coniferous stand in
the central region of the Upper Danube catchment for the 11th of July 1998.
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Fig.7.4.6 displays exemplary model results for the interception evaporation of a coniferous
forest on a randomly chosen summer day (11th of July 1998). At the beginning of the day, the
needles already are wet from a previous rainfall event. Approximately 1.8 mm of precipitation is suspended within the canopy, but since there is no energy input during the night,
nothing evaporates from the intercepted storage. During the early morning hours, another
0.6 mm of rainfall are added to the storage of intercepted water, so that the total amount of
intercepted water increases to 2.4 mm. At the beginning of July the forest is fully developed
and has a maximum interception capacity of 4.7 mm. Consequently, no water drips off onto
the ground. When the rainfall stops at 7 am, the sun has already risen and the intercepted
water starts to evaporate. Since the exemplary day is a very cloudy day (average cloud cover
is 88 percent), the needles take about ten hours until they are completely dry at 4 pm. During the late afternoon hours, the biological processes finally receive the total amount of incoming energy. After sunset at 9 pm it starts to rain again and the needles are wetted with
about 0.3 mm of intercepted water until midnight. According to this example, the interception of rainfall leads to a constant cycle of wetting and drying in the course of a model year.
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Fig.7.4.7: Measured precipitation and modelled intercepted rainfall for a winter wheat stand during the model season 1998/1999.

Fig.7.4.7 clearly explains the interrelation of precipitation and the amount of rainfall that is
intercepted by the canopy. This example, taken from a winter wheat site, demonstrates the
dynamics of the annual course of the intercepted water storage, whose holding capacity is
highly dependent on the development of the crop. During the winter months, the sparse
canopy is only capable of holding 0.5 mm of the incoming precipitation, so the major part of

the rainfall drips off from the leaves onto the ground and enters the soil. During the early
summer months, the crop develops rapidly and the potential storage capacity for intercepted precipitation increases with the newly developed leaf area. The increased frequency of
thunderstorms, with high precipitation rates during the summer months, results in periods
of constantly wet leaves. Due to the high radiation input in the summer, the whole storage
of intercepted water can be evaporated during the course of one day.
7.4.2 Biological Processes
With exception of the initialization section, which only is passed once for all of the 27
landuse categories that are implemented in PROMET during the first model time step, the
biological subroutines of PROMET consist of a chain of submodels that are cycled successively for every element of the raster data set at each model time step (Fig.7.4.8).

Fig.7.4.8: Model hierarchy of the 27 integrated landuse categories.

7.4.2.1 Model Initialization
When the model run is started, the input parameters that correspond with the different
landuse categories and are needed for the calculation of the biological submodels are read
from parameter files and stored within the internal GIS structure. All crop specific information, concerning the 27 different landcover categories that are accounted for in the model, is arranged following a strict hierarchy that allows for a clear differentiation between the
different landuse types (Fig.7.4.8). This enables the model to access the correct parameters
unmistakeably for each vegetation type from all subroutines. The land cover hierarchy also
includes information, if the currently modelled proxel is a vegetated or a non-vegetated sur-

face type. For non-vegetated surface types, the biological submodels are skipped. In PROMET, it also is assumed that no biological activities take place beneath a closed snow cover.
The biological routines, with exception of the progress of the phenological stages, consequently do not run if a snow cover is modelled for a proxel at the current time step.

Fig.7.4.9: Flowchart of the biological subroutines of PROMET.

The vegetation cover is modelled for two vegetation layers, so that the leaf gas exchange
routines have to be called twice for every time step (Fig.7.4.9). The leaf energy balance is
solved subsequently for the sunlit and shaded parts of the leaves of both vegetation layers.
Fig.7.4.9 also illustrates that the actual photosynthesis is a byproduct of the efforts concerned with the determination of the latent heat flux from the leaf. When the leaf energy
balance is finally solved, the resulting carbon fixation is passed on to the plant growth routine, where the newly generated biomass is utilized according to the phenological stage of
the canopy (see section xx).
The biological submodels of PROMET require a set of variables from the preceding model
time step. Important parameters for example are the already accumulated biomass, the
growth stage that has been reached by the vegetation type of the currently modelled proxel,
the overall depth and density of the root system et cetera. When a model run is initialized,
this information is not available for the very first time step. The model therefore was
equipped with a subroutine that only is called once for the first time step and initializes the
most determinant variables of the biological submodels. The initialisation is dynamic to
some degree, so that the model run can be started on a user-defined day of the year.
In a first step it is decided, whether the modelled canopy is a perennial type and therefore
requires the biological submodel at any time of the year, or if the cover type is of a seasonal

kind. The non-perennial crops are discerned into winter and spring crops. If the starting day
of the modelled time window lies beyond the vegetation period, the variables are set to zero
and the model run commences without the biological submodels running. If the starting day
lies within the vegetation period of the currently modelled canopy type, the explicit initialisation is started.
The determinant that is used to initialise all other important variables is the leaf area index.
It is assumed that the annual course of the LAI can generally be structured into four phases
(Fig.7.4.10, left):





A period, where the leaf area is at its minimum (LAIini),
a period of increasing leaf area,
a time of maximum LAI values (LAImax) and
a time, where the leaf area decreases.

Fig.7.4.10: Phases of LAI development (left) and LAI curves for selected crops used for the initialization of the first time step.

With a simple function, the green leaf area index is assumed in dependence of the DOY (eqs.
7.4.13-16). For every crop, a different parameter set is used that modifies the course of the
function (Fig.7.4.10, right). The boundaries of the functions are the days of the year, where
the phases of LAI development are changing. While d is the currently modelled day, dincstart is
the day when the leaf area starts to increase, dincend the day when it stagnates, ddecstart the
day when the leaf area starts to decrease again and ddecend marks the completion of the senescent phase.
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(eq. 7.4.15)

If d is greater than
dincstart and d is lower
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(eq. 7.4.16)
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dincend and d is lower
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(eq. 7.4.17)

LAI  LAI ini  e

If d is greater than
ddecstart and d is lower
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k2 d ddecstart 12  LAI max  LAI ini 

(eq. 7.4.18)

For the equations 7.4.14 and 7.4.15, k1 and k2 are coefficients that modify the gradient of the
LAI increase and decrease.
This method is considered to provide reasonable initialisation values for the agricultural
crops as well as for the natural grasslands in the colline altitudinal belt. However, the different appearances of natural canopies at higher altitudinal vegetation zones are not accounted
for in this approach. This would lead to the failure that for example coniferous forests on
alpine sites above 1500 m sea level height, where the spruce forest is gradually superseded
by dwarf-pines, would be initialized with the same large leaf area that they are supposed to
develop in the plain regions of the alpine foreland. To account for this problem, all proxels of
the input data set for the Upper Danube Basin that are populated with coniferous trees (see
appendix A.8.1) were analysed with respect to their altitude and their annual mean temperature. It was found that a strong correlation of elevation and annual mean temperature exists (r² = 0.96, Fig.7.4.11, left), so that the annual mean temperature could well be consulted
for the differentiation of the altitudinal vegetation zones.
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8 °C, which within the Upper Danube Basin normally is the case for elevations that exceed
600 m a.s.l. (Fig.7.4.11, left), the determined leaf area values are reduced by a factor that is
based on a third-degree polynomial of the annual mean temperature of the preceding model
year (Fig.7.4.11, right, eq. 7.4.17).

RLAI  0.0013  Tavg  0.0133  Tavg  0.0524  Tavg  0.3986
3

2

(eq. 7.4.19)

Taking the reduction factor into account, the initial leaf area for proxels located at “cold”
sites reads (eq. 7.4.18):
LAI  LAI  RLAI

If Tavg is lower than
8 °C

(eq. 7.4.20)

When the leaf areas for all vegetation categories that either are perennial or in their active
growing period are determined, the height of the canopy (hc) is calculated using a cultivar
specific relation of leaf area and plant height (LHrel).

hc  LAI  LH rel

(eq. 7.4.21)

Due to lack of better data for the first model time step, all relevant temperatures like the
leaf and soil temperatures are initialised with the air temperature (Ta) as a first guess.
With the help of the LAI development phases (Fig.7.4.10), the phenological phase is determined according to the DOY. The rate of development (see section 3.3.3.6.1) is supposed of
having reached half the amount of the transition to the next growth stage, thus allowing the
crop to autonomously commence its phenological development once the model run has
started.
As soon as the phenological phase is known, the leaf biomass can be determined by inverting the “LAI-to-leaf-mass-per-area” relationship (eq. 7.4.20, see section 3.3.3.6.3). The leaf
biomass then is extrapolated to the other plant parts that are stem, grain and root using the
imported allocation percentages (see section 3.3.3.6.2).
Bleaf  LAI  LMA

(eq. 7.4.22)

For the initialisation of all agricultural vegetation types, the root depth (RD) is assumed as a
percentage of the crop specific maximum root depth (RDmax, table 7.4.1), according to the
phenological stage. Natural and perennial canopies are initialized with their specific maximum root depth.
Table 7.4.1: Initial root depth according to the initial growth stage

d < dincstart

dincstart > d < dincend

dincend > d < ddecend

d > ddecend

RD  0.3  RDmax

RD  0.7  RDmax

RD  RDmax

RD  0.3  RDmax

RLDLs  2  e Ls 1 0.9 

(eq. 7.4.22)

Fig.7.4.12: Initial root length density distribution into four soil layers.

The distribution of the root density to the soil layers is initialised by an exponential function
(eq. 7.4.21) (Gerwitz and Page, 1974, Adiku et al., 1996). Depending on the soil type, either
three or four soil layers (Ls) exist in the model that can possibly be rooted. The initial root

length density of a soil layer (RLDLs) decreases with increasing soil depth for all vegetation
types (Fig.7.4.12).
Having passed through the initialization process, the model is able to run all biological submodels, starting from any user-defined day of the year. However, it is recommended to
compute the model at least one model year in advance, before the results can be considered
to be reliable. This spin-up time allows the soil water balance to adjust to the current meteorology and the biological parameters to accommodate to the climatic specifications. All
model results and intermediate results presented here were generated with a spin-up phase
of at least one model year.
7.4.2.2 Agricultural Management
Before the submodels that compute the actual plant growth are called, general agricultural
management measures have to be considered.
All arable crops in the model are sowed at noontime, when their cultivar specific sowing
date (dsow) is reached. The crop related variables are set to zero and the root depth is set to a
sowing depth of 3 cm. Most important, the planting process activates all biological submodels for the crop, which had been skipped during the fallow period, so that the active growing
process can commence. The natural and perennial crops do not have a specific sowing date,
but are starting with active growth as soon as there is no snow cover signalled. An exception
is made for deciduous forest, whose period of active growth is started with the emergence
of leaves. This determinant phenological step is controlled by the phenology submodel (see
section 3.3.3.6.1.3.2). For all agricultural crops, the growth period lasts until the cultivar specific harvest date (dhar) is reached. When the crop is harvested at noontime, the biomass,
plant height and LAI variables are set to zero and the active growth is aborted. The portion
of the biomass that is considered as “harvestable” depends on the crop type. While for cereals only the grain mass is harvested, for silage crops and grassland the whole aboveground
biomass is collected. The harvestable part of the accumulated biomass is transformed into
harvest mass (Bhar) using a linear relation between biomass and grain harvest. Also the units
are transformed from kg m-2 to a unit of t ha-1 applying a factor of 10 (eq. 7.4.22).

Bhar  Bgrain  m  b10

(eq. 7.4.23)

Fig.7.4.13 shows the stable correlation of grain biomass and grain yield for winter wheat that
could be obtained from field measurements of two wheat test sites. The location of the test
sites as well as the applied measuring techniques can be followed in (Hank, 2008).
On ten sample points, five for each test field, the dry grain mass including the straw part of
the spikes was measured shortly before the fields were harvested (see section xx). The spatial distribution of the usable harvested mass was recorded during the harvest with a DGPS
supported measurement system on a combine harvester. The combine measurements were
corrected with the overall weight of the harvested freight and resulted in maps of obtained
yield. The yield maps were compared with the destructive field measurements by integrating
both into a GIS (Fig.7.4.13, left).
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Fig.7.4.13: Combine harvester yield measurements for the test sites “Kochfeld” and “Hofanger”
(compare section 4.1) in front of a GIS based land use map (left). Derivation of a relation between
dry grain mass and measured grain yield (right).

The correlation of fruit biomass and harvested grains (Fig.7.4.13, right) shows that the yield
of winter wheat is approximately 70 % of the fruit biomass. Unfortunately, for all other arable crops no explicit yield measurements could be obtained, so that the relations had to be
estimated in the style of the winter wheat measurements or were derived from the parallel
analysis of model results and agricultural harvest statistics respectively (BAYERISCHES STAATSMINISTERIUM FÜR LANDWIRTSCHAFT UND FORSTEN 2004 and 2006). Table 7.4.2 gives an overview of
the parameters applied for the conversion of biomass to yield for different crops.
For the grassland crop types, the harvested mass equals the aboveground biomass. Paying
respect to the fact that grassland can be cut more than once a year, the harvest mass is accumulated during the season. Besides that, the cutting of the grassland is modelled parallel
to the harvest of arable crops, but the initialization of the cutting is variable. For intensive
grassland, the first cut is initialised as soon as the LAI has developed to a value of four. If this
is not the case until the 20th of June, the meadow is cut anyway. The second cut happens in
the model, when the LAI again has recovered to a value of four, but not before the 20 th of
July and not after the 15th of August. The last of three possible cuts per season then follows
between the 20th of September and the 20th of October. For extensive grassland, only two
cuts per season are possible, the first occurring not before the 15 th of June and not until the
LAI has developed to a value of four. The second cut for extensive grassland is possible in
autumn between the 20th of September and the 20th of October.
Once in a model year during winter time some variables have to be reset for the natural
canopies as well as for the perennial agricultural grasslands. For example a part of the root
system is supposed to die during wintertime, thus avoiding unnatural accumulations of root
mass. Also the number of accumulated cuts of grasslands has to be reset for the next season.

Table 7.4.2: Parameters used for the transformation of harvested biomass [kg m-2] to
yield [t ha-1].

Crop Type
Hop
Oat
Oleaginous
Potato
Rye
Sugar
Summer Wheat
Winter Barley
Legumes
Winter Wheat
Other

Slope [m]

Intercept
[b]

0.0391
1.0282
0.2562
2.7201
0.7383
4.6454
1.1685
0.6668
0.7314
4.4922
1.0000

0.1321
0.0000
0.1053
1.3457
0.0000
2.3387
0.0358
0.1315
0.0283
2.8081
0.0000

7.4.2.3 Leaf Energy Balance
The basis of all calculations, applied for the modelling of the biological processes in PROMET,
is the energy balance of the leaf. It consists of the energy input through absorbed radiation
on one side and three kinds of energy dissipation from the leaf on the other (Fig.7.4.14).

Heat Dissipation from the Leaf

Leaf
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Convective Losses

Latent Energy Flux

Longwave
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Fig.7.4.14: Components of the leaf energy balance of PROMET biological.

The solution of the leaf energy balance is performed through an iteration that approximates
a balanced equilibrium between the energy that is gained by the leaf via the absorption of
radiation on one hand and the energy that is lost due to heat dissipation from the leaf at a
specific leaf temperature on the other. The dissipation of energy from the leaf consists of
three components, as there are the heat loss through emission, the conductive heat dissipation and the latent heat flux (Fig.7.4.14). Those three fluxes have to be calculated for every
iteration step, since they all are highly dependent on the temperature of the leaf. According
to the internal architecture of the model, the whole iteration has to be performed four times
for every element of the raster data set at each time step, because the sunlit and the shaded
parts of the leaf area have to be calculated for both of the vegetation layers successively
(Fig.7.4.15).

Fig.7.4.15: Iteration loop for the calculation of the leaf energy balance, indicating that one model
time step requires the initialization of four iterations per raster element.

It therefore is of consequence to aspire the least number of iterations possible. This is accomplished by applying an efficient iteration rule that is capable of solving the required fluxes by applying no more than three iteration steps for most cases. The iteration method is
briefly described in the following section.
7.4.2.4 Iterative Determination of the Leaf Temperature
The leaf temperature for either sunlit or shaded leaves in a particular canopy layer is determined through the energy balance of the leaf. The equilibrium leaf temperature, i.e. the
temperature at which energy losses equal energy gains, is determined iteratively. Applying
an initial estimate for the leaf temperature (Tl,ini) as well as the energy input to the leaf, a
new temperature estimate (Tl,est) is calculated, at which heat losses due to emission, convective losses and latent heat transfer equal the energy input, which again is composed of the
absorbed short and long wave radiation. Since all energy losses are sensitive to temperature
(see sections 3.3.3.4.1 - 3), the heat dissipation is calculated for a number of temperatures,
until the gains and losses differ by no more than a threshold. The critical threshold was assumed with 5 W m-2 for all calculations presented in the context of this work.
Usually, the leaf temperature from the preceding time step is chosen as the initial leaf temperature. If the leaf temperature has not changed significantly since the last time step, the
initial estimate might be good enough and the iteration can possibly be avoided in order to
save computing time. If the initial temperature estimate does not produce an energy loss
that is sufficiently close to the gain, the iteration is begun. Since the relationship between
the total energy loss and the leaf temperature is nearly linear, the iteration can be kept rather simple. At first, a range of possible leaf temperatures and their corresponding energy
losses is spanned, based on the initial temperature. If the initial temperature produces a
heat loss that lies above the equilibrium radiation (Fig.7.4.16, left), then the initial temperature (Tl,ini) is used as the upper boundary (Tl,upp) for the first iteration step, while the lower
boundary (Tl,low) is assumed to be 10 K below (Fig.7.4.16, right). In Fig.7.4.16, the energy
fluxes dissupp and disslow represent the heat dissipations that correspond with the upper and
the lower boundary of the estimated leaf temperature.

Fig.7.4.16: Initial estimate for the iterative solution of the leaf energy balance. The exemplary initial estimate is far too high (left), so the iteration is started with the initial intermediate temperature being applied as upper boundary (right).

For an initial estimate that happens to produce a heat loss that falls below the equilibrium,
the opposite will be the case, so that the initial estimate will be used as the lower boundary,
while the upper boundary will be assumed 10 K above. In a second step, an intermediate
temperature is estimated applying a linear interpolation (eq. 7.4.23) between the equilibrium radiation (radeq) and the chosen extreme temperatures with their corresponding heat
dissipations (Fig.7.4.16, left).

 Tl ,upp  Tl ,low  
  Rad eq  disslow 
Tl ,int  Tl ,upp  
 dissupp  disslow 

(eq. 7.4.24)

The energy loss for this temperature is calculated and its closeness to the desired energy
equilibrium is assessed. If the result is not sufficiently close, a second iteration is performed
(Fig.7.4.17, right). For the second iteration, the temperature boundaries are shifted according to the result of the first iteration. If the intermediate temperature of the first iteration
step produces a total energy loss that lies below the equilibrium (Fig.7.4.17, left), this can be
taken as an indication that the leaf temperature was assumed too cold and that the correct
solution will be found between the intermediate temperature of the first iteration and the
upper temperature boundary. Consequently, the second iteration is started with the intermediate temperature serving as the new lower bound of the estimation.

Fig.7.4.17: Exemplary results of the iteration steps 1 and 2. For the first iteration step, the intermediate temperature was assumed too low (left), so that for the second iteration step it is used
as the lower temperature boundary (right).

For the second iteration, it may be the case that the leaf temperature is assumed too warm,
so that the intermediate temperature happens to exceed the equilibrium temperature. In
this case, the boundaries of the estimate are redistributed the other way round. The intermediate temperature of the second iteration step then will be used as the upper boundary
for the third iteration step (Fig.7.4.18, left).

Fig.7.4.18: Exemplary results of the iteration steps 3 and 4. For the third iteration step, the leaf
temperature again is assumed too low, only to meet the requirements of the threshold with the
fourth iteration.

This swaying calculation proceeds until the critical threshold is satisfied or the correct temperature is found (Fig.7.4.18, right). However, experiences have shown that for most cases
two or three iteration steps are sufficient when a tolerance to failure of 5 W m -2 is accepted.
Thereby it has to be remembered that the three ways of heat dissipation (see section
7.6.2.3) have to be calculated for every iteration step. The leaf temperature therefore is
highly sensible to external influences (Fig.7.4.19).
Fig.7.4.19 traces the daily course of modelled leaf temperatures for a winter wheat stand.
During the night, naturally the complete stand is shaded and only the shade temperatures
are calculated. Both vegetation layers are emitting energy according to their temperature
and therefore fall below the air temperature during night time.
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Fig.7.4.19: Daily course of the modelled leaf temperature of a wheat stand on a hot summer day
(20th of July 1998), discerned into two canopy layers as well as into sunlit and shaded leaves.

The lower canopy layer is shielded by the upper canopy layer and therefore does not cool as
much as the lower layer. As soon as the sun rises (at 6 am), the temperatures start to diverge. The energy input from above causes the upper layer to heat up more rapidly than the
lower layer, so that at 7 am it is warmer than the lower layer. At the same time, the temper-
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ature of the sunlit leaves of the upper canopy layer exceeds the air temperature, while the
lower vegetation layer as well as the shaded leaves stay beneath it, due to the increasing
amount of latent heat that is transported from the leaves with the transpiration. The energy
input of the sunlit leaves in the upper layer is rather high, so that the loss of latent heat cannot fully compensate the energy input. As a consequence, the leaves heat up until they have
reached a temperature that lies 2.5 degrees above the air temperature and nearly five degrees above the shaded leaves of the lower layer. From the temperature maximum (at 2 pm)
on, the temperatures start to converge again. As soon as the sun angles are too low to irradiate the leaves, the temperature of the sunlit leaves decreases rapidly, so that at sunset (8
pm) the sun temperatures again equal the shade temperatures.
7.4.2.5 Longwave Emission
The emission of heat from the leaf is calculated applying the Stefan-Boltzmann-Law of emission successively for the estimated leaf temperature of both, the shaded and the sunlit
leaves (eq. 7.4.24).

Dissrad   leaf    0.002  Tl ,est

4

(eq. 7.4.24)

According to Kirchhoff’s law, the emissivity of the leaf is assumed to equal its absorptivity
(αleaf). The overall absorptance of the leaf is set to 96 % according to (Nobel, 1999). While σ
is the Stefan-Boltzmann constant, the factor 0.002 converts the physical unit from W m -2 to
KW m-2 and at the same time doubles the emitted energy, taking into account that long
wave radiation is emitted on both sides of the leaf (fig. 7.4.19). The applied temperature
(Tl,est) is the estimated leaf temperature of the current iteration step.
7.4.2.6 Sensible Heat Flux
The conductive heat loss or the sensible heat flux from the leaf respectively depends on
three major conditions, as there are the temperature gradient between the leaf and the surrounding air, the thermal conductivity of the air and the inhibition of energy transport
through the boundary layer that exists between leaf and atmosphere.
The temperature gradient (ΔT) depends on the difference of the air temperature (Ta) to the
currently estimated leaf temperature (eq. 7.4.25).

T  Tl ,est  Ta  273.16

(eq. 7.4.25)

The thermal conductivity of the air (tca) is approximated through a linear relation (eq.
7.6.41) according to measurements from Nobel (1999) (Fig.7.4.20, left).



 



tca  24343 106  67143 109  Ta

(qq. 7.4.26)

The thickness of the boundary layer (tbl) according to Nobel (1999) depends on the width of
the leaf (wl) and the wind velocity (u), as displayed in eq. 7.4.27 and Fig.7.6.20 (right).

tbl  0.004 
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(eq. 7.4.27)
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Fig.7.4.20: Coefficient of the thermal conductivity of air in dependence of the air temperature
(left) and thickness of the boundary layer in dependence of the wind velocity and the width of the
leaf (right).

With increasing wind speed, the thickness of the boundary layer is reduced (Fig.7.4.21),
while it is generally thinner for small leaves than it is for broad ones (Fig.7.4.20, right).

Fig.7.4.21: Thickness of the boundary layer in dependence of the wind velocity.

The sensible heat flux from the leaf then can be written as equation 7.4.28, where the denominator of 1000 accounts for the conversion from W m -2 to KW m-2 and the factor of 2 for
the double sided exposure of the leaf.

disssens  2 

tca  T 


tbl  1000 

(eq. 7.4.28)

7.4.2.7 Latent Heat Flux
The third and most determinant loss of energy from the leaf is the amount of energy that is
transported from the plant via the stream of latent heat, which escapes through the stomata. This process can most adequately be described with the term transpiration. The driving
force of the transpiration stream is the vapour pressure gradient between the leaf and the

surrounding air. Nonetheless, two barriers are inhibiting the latent heat flux. The determinant resistance that inhibits the gas exchange between the leaf and the atmosphere is the
cuticle of the leaf, whose conductivity is regulated through the stomata of the epidermis. A
second barrier is opposed to the transpiration stream by the resistance of the boundary layer that surrounds the leaf surface. The conductance of the boundary layer (ga) for water vapour can be described as equation 7.4.29 (Nobel, 1999).

ga 

dwv
P
1000 
tbl
R  Tl ,est

(eq. 7.4.29)

Besides the gas constant (R) and the actual air pressure (P), this requires the determination
of the thickness of the boundary layer (tbl, see previous section) and the diffusion coefficient
of water vapour (dwv).
The diffusion coefficient of water vapour can be approximated through a linear relation with
the Celsius degree air temperature (Ta) (Nobel, 1999).

dwv  2.126 105  1.48 107  Ta

(eq. 7.4.30)

Based on the assumption that a correct physical description of growth processes will apply
to every form of vegetation growth, all vegetation types are described through the same
physical routines in PROMET. Nonetheless, an exception has to be made here for the calculation of the boundary layer surrounding the needles of coniferous species. The alternative
calculation of the conductance of the boundary layer for H2O accounts for the bunching of
needles around coniferous twigs (eq. 7.4.31). The needles shield each other against atmospheric influences, producing a space of reduced wind speed which leads to an inhibited conductivity of the boundary layer (Jarvis et al., 1976).
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(eq. 7.4.31)

The influence of the reduction can be regulated through a scaling parameter (Σbl) that was
assumed with a value of 1 for the calculations that are presented here.
The calculation of the stomatal conductance (gs) requires the simulation of all processes that
are related to the leaf photosynthesis and which are described in detail within the following
section (3.3.3.5). Since these processes are highly correlated with the leaf temperature, they
are repeatedly calculated for every iteration step until the correct leaf temperature is found
(see section 3.3.3.4).
After the stomatal conductivity has been determined through the photosynthesis routine,
the overall conductivity of the leaf (gl) that consists of the two inhibiting barriers stomata
(gs) and boundary layer (ga) is calculated (eq. 7.4.32).

 1
1
g l  1 /   
 ga gs 

(eq. 7.4.32)

The flux of transpired water for the currently estimated leaf temperature and the current
time step than is described as eq. 7.4.33, where Δe represents the vapour pressure deficit
and P is the current air pressure with the physical unit mbar. For the calculation of the vapour pressure deficit (Δe = el - ea), the vapour pressure within the leaf (el) is assumed to
equal the saturation pressure, while the atmospheric vapour pressure (ea) is determined
through the relative humidity of the surrounding air.

ETflux 

e
P  gl

(eq. 7.4.33)

For the final determination of the total heat loss, the transpiration flux has to be transformed into a physical unit of KW m-2 using an approximation of the latent heat of vaporization (kJ mmol-1) (Nobel, 1999)
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(eq. 7.4.34)

Now, the total heat loss (disstot) for the currently estimated leaf temperature can be
summed (eq. 7.6.50) by combining the results of the eqs. 7.4.24, 7.4.28 and 7.4.34

disstot  dissrad  disssens  disslat

(eq. 7.4.35)

7.4.2.8 Net Primary Production
The innermost core of the biological submodels of PROMET consists of the net photosynthesis model for C3 species by (Farquhar et al., 1980), including extensions and improvements
developed by (Falge et al., 1996) for the modelling of forest growth as well as adaptations to
the simulation of C4 species applying a method after (Chen et al., 1994).
7.4.2.9 Carboxylation Limitations
The modelling of the net photosynthesis rate is based on the enzyme kinetics of Ribulose1.5-Biphosphate-Carboxylase-Oxigenase (RuBisCO). The concentration of the competitive
gases CO2 and O2 is taken into account, while the relation of the concentration of Ribulose1.5-Biphosphate (RuBP) and the number of active RuBisCO enzymes is monitored. The stomatal conductance is modelled in dependence of the assimilation rate, the relative air humidity and the gradient of the CO2 concentration, applying an empirical function after BALL ET
AL. (1987).
This model was chosen for an implementation into PROMET, because it includes the explicit
reaction of the assimilation rate on the CO2 concentration within the leaf (Ci). The internal
CO2 concentration again is connected through the stomata to the CO2 concentration of the

atmosphere (Ca), which, besides the temperature, is the determining variable when the impact of climate change is assessed with a physically based model.
The rate of carboxylation is limited by two determinant situations. For low CO 2 concentrations within the leaf, the fixation rate of RuBisCO and the concentration of CO 2 and O2 determine the assimilation rate (wc), while for high CO2 concentrations the photosynthesis is
limited by the rate of the electron transport or the rate of RuBP regeneration (wj) respectively (see section 1.5). The rate of net photosynthesis according to (Farquhar et al., 1980) then
reads as (eq. 7.4.36):

 * 
np  1    MIN wc ; w j  0.5  rd
 Ci 

(eq. 7.4.36)

The term 0.5 x rd here represents the fraction of the dark respiration (rd) during daytime,
which can best be described as the mitochondrial respiration. The symbol Γ* stands for the
CO2 compensation point, i.e. the assimilation rate where the oxygen production of the photosynthesis process exceeds the oxygen demand of the mitochondrial respiration. The CO2
compensation point is calculated following (Falge et al., 1996) in dependence of the maximum velocity of oxygenation (Vomax) and carboxylation (Vcmax) with O2 representing the internal oxygen concentration within the leaf and τ standing for a dimensionless factor that
describes the substrate specifity:

* 

0.5 Vomax  K c 1000  O2 0.5 1000  O2

Vc max  K o


(eq. 7.4.37)

By multiplying the numerator with a factor of 1000, the compensation point is converted
from the physical unit of ml l-1 to µl l-1.
The parameters rd, τ, Kc and Ko are temperature dependent and are all four described
through an exponential Arrhenius-function (Farquhar and Wong, 1984, Medlyn et al., 2002)

rd /  / Kc / Ko   rd 25 /  25 / Kc 25 / Ko25  e

Ea rd , ,c ,o Tl ,est 298.16
RTl ,est 298.16

(eq. 7.4.38)

The temperature, used here for the definition of the kinetic constants, is the leaf temperature from the current estimate for the latent heat flux (Tl,est), while the parameters rd25, τ25,
Kc25 and Ko25 are holding the value of the corresponding Michaelis-Menten constants at
25 °C. Eard, Eaτ, Eac and Eao are representing the activation energies of the respective processes with the unit J mol -1, while the constant R stands for the gas constant with a value of
8.31 J K-1 mol-1.
The competitive conversion of CO2 (carboxylation rate wc, eq. 7.4.39) and O2 (oxygenation
rate wo, eq. 7.4.39) by RuBisCO under saturated RuBP conditions is modelled following
(Farquhar et al., 1980)
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(eq. 7.4.39)
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(eq. 7.4.40)

The temperature dependency of the maximum velocity of the carboxylation (Vcmax), which is
needed for the calculation of wc and wo, is described as a complex Arrhenius-function
(Johnson et al., 1942, Medlyn et al., 2002) (eq. 7.4.41), mostly parallel to the other temperature dependent parameters, while the calculation of Vomax can be avoided through substitution (eq. 7.4.40).
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(eq. 7.4.41)

800
700
600
500
400
300
200

Max. Velocity of Carboxylation [µmol m-2 s -1]

900

Michaelis-Menten-Constant for O2 [µl l-1]

In equation 7.4.41, the variable Edvcmax stands for the deactivation energy of the process,
while Δs is a term that describes the entropy in J K-1 mol-1. The general course of the correlation of the chemical processes in the leaf with the leaf temperature is illustrated in Fig.7.4.22
for the Arrhenius-functions of the simple and the complex type.
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Fig.7.4.22: Arrhenius-function of the simple type for the calculation of the temperature dependency of the Michaelis-Menten constant for Oxygen (left) and complex Arrhenius-function for the
calculation of the maximum velocity of carboxylation for a range of common leaf temperatures
(right).

If not enough RuBP is present, the photosynthesis in the model is limited by the rate of regeneration of RuBP, which is the case for CO2 saturated conditions in the mesophyll of the
leaf. In this case, the rate of photosynthesis (pm) is smaller than the rate of RuBP conversion

(wc + wo). For the regeneration of one RuBP molecule, four electrons have to be transported
for the provision of the needed chemical energy (see section xx, (Farquhar and Von
Caemmerer, 1982)). The degree of the limitation due to the electron transport is accounted
for in equation 7.4.42.

w j  wc 

pm
wc  wo

(eq. 7.4.42)

Remembering equations 7.4.38 and 7.4.39, wj can also be described simplified as

wj 

pm
2  *
1
Ci

(eq. 7.4.43)

The modelling of C4 species here demands an extra treatment, for the C4 photosynthesis is
supposed to be solely controlled by the PEPcarboxylase (Chen et al., 1994). Therefore, the
electron limited rate of carboxylation wj is determined according to Chen et al. (1994) as for
all C4 crops:

wj 

pm  Ci
Ci  K c

(eq. 7.4.44)

The rate of leaf photosynthesis under saturated CO2 conditions (pm, eq. 7.4.46) is modelled
in dependence of the absorbed photosynthetic active radiation (aPAR) and the temperature
dependent rate of RuBP regeneration at saturated light and CO2 conditions (Pml, eq. 7.4.45).
The temperature dependency of the potential rate of the RuBP regeneration is modelled
using the complex Arrhenius-Function (eq. 7.4.45) with Jmax representing the maximum rate
of the electron transport through the photo system II.

pml Tl ,est   J max 25  e

Ea J max Tl ,est 298.16
298.16RTl ,est

298.16s  Ea J max

 1  e 298.16R

Tl ,est s  Ed J max

T R
 1  e l ,est







(eq. 7.4.45)

The light dependency of photosynthesis is well known. A well established (Falge et al., 1996)
empiric equation after Smith (1937) therefore is used (eq. 6.61), where α is the light use efficiency at saturated CO2, when no photorespiration takes place, featuring a physical unit of
mol CO2 per mol photons, and aPAR is the absorbed photosynthetic radiation.

pm 

  aPAR
1

 2  aPAR 2
Pml

2

(eq. 7.4.46)

The radiation input here has to be converted from W m-2 to a quantum flux density of µmol
photons of PAR m-2 s-1. This is accomplished by using a simple conversion factor of 4.56 µmol
per Joule PAR (Goudriaan and van Laar, 1994) (Yin and Van Laar, 2005)).
7.4.2.10

CO2 Diffusion

The last variable that is needed, before the assimilation rate that corresponds with the currently estimated leaf temperature can be computed, is the concentration of CO2 at the location where the carboxylation takes place, i.e. within the leaf. A fixed ratio between atmospheric and intercellular CO2 could be applicable (Rodriguez et al., 1999), because observations have shown that under a wide range of conditions the ratio stays constant at about 0.7
for C3 and about 0.4 for C4 plants (Goudriaan and Van Laar, 1978, Wong et al., 1979). Later is
has been found that the Ci/Ca ratio depends on the air-to-leaf water vapour deficit (Collatz et
al., 1992, Leuning, 1995, Zhang and Nobel, 1996). Analytical solutions are available for the
derivation of the Ci/Ca ratio (Baldocchi, 1994, Collatz et al., 1992), but they are averted here
in favour of a simplified assumption following (Yin and Van Laar, 2005) that derives the internal CO2 concentration as a linear function of the vapour pressure deficit and the gradient
of concentration between the leaf and the atmosphere.

 1  * 
  c0  c1  el  ea 
Ci  1  
 Ca 

(eq. 7.4.47)

Here el and ea represent the vapour pressure within the leaf and in the atmosphere respectively, while c0 and c1 are empirical input coefficients. The adjustment of the input coefficients was derived by (Yin and Van Laar, 2005) from observed data by (Morison and Gifford,
1983). The default value for c0 is 0.14 for both C3 and C4 species, while c1 is initialised with a
value of 0.116 for C3 and of 0.195 for C4 species. Ci derived from eq. 7.4.47 is used as a first
guess. The internal CO2 concentration is needed to determine, whether the dominating limitation is due to the Rubisco activity or to the electron transport, that is to say if either wc or
wj applies. The true CO2 concentration cannot be determined until the actual net photosynthesis has been computed. For the calculation of the stomatal conductance for H 2O (gs), a
widely recognized model developed by (Ball et al., 1987) is applied (eq. 7.4.48). There, gmin is
the minimum conductance, i.e. the conductance of the leaf cuticle when the stomata are
closed, gfac is the (Ball et al., 1987) coefficient of stomatal conductance that describes the
sensitivity of the stomatal reaction upon environmental factors, np is the net rate of carbon
fixation, rh is the relative humidity of the surrounding air and Cs is the concentration of CO2
at the leaf surface.

g s  g min 

gfac 1000  np  0.5  rd   rh
Cs

(eq. 7.4.48)

Assuming a molecular diffusion between leaf surface and atmosphere within the boundary
layer, the CO2 concentration at the leaf surface can be derived from Fick’s diffusion law

C s  Ca 

1.6  np 1000
ga

(eq. 7.4.49)

The denominator ga here is the conductivity of the boundary layer calculated after NOBEL
(1991, see section 3.3.3.4.3, eq. 7.4.29), the factor of 1000 compensates the different physical units between np and ga (mmol to µmol), while the factor 1.6 results from the difference
of the diffusion behaviour of H2O and CO2 (Farquhar and Sharkey, 1982).
7.4.2.11

Analytical Solution

The derivation of the photosynthesis parameters introduced above finally leads to a system
of equations that consists of four equations with four unknowns, as there are the net photosynthesis (np), the concentration of CO2 at the leaf surface (Cs), the stomatal conductance
(gs) and the internal concentration of CO2 (Ci). This system of equations could be solved by
iteration (Falge et al., 1996), but since this computation already has to be performed successively for every iteration step for the sunlit and the shaded leaves of two vegetation layers
and again for each time step (see section 3.3.3.4), an analytical solution following Baldocchi
(1994) was favoured here in order to save computing time. According to Baldocchi (1994),
the equation describing the net carbon fixation (eq. 7.4.36) can be reconverted to equation
7.4.50 by applying the auxiliary variables a (µmol m-2 leaf area s-1), b (µl l-1), d (µl l-1) and e (-),
which are initialized according to table 3.04.

Ci 

a  d  b  np  0.5  rd 
a  e  np  0.5  rd 

(eq. 7.4.50)

The auxiliary variables are holding values that are initialized according to table 7.4.3 (left) or
to table 7.4.3 (right) respectively, depending on the conditions that are currently limiting the
carbon fixation rate. If the photosynthesis is currently limited by RuBisCO or the CO 2/O2 concentration, wc will be lower than wj. If the rate of the electron transport for the regeneration
of RuBP is limiting the carbon fixation rate, wj will be smaller than wc.
Table 7.4.3: Initialisation of the auxiliary variables applied to the analytical solution of the
photosynthesis related equation system, depending on the nature of the limitation of the carbon fixation rate.
If wc < wj (CO2 is limiting)

If wj < wc (Electron transport is limiting)

a  Vcmax

a  4  pm

b  K c  1  O2 / K o 

b  8  *

d  *

d  *

e 1

e4

For the solution of this equation system, two different derivations of the internal CO 2 concentration are necessary. The first can be calculated by applying Fick’s diffusion law to the
diffusion from the leaf surface into the mesophyll as well, so that eq. 7.4.50 is converted to:

Ci  Cs 

1.6  np 1000
gs

(eq. 7.4.51)

If the equations for the determination of gs (eq. 7.4.48) and Cs (eq. 7.4.49) then are inserted
into equation 7.4.49, the second computation for Ci can be derived (eq. 7.4.52) with the assistance of another set of auxiliary variables (tab. 7.4.5, bottom).

  np 2    np    Ca
Ci 
  np  

(eq. 7.4.52)

This expression for the internal CO2 concentration (eq. 7.4.52) is equated with eq. 7.4.36,
which was introduced at the beginning of this section, and then transformed until a cubic
equation for np can be derived

np3  o1  np 2  o2  np  o3  o4  0

(eq. 7.4.53)

With the assistance of the auxiliary variables determined in table 7.6.4 (bottom), another set
of auxiliary variables (o1-4) can be initialized (tab. 7.4.4, top).
Table 7.4.4: Initialization of the auxiliary variables o1-4 applied to the solution of the cubic
equation system for the determination of the net photosynthesis rate and initialization of the
auxiliary variables kappa, beta, gamma and lambda for the calculation of the internal CO2
concentration.

o1  e  
o2  b    e    a  e  0.5  rd   
o3  a  d  b  0.5  rd     b    Ca  a  e  0.5  rd   
o4  a  d  b  0.5  rd     a  e  0.5  rd     Ca
With:

  16002  1  rh  gfac / 1.6  g min / g a 
  1600  Ca  g a  rh  gfac / 1.6  2  g min  g a   16002  0.5  rd  rh  gfac / 1.6

  Ca  g min  g a  1000  0.5  rd  g a  rh  gfac
  1600  g a  rh  gfac / 1.6  g min 

The cubic equation is transformed to the normal form of a cubic equation through a division
by o1 (eq. 7.4.54) and the help of the auxiliary variables r, s, and t (tab. 7.4.6).

np3  np 2  r  np  s  t  0

(eq. 7.4.54)

Table 7.4.5: Initialisation of the auxiliary variables p, q, r, s, t, y and dis applied to the solution of the cubic equation for np.

r  o2 / o1





s  o3 / o1

p  3 s  r2 / 3

t  o4 / o1

q  2  r 3 / 27  r  s / 3  t

dis   p / 3  q / 2
3

y  np  r / 3

2

Via substitution with the auxiliary variables y, p and q (table 7.6.5, right), a reduced equation
is generated that can be written as

y3  y  p  q  0

(eq. 7.4.55)

In dependence of the algebraic sign of the discriminant (dis, table 7.4.5, left) and the auxiliary variable p, either one real and two conjugated complex solutions, or three real solutions
will be available, which can be computed with the help of the auxiliary variables v1 and v2
(table 7.4.6).
Table 7.4.6: Initialisation of the auxiliary variables v1 and v2 applied to the solution of the
reduced equation for np.

v1  sgn q  

p
3

v2 

q
2  v13

Sgn q = algebraic sign of q
If p is larger than zero, only one real solution for the net photosynthesis rate exists



 log v2  v22  1
np  2  v1  sinh

3


  r

 3


(eq. 7.4.56)

sinh = Sinus hyperbolicus
If p is smaller than zero and the discriminant (dis) is larger than zero, there also is only one
real solution for np (eq. 7.4.57).



 log v 2  v 22  1
np  2  v1  cosh

3


  r

 3


(eq. 7.4.57)

cosh = Cosinus hyperbolicus
But, if p is smaller than zero, while the discriminant is zero or above, the equation system
results in three real solutions for the rate of the net photosynthesis (np1-3, eqs. 7.4.58a-c).

 acos v 2  r
np1  2  v1  cos 

3

 3

(eq. 7.4.58a)

 acos v2  2    r
np2  2  v1  cos 

3

 3

(eq. 7.4.58b)

 acos v2  4  
np3  2  v1  cos
3


(eq. 7.4.58c)

acos = Arcus Cosinus

 r

 3

The most complex solution therefore at least returns three different results. The subsequent
decision tree according to (Falge, 1997) will lead to the correct rate of net photosynthesis.
If κ is larger than zero:
 If all three solutions (np1-3) are positive, the smallest solution is the correct one.
 If only one of the solutions is negative, this will be the one to select.
 For all other cases, the greatest solution will be the right one.
If κ is smaller than zero:


The third real solution (np3) will always be the correct one.

For the case that κ exactly equals zero, the equation system for the net rate of carbon fixation is reduced from a cubic to a quadratic equation system (eq. 7.4.59).

np 2  o2  np  o3  o4  0

(eq. 7.4.59)

For this occurrence, the auxiliary variables o2-4 (tab. 7.4.7, top) are initialised slightly different from the ones that are used for the solution of the cubic equation (tab. 7.4.5, top).

Table 7.4.7: Initialization of the auxiliary variables o2-4 applied to the solution of the quadratic equation system for the determination of the net photosynthesis rate.

o2  b    e  
o3  a  d  b  0.5  rd     b    e    Ca  a  e  0.5  rd   
o4  a  d  b  0.5  rd     a  e  0.5  rd     Ca
With:

  1600  Ca  g min  16002  0.5  rd  rh  gfac / 1.6

  Ca  g min  g a  1000  0.5  rd  g a  rh  gfac
  1600  g a
The reduced quadratic equation for np (eq. 7.4.59) has two possible solutions (eqs. 7.4.60a
and b), from which the second (np2) is the correct one.

 o  o3  4  o2  o4
np1  3
2  o2

(eq. 7.4.60a)

 o  o3  4  o2  o4
np2  3
2  o2

(eq. 7.4.60b)

2

2

When np finally is determined, the other unknowns can subsequently be calculated. By inserting the result for np into equation 7.4.49, Cs is derived. From np and Cs, the stomatal
conductance gs can be derived through equation 7.4.48. In a last step, the internal concentration of CO2 (Ci) is computed by inserting np, Cs and gs into equation 7.4.51. At the end of
the calculation it becomes evident, whether the first guess for the internal CO 2 concentration drawn from equation 7.4.47 had been correct. If it turns out that the first guess was
wrong to such a degree that the dominating limitation is other than estimated, the calculation has to be repeated with the changed initialisation set for the auxiliary variables a, b d
and e according to table 7.4.4.
Fig.7.4.23 shows the daily course of the modelled net primary production and the stomatal
conductivity of a deciduous forest. The model result was extracted from the middle of the
Upper Danube catchment (459 m a.s.l.) for a randomly chosen warm spring day (7 th of May
2003). The pictured time of the year is the most active growth period for the deciduous forest, during which the trees are rapidly developing their full leaf area. The rates of the net
primary production therefore reach very high values of about 5.7 µmol m -2 s-1 at noontime.
The stomatal conductivity more or less traces the course of the NPP, although during the
afternoon hours, when the temperatures and the radiation input are high, the conductivity is

slightly reduced. During night time, the photosynthetic activity stops, since the processes
involved are only active in the presence of light (see section 1.5.1 and 1.5.2). In the absence
of radiation, the NPP becomes slightly negative due to respiration processes.
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Fig.7.4.23: Exemplary model results for the photosynthetic activity of a deciduous forest on the 7th of
May 2003, indicating the parallel development of the daily course of net primary production and the
directly related stomatal conductivity. The graphs show model results that were averaged for the sunlit
and the shaded parts of the two canopy layers.

The stomatal conductance displayed here, is the stomatal conductance that is determined
through the NPP, assuming an abundant water supply. It therefore can more adequately be
termed the “potential” stomatal conductivity, while the overall conductivity of the leaf also
depends on the resistance of the boundary layer (see section xx) and the soil water supply
(see the following section).
7.4.2.12

Stomatal Conductance

It was outlined in section 3.3.3.5.2 through equation 7.4.47 that the stomatal conductivity
depends on an ensemble of conditions. A low rate of the net primary production will lead to
a low stomatal conductivity. Also a low relative humidity at the leaf surface will cause a closing of the stomata (Ball et al., 1987). This is all due to the general paradox of transpiration:
Every plant cell requires a minimum amount of H2O for the maintenance of the cell turgor.
The plant therefore has to reduce the loss of humidity to the absolute minimum, while at the
same time the gas exchange with respect to CO2 has to be maintained at an optimal rate. So,
if the energy balance or the CO2 supply does not allow for an effective carboxylation, the
stomata will remain closed. High CO2 concentrations at the leaf surface will also result in a
reduced conductivity, simply because it is no longer necessary for the plant to open the stomata as long as the CO2 concentration already allows for an effective photosynthesis. The
competitive exchange of CO2 and H2O therefore is reduced under elevated CO2 conditions
(Wullschleger et al., 2002). The opening of the stomata is caused by an increased cell turgor
within the so called guard cells, a pair of which each stoma is equipped with (Fig.7.4.24).

Fig.7.4.24: The dependence of stomatal aperture on the cell water content is represented in the
model through a direct linkage with the soil water storage of the rooted soil layers.

As long as ideal conditions favour the carboxylation, a continuous stream of water vapour is
extracted from the leaf. If the cell water household meets its lower limit, the stomata will
not be able to open any more and the conductivity is reduced to the conductivity of the cuticle, i.e. the minimal stomatal conductivity (gmin). Another parameter of the numerator of
equation 7.4.47, which is directly scaling the stomatal conductivity, is the stomatal sensitivity
coefficient gfac (Ball et al., 1987). In PROMET, the cell water household is represented by a
direct linkage between the gfac and the extractable soil water storage of each soil layer that
is connected to the root system of the plant (Fig.7.4.24).
Before the assimilation rate can be calculated, the availability of soil moisture is assessed.
The root length densities (cm cm-3) for each soil layer are multiplied with the thickness of
their corresponding soil layer (cm), so that the absolute root length (cm) per soil layer is
available. In a second step, the percentage of the root length per soil layer is calculated in
relation to the absolute root length of the soil profile. For each of the four soil layers, the
inhibition (inhi) due to the soil water supply is assessed, according to the percentage of root
length within each layer (rli). The relation of the leaf water potential to the stomatal resistance can be described through a loading function following (Jarvis and Morison, 1981)
(eq. 7.4.61) that only is applied for potential differences that return a solution between zero
and 1. In equation 7.4.61, the symbol Ψi is the suction in the current soil layer, Ψ0 is the
threshold of suction that initiates the inhibition, while aΨ and bΨ are scaling parameters.

inhi  rli  i  rr   0  a  b 

(eq. 7.4.61)

Water transport from the soil into the xylem of the plant is encouraged as soon as the suction of the stream of transpiration exceeds the soil potential. According to (Biscoe et al.,
1976), the rate of transpiration is directly related to the difference of leaf and soil potential,
but the potential difference is not zero, when no transpiration takes place. This mainly is due
to the resistance of the roots, which is represented in equation 7.4.61 through the parameter rr. The resistance of the transition from soil to the root was assumed with 0.4 MPa, while

the critical threshold (Ψ0) was set to 1 MPa for all vegetation types. According to investigations from (Boyer, 1976), the parameter aΨ was adjusted to -2 for cereals, to -1.25 for maize,
to -1 for grassland and to -0.94 for forest vegetation types, while the offset bΨ was assumed
with a value of 1 for all crops. If the sum of suction power and root potential does not exceed the threshold, the inhibition is set to one, so that no inhibition is modelled for the concerned soil layer. The stomatal sensitivity coefficient gfac then is reduced according to the
weighted inhibition for all of the four soil layers (eq. 7.4.62).

 4

gfac  gfac    inhi 
 i 1


(eq. 7.4.62)

Of course, the inhibition due to the soil moisture storage can only scale the stomatal conductivity within the boundaries that are given by the other parameters from equation 7.4.47
and which are also steering the stomatal aperture. But in extreme cases, where none of the
rooted soil layers is able to yield water, it can cause a total closing of the stomata, reducing
the conductivity to the permeability of the cuticle.
Fig.7.4.25 shows exemplary model results for the inhibition of the stomatal conductance due
to the soil moisture induced gfac-reduction. During the pictured period, ranging from the
19th of September to the 5th of October 2003, the displayed root system of the deciduous
forest is fully developed. 41 % of the total root mass is located at a soil depth that is assigned
to the soil layer 4. This soil layer is completely dry, so that nearly half of the root system
cannot contribute to the water supply of the tree. A small part (21 %) of the root system is
located in the soil layers 1 and 2, while the remaining 38 % are found in soil layer 3. All three
upper rooted soil layers are depleted, gradually increasing the inhibition factor. Due to the
root distribution, the inhibition is mainly determined through the moisture of the third soil
layer. In the middle of the pictured period, a small rainfall event causes a jump of the soil
moisture in the two upper soil layers, but since the precipitation sum is quite small, already
the third soil layer does not profit from it. Since this is the layer, which in this case determines the inhibition, the inhibition factor stays more or less constant at a high level of 65 %.
Only when, at the beginning of October, several successive days with precipitation are refilling the soil water storage of the upper layers, the inhibition factor is reduced to zero and the
water uptake continues freely.

Fig.7.4.25: Model soil profile indicating the root distribution of a fully developed deciduous forest
and the soil moisture situation of four soil layers as well as the precipitation during a dry period
of the summer of 2003. For this example, the inhibition of the stomatal conductance due to the
soil moisture is determined through the hydrological dynamics in the soil layer 3.

7.4.2.13

Plant Growth

The newly fixed carbon that has been accumulated from the gross primary production of the
shaded and the sunlit leaves of both vegetation layers has to be transformed into biomass
and must be distributed to the different parts of the plant. Thus, the physical properties of
the canopy are defined that form the basis for the calculations in the next time step.
7.4.2.14

Phenology

The phenological behaviour of the modelled vegetation categories greatly influences the
seasonal variation of the water balance related variables. By determining the stages of major
growth activity on one hand and the phases of maturity, where biomass and transpiration
activity are subdued, on the other, the annual course of evapotranspiration is controlled.
The most determinant phenological consequence therefore is the duration of the active
growing period or the phases of winterly dormancy respectively.
7.4.2.15

Crop Phenology

In PROMET, the phenological phases of the agricultural crops are discerned into eleven stages that are following the model of the major BBCH growth stages (table 7.6.7, as defined by
BIOLOGISCHE BUNDESANSTALT FÜR LAND- UND FORSTWIRTSCHAFT 1997).

Table 7.4.7: Phenological stages in PROMET and their relation to the
international BBCH code.

Stage
9
10
0
1
2
3
4
5
6
7
8

Growth Phase
vegetative
vegetative
vegetative
vegetative
vegetative
vegetative
vegetative
generative
generative
generative
generative

BBCH

PREGERMINATION
GERMINATION
EMERGENCE
LEAF_DEVELOPMENT
SIDESHOOTS_DEVELOPMENT
STEM_ELONGATION
HARVESTABLE_VEGETATIVE_PARTS
INFLORESCENCE
FLOWERING
FRUIT_DEVELOPMENT
MATURITY

≈
≈
≈
≈
≈
≈
≈
≈
≈
≈
≈

00-03
05
09
10-19
20-29
30-39
40-49
50-59
60-69
70-77
83-99

The general possibility for the start of plant growth is given, when the model time reaches
the predefined sowing day of a crop. The phenological phase is set to “pregermination” and
a flag that signals dynamic growth activity is set, enabling the biologically related submodels.
The sowing depth is assumed with 3 cm, suiting the majority of the modelled crops (ITADA
2005, LÜBKE ENTRUP AND ÖHMICHEN 2000, GEISLER 1980, FISCHBECK ET AL. 1999). The uppermost soil
compartment is modelled with a thickness of 5 cm and therefore the conditions within that
layer are determining the germination. If the soil temperature in the first soil layer is above
the freezing point and at the same time the soil moisture exceeds the wilting point, the germination is initiated. From then on, the average daily thermal time (dTTavg, eq. 7.4.63) is observed in dependence of the air temperature at model day i and model hour j (Ta,i,j) and of
the cultivar specific base temperature (Tb).

 T
23

dTTavg 

j 0

a ,i , j

 Tb 

(eq. 7.4.63)

24

The leaves are starting to penetrate the surface, when a cultivar specific heat threshold, assumed for the emergence, is exceeded. The determination and the progress of the following
phenological phases are modelled in dependence of the air temperature. For all temperature related decisions, a set of cultivar specific cardinal temperatures Tb (base), To (optimum)
and Tc (ceiling) is used. In PROMET, there exist three combinations of absolute values for the
cardinal temperatures for each crop type. The application of the different temperature sets
is variable and depends on the current growth stage. The cardinal temperatures on one hand
are used for the restriction of sub- or supraoptimal temperatures, where no development is
possible, but also determine the calculation of the hourly temperature effect that is modelled using a response function (eq. 7.4.64) following .


 Tc  Ta ,i , j
hTeff Ta ,i , j   
 Tc  To


  Ta ,i , j  Tb
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Tc To






ci

(Eq. 7.4.64)

The hourly temperature effect (hTeff) is calculated with Ta,i,j representing the current hourly
air temperature and ci the temperature response curvature coefficient. Due to lack of more
precise data, a value of 1.0 is considered to be applicable for the curvature coefficient (YAN
AND HUNT 1999).
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Fig.7.4.26: Exemplary response curve of the hourly temperature effect for three different sets of cardinal temperatures that apply to winter wheat crops.

Equation 7.4.64 results in a bell-shaped curve that varies between 0 and 1 and reaches its
maximum when the current air temperature equals the optimum temperature of the currently modelled crop (Fig.7.6.26). If the hourly temperature effect is greater than zero, the
hourly thermal time (hTT) is defined as (eq. 7.4.65):
hTT  Ta ,i , j  Tb

(eq. 7.4.65)

As long as the modelled crop is within the vegetative phase and has not reached the stage of
inflorescence, the hourly rate of vernalisation (Vnh) is calculated for the winter crops, parallel
to the calculation of the hourly temperature effect, but with a different set of boundary
temperatures (VnTb, VnTo, VnTc) that apply to the vernalisation habits of the cultivar (eq.
7.4.66).


 VnTc  T
Vn h Ta ,i , j   
 VnTc  VnTo


  T  VnTb
  
  VnTo  VnTb





VnTo VnTb
VnTc VnTo






ci

(eq. 7.4.66)

At the end of every modelled day, the temperature effect, the hourly thermal time as well as
the vernalisation rate are averaged for the actual day. If the average vernalisation rate is
above zero, the day is considered as an effective vernalisation day (Vdeff). The effective vernalisation days again are used to compute the overall vernalisation effect, which increases
with the number of accumulated vernalisation days (eq. 7.4.67, fig. 7.4.32, left).

Vn eff 

Vd eff

5

5766503.90625  Vd eff

5

(eq. 7.4.67)

The length of the day, and with that the possible duration of energy input from the sun, influences the speed of development differently for specific crop types. For so called “short
day” plants, which are crops that are supposed to switch from vegetative to generative
growth under conditions with short day lengths like potato (solanum tuberosum), and for
day neutral plants like maize (zea mays), the light effect is assumed to be constant (HOPKINS
1995). For all other “long day” crop types it is modelled explicitly.
The astronomic length of the day (LOD) or the daily photoperiod respectively (eq. 6.84) is
determined after (Yin and Van Laar, 2005). First the declination of the sun (Ϩ) has to be calculated in dependence of the day of year (DOY, eq. 7.4.68).
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(eq. 7.4.68)

The daily photoperiod (Dlp) then is determined by the current latitude (φ) and the twilight
angle (α*, eq. 7.4.69), which was assumed with -2° according to (Yin and Van Laar, 2005).
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(eq. 7.4.69)

The light effect curve is calculated using a method that follows (Streck et al., 2003) with psen
representing the sensitivity of the cultivar to the LOD and Mop describing the minimal optimum day length (eq. 7.4.70). The sensitivity parameter was assumed with 0.3, representing
an average value for different species of winter cereals (Streck et al., 2003).

Leff 1  e



 psen  Dlp  M op



(eq. 7.4.70)

The light effect increases with longer photoperiods, but shows saturation at day lengths of
twelve hours and above (Fig.7.4.27, right).

Fig.7.4.27: Dependence of the vernalisation effect on the absolute number of effective vernalisation days (left). Exemplary light effect for winter wheat in dependence of the photoperiodic day
length (right).

Finally, the daily development rate (ωi) is determined, discerned into vegetative and generative phases of growth (eq. 7.4.71a and b) and limited by a cultivar specific maximum development rate (ωi,max):
Vegetative growth

Generative growth

i  i ,max  hTeff  Leff Vneff

i  i ,max  hTeff

(Eq. 7.4.71a/b)

For the progress of the phenological stages, the daily development rate is accumulated until
a cultivar specific threshold is surpassed and the transition to the next growth stage is initiated (Fig.7.4.28).
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Fig.7.4.28: Exemplary curve of the modelled phenologic development for the wheat test site
“Hofanger” during the summer months of the season 2004, indicating the accumulation of the
development rate and the thresholds that initiate the transition to the next phenological stage.

Fig.7.4.28 shows an exemplary course of the modelled accumulated development rate of a
wheat field in combination with the corresponding phase transitions. It becomes evident
that the transition of the growth stages accelerates during the summer months, only to slow
down again after the growth activity has switched from vegetative to generative growth, i.e.
after the development of an inflorescence.
7.4.2.16

Grassland and Natural Vegetation Phenology

The phenological stages of the natural vegetation categories as well as those of agricultural
grasslands are modelled analogously to the phenological development of the arable land.
Since grassland is considered to be a perennial land cover, there is no sowing date defined.
When the agricultural grassland is cut, the growth stage is reset to the stage of “leaf development” and the accumulation of the daily development rate starts anew. The phenological
development of natural grassland is reset during wintertime to prepare the initial conditions
for the next season.
7.4.2.17

Forest Phenology

In PROMET, a temperature based approach is used to simulate both, the spring activation
that signalizes the beginning of the growing season as well as the autumnal defoliation that
ends the vegetation period. A simplified version of the EXP55 model by Cannell and Smith
(1983) LN55, modified, verified and parameterized by Menzel (1997), was used for the re-

production of the start of “leaf emergence” for deciduous trees as well as for the incidence
of “mayshoot” in case of the coniferous trees. For the deciduous trees, the discard of the
leaves in autumn is modelled in dependence of frost occurrence according to Schneider
(1999).
7.4.2.18

Deciduous Trees

The model implicitly divides the winterly dormancy of trees into two phases. First, the endogenous dormancy that is determined by inner restrictions has to be neutralized by a winterly chill impulse. If the inner dormancy is resolved, the start of growth is secondarily inhibited by external conditions, resulting in an exogenously determined dormancy. The chill impulse, which is essential for the neutralization of the endogenous dormancy, is calculated by
accumulating the chill days (CD) that occur when the daily mean temperature (DMT) falls
below a plant specific temperature threshold (tbCD, eq. 7.4.72).

 d

CD  min  1; CDmin 
 d1


if DMT is below tbCD

(eq. 7.4.72)

The term d1 is marking the start day of the accumulation, while d is representing the currently modelled day. The possible accumulation of chill days starts on the first of November (d1)
and continues until the necessary amount of chill days (CDmin) is accumulated. Since fagus
sylvatica (beech) with an area percentage of 39.24 % is the most common deciduous tree in
the alpine foreland, it was assumed that the regional deciduous forest is largely represented
by that tree type. Therefore, the threshold value (tbCD) of 9 °C that applies to beech trees
(tab. 7.6.8) was chosen for the calculation of the chill days. The actual amount of temperature below the threshold is unessential, since each chill day is weighted equally. For beech
trees, a sum of 83 chill days is considered to be the critical threshold that ends the endogenous dormancy (tab. 7.6.8). From the day, when the inner dormancy is overcome, the daily
mean temperature is accumulated in form of thermal degree days (TDD, eq. 7.4.73).
n



TDD   Ta ,i  Tb



(eq. 7.4.73)

i 1

In equation 7.4.73, the term Ta,i holds the daily mean air temperature on day i while Tb represents the plant specific base temperature assumed with 6 °C for beech trees (tab. 7.4.10).
At the same time, the chill days are further accumulated until they either reach an assumed
maximum amount of chill days (CDmax) or the critical temperature sum (TTcrit) is surmounted
by the thermal degree days (eq. 7.4.74).

 d

CD  min  1; CDmax 
 d1


if DMT is below tbCD

(eq. 7.4.74)

If the thermal degree days sum up to a value that exceeds the calculated critical emergence
temperature, the growing season is activated. The TDDs that are necessary to overcome the
exogenous dormancy, decrease with an increasing number of accumulated chill days (eq.

7.4.75), so that the threshold will become lower, the longer it takes for the forest to reach
the critical temperature sum and the more chill days occur during that time (Fig.7.6.29, left).

TTcrit  a  b  ln CD 

(eq. 7.4.75)

The parameters a and b are plant specific and are assumed for fagus sylvatica with a =
1708.4645 and b = -312.0680 (tab. 7.4.10). If the temperature threshold definitely is not exceeded, the leaf emergence is enforced after a maximum amount of chill days has been accumulated (CDmax).
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Fig.7.4.29: Left: Critical temperature sum for the leaf emergence (TTcrit) of different deciduous
tree types. Right: Example of modelled leaf emergence for a deciduous forest in the East of the
Upper Danube Basin indicating the variables involved (model year 1998, 467 m a.s.l.).

The defoliation at the end of the growing season is modelled using an approach that depends on the occurrence of consecutive frost events (Schneider, 1999). From the 1st of September on, the minimum day temperatures are logged. If the minimum day temperature
falls below zero on consecutive days and accumulates to a frost sum of -3.0 °C, the defoliation is initialized, resulting in a rapid decrease of the leaf biomass. If the accumulation of the
frost sum is interrupted by a warmer day with no frost occurring, the frost sum is reset to
zero. The latest possible day for the defoliation is the day of year 334, i.e. the 30 th of November (Menzel, 1997).
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The reduction of the critical temperature threshold depends on the tree type, but the parameterization for beech trees seems to represent an average course of the function compared to other regional trees (Fig.7.4.29, left). An exemplary model run for a deciduous forest is shown in Fig.7.4.29 (right). The accumulation of the chill days starts at the beginning of
November. At the 22nd of January, the minimum sum of chill days is already surpassed and
the endogenous dormancy is replaced by the exogenous dormancy. While the critical emergence temperature decreases with the further accumulating chill days, the temperature
starts to sum up from the 3rd of March onwards, when the average air temperature surpasses the base temperature of 6 °C for the first time in the year. The graphs finally meet at the
30th of April, causing the leaf emergence to be initiated.
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Fig.7.4.30: Example of modelled defoliation for a deciduous forest in the East of the Upper Danube Basin (model year 1987, 467 m a.s.l.) showing hourly values of air temperature and the resulting frost sum as well as the critical boundaries of 0 °C for the air temperature (dashed) and 3.0 °C for the frost sum (solid).

Fig.7.4.30 pictures an exemplary course for the accumulation of frost temperatures. Short
frost events at the beginning and middle of October do not lead to a defoliation of the trees,
as long as they do not penetrate the critical frost sum of -3.0 °C. Two days with consecutive
frost events, falling well below the freezing point, finally induce the discard of the leaves of
the exemplary forest on the 7th of November.
Table 7.4.8: Parameters used for the description of the phenological behaviour of deciduous and coniferous trees (Menzel, 1997).

Deciduous
(fagus sylvatica)

Coniferous
(picea abies)

305
009
006
1708.4645
-0312.0680
083
204

305
009
005
1615.5578
-0247.0063
076
244

d1 ( DOY )
tbCD ( °C )
tb ( °C )
a(-)
b(-)
CDmin ( d )
CDmax ( d )

7.4.2.19

Coniferous Trees

Coniferous trees in the model are parameterized according to the requirements of picea
abies (spruce), because with an area percentage of 65.06 % they represent the predominant
coniferous tree type in the Upper Danube Basin.
Spruce trees are an all season vegetation type that does not discard its needles during wintertime. But the start of the growth activity in spring is characterized by a sudden increase of
the leaf/needle area, if the external conditions are favourable. The incidence of this phenological shift is modelled analogously to the leaf emergence of deciduous trees, but with a
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Fig.7.4.31: Left: Critical temperature sum for the mayshoot (TTcrit) of different coniferous tree
types. Right: Example of modelled mayshoot for a coniferous forest in the middle of the Upper
Danube Basin indicating the variables involved (model year 1998, 554 m a.s.l.).

Figure 7.4.31 (right) indicates that the accumulated chill days for an exemplary coniferous
site already surpass the threshold for the neutralization of the internal dormancy on the 20 th
of January of the model year 1998. Still the temperatures are low so that the accumulation
of thermal degree days does not commence until the 13th of February. A late snow event
during March even stops the TDDs from further development, while the chill days keep accumulating and contribute to the descent of the critical temperature threshold. Rising air
temperatures, from the middle of April onwards, finally lead to a rapid development of the
TDDs and to an initiation of mayshoot on the 8th of May 1998.
7.4.2.20

Carbon Allocation

The photosynthesis component simulates the amount of fixed carbon for a time step in form
of the net primary production (NPP) for one square metre of leaf area. The absolute net primary production of a plant though is determined through the amount of carbon that is oxygenated due to respiration processes. The respiration again is determined by the overall biomass that has to be maintained. Therefore, the rate of carbon fixation is exported from the
photosynthesis routine in form of the gross primary production (GPP). Since the GPP is already calculated in a spatial unit (per square metre leaf area), it can easily be extrapolated to
the whole canopy and again to the whole landscape via the LAI. The extrapolation is done for
the two modelled vegetation layers and their sunlit and shaded parts separately. Before the
total amount of fixed carbon of the current time step is exported from the leaf gas exchange
submodel, the four different rates of productivity are summed.
The actual amount of newly available biomass though is determined by the net primary production (NPP), which again is the result of the GPP minus the amount of carbon that is continuously spent for the production of adenosine triphosphate (ATP) on one hand and for the
maintenance of the cell structure the cell turgor or the turnover of organic structures on the
other (HOPKINS 1999). An approach after JONES (1991, cited in ADIKU ET AL. 2006) is used for the
estimation of the maintenance respiration (Rm, Fig.7.4.32) in dependence of the air tempera-
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parameter set that meets the behaviour of the spruce tree type (table 7.4.8, right,
Fig.7.4.31, left).

ture (Ta), with km representing the maintenance respiration rate at 25 °C (assumed with 6 x
10-4) and bm standing for the maintenance respiration coefficient (assumed with 693 x 10 -4,
eq. 7.4.76).

Rm  k m  ebm Ta 25

(eq. 7.4.76)

Fig.7.4.32: Maintenance respiration in dependence of the air temperature.

In addition to the maintenance respiration, the efficiency of conversion (E) has to be accounted for. It is a fixed proportion of 25 % of the GPP (Pg) that is dedicated to the canopy
gross respiration as proposed by MCCREE (1970). The residual is considered as the net primary production (Pn, eq. 7.4.77), after it has been converted from carbon to glucose (CH2O) in a
last step, so that the NPP finally reads:

Pn  E  2.5  Pg  Rm  Btot 

(eq. 7.4.77)

In equation 7.4.77, the factor of 2.5 accounts for the conversion of carbon (molar mass = 12
g mol-1) to glucose (molar mass = 30 g mol-1), while Btot is the total biomass that has already
been accumulated and now requires energy for the maintenance respiration. Of course, the
dry biomass as observed in the field does not only consist of pure carbon or glucose respectively, but rather is a composition of proteins, cellulose, lipids, organic acids and minerals
(Penning de Vries et al., 1989).
Thus, the net primary production has to be reduced, according to the percentages that can
be allocated to the different plant parts. The demand of glucose for the production of dry
biomass varies for the different organs of the plant and also for different kinds of plants. For
PROMET, a parameterization that is supposed to apply to most of the modelled landuse
types is used (tab. 7.4.9).
Table 7.4.9: Divisors for the reduction of
pure glucose to dry biomass (SCHNEIDER
1999).

Plant part

g Glucose per g Biomass

Leaf

1.60

Stem

1.54

Root

1.47

Grain

1.50

The modelled amount of phytomass now has to be allocated to the different parts of the
plant. This process is highly dependent on the growth stage and greatly influences the appearance of the plant and also its further development. A parameter set for each landuse
type provides information on the allocation percentage of the different plant parts in dependence of the phenological phase. Fig.7.4.33 gives an example of the parameterization for
winter wheat. The parameter sets for the other landuse categories are listed in the appendix.

Fig.7.4.33: Allocation of the distribution of the net primary production to the different plant parts
in dependence of the phenological phase. Exemplary parameters for winter wheat.

350

365

14

29

44

59

74

89

104

119

Maturity
t
s
e
r

v

Grain

a

Leaf
Stem

H

Inflorescence

End of Vegetative

Stem Elongation

Sideshoots Development

Dry Biomass [kg m-2]

335

Flowering

Leaf Emergence

Fruit Dev.

2.0
Germination
1.8
1.6
1.4
1.2
1.0
0.8
0.6
0.4
0.2 DOY
0.0
275 290 305 320

Leaf Development

During the first phenological phases, the growth of the wheat root system requires all of the
assimilated glucose. When the stand reaches the stage of emergence, the leaf development
gains most of the productivity and the development of the stem commences. With phase 3
(stem elongation, see table 7.4.9) the stem starts to shoot and soon requires most of the
assimilated carbon (Fig.7.4.34). With the flowering (stage 6), a fruit is slowly developing until, during stage 9 (fruit development), 60 % of the total assimilate are concentrated within
the grains. The growth stage dependent distribution of biomass to the different plant parts
mostly follows the allocation percentages applied in the vegetation models CERES or DSSAT
for the agricultural landuse categories, while for the forested areas, the allocation is steered
according to Mohren (1987) for coniferous and following the model of Kramer (1995) for
deciduous trees.
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Fig.7.4.34: Modelled accumulation of biomass and distribution to the different plant parts in dependence of the phenological stage. Exemplary course of development for a winter wheat site
during the growth season 2003/2004.

239

When the crop has reached the phenological stage of fruit development (stage 7), the leaf
and stem biomass starts to decrease by a crop specific percentage per model hour (eq.
7.4.78).

Bleaf  Bleaf  1  Bdec 

(eq. 7.4.78)

This accounts for the loss of leaves that are gradually turning brown during the ripening process. Analogously, the stem and the root biomass are reduced when the crop has exceeded
the growth stage of maturity, accounting for the simulation of senescence.
7.4.2.21

Aboveground Parameters

The parameter, which is most intensively determining the assimilation capacity of the modelled plants, is the leaf area. It represents the absolute area that intercepts the sunlight and
provides energy for all chemical processes in the plant cells. In PROMET, the leaf area is
modelled in form of the green leaf area index (LAI), which is defined as half the developed
area of green vegetation elements (leaf chlorophyll content higher than 15 μg cm-2) per unit
of horizontal soil (Privette et al., 2001). The LAI in the model develops in dependence of the
absolute phytomass that has been assigned to the leaves of the plant. It is assumed that a
stable relationship exists between the dry leaf mass and the leaf area that accounts for the
physical structure of the leaf (i.e. thickness, stability etc.). For the crops wheat and maize,
this relationship could be derived from field measurements. Fig.7.4.35 (left) shows the reasonably stable relation (r² = 0.57) of measured LAI values and dry leaf biomass, which is the
result of destructive field measurements for the wheat test site “Hofanger” in 2004.
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Fig.7.4.35: Derivation of the leaf mass per leaf area for winter wheat, based on field measurements of the vegetation period 2004. Correlation of measured LAI with measured dry leaf mass
(left) and course of the leaf mass area with increasing LAI values (right).

Fig.7.4.35 (right) indicates, that the relative leaf mass area is not independent of the absolute LAI value. The larger the overall leaf area gets, the lower the leaf mass that has to be
dedicated to the generation of the leaf area becomes. However, the relation of LMA to LAI
seems to stabilize for LAI values that are larger than three. Due to lack of data for the other
landuse categories, besides wheat and maize, the LMA for each crop (LMAc) was assumed to
be stable for the whole growing period. The actual green leaf area therefore is modelled as
(eq. 7.4.79):

LAI 

Bleaf

(eq. 7.4.79)

LMAc

Leaf Area Index

The mapping of LAI values with a stable LMA though seemed not to be appropriate for perennial landuse categories that are not harvested or cut in the course of the year and do not
discard their leaves respectively. Those are landuse categories like the natural grasslands
(natural, alpine) as well as coniferous forest. The leaf area for those categories is determined
using the initialisation function in dependence of the DOY and the phenological stage with
respect to the current average annual air temperature of the modelled proxel (eqs. 7.4.13 –
7.4.16). In the case of coniferous forest, the day when the leaf area starts to increase
(dincstart), is determined through the incidence of mayshoot that tends to happen later in the
year for colder regions of higher elevation (Fig.7.4.36).
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Fig.7.4.36: Courses of modelled leaf area values for coniferous forest depending on the annual
mean air temperature as well as on the incidence of mayshoot.

For the description of the aboveground appearance of the plants and for the calculation of
the interaction of plant and atmosphere, the absolute height of the canopy (Hc) is an important variable, which is determined as a linear function of the leaf area (eq. 7.4.80). In contrast to the relation of leaf area to leaf mass, the relation of leaf area to plant height is variable during the vegetation period. This is due to the fact that the leaf area decreases more
rapidly than the plant height during senescence.

H c  LAI  LH rel

(eq. 7.4.80)

The relation LHrel decreases by a constant amount per hour during the senescent growth
stages, thus avoiding an unnaturally rapid decrease of the canopy height with decreasing
green leaf areas. For deciduous forests, the canopy height is determined by applying the
relation to the stem biomass instead of the LAI, due to the fact that the green LAI turns zero
during wintertime, while the height of the forest has to be maintained until the leaf growth
starts again in spring.
7.4.2.22

Root Growth

The development of the root system determines the access of the plant to the soil water
storage and it therefore represents the basis for all transpiration and gas exchange processes. Regarding the root development, two different directions have to be discerned. On one
hand the root growth towards deeper soil depths progresses during the growing season,

while at the same time a ramification and densification of the root system at soil depths that
already have been conquered by the roots takes place. The root growth in PROMET is implemented mostly following the model of CERES.
A large fraction of 40 % of the biomass that has been allocated to the roots is used for the
formation of the root reticulum and of mucilage for the protection of the root meristem
(Ritchie, 1998). Only 60 % of the newly allocated biomass is used for the root length increase
(Rlinc). In addition, a relation of root mass to root length (Rml) divides the newly developed
root biomass into fractions that are used for the increase of the root length on one hand and
the increase of root thickness on the other (eq. 7.4.81).

Rlinc  incBroot  0.6  Rml

(Eq. 7.4.81)

The parameterisation of the fraction Rml is based on measured data by (Gregory et al., 1978)
and was assumed with 1.05 x 104 cm root length per gram of root biomass. The root growth
towards deeper soil depths progresses in dependence of the hourly thermal time (hTT), with
an assumed lengthening of 0.1 cm per thermal degree hour, so that under ideal conditions, i.
e. during a warm and moist summer day, maximum root growth rates of up to 3 cm per day
are theoretically possible until the crop specific maximum root depth (RDmax) is reached or
the depth of the deepest soil layer of the current soil profile (SDmax) is penetrated (eq.
7.4.82). The root development though is inhibited by the water supply of the deepest rooted
soil layer (RLmax). The soil moisture conditions for each soil layer are represented by a soil
moisture deficit factor (SMdef, eq. 7.4.82) following (Schneider, 1999).

SM def  4 





l

  pf 4.2,RLmax

fc , RLmax



  pf 4.2,RLmax



(eq. 7.4.82)

This factor is only computed, if less than 25 % of the total extractable soil water is available
at the soil depth where the roots are growing. It then depends on the actual soil moisture
(θl), the wilting point (θpf4.2,l) and the total extractable soil water in the respective soil layer
(Fig.7.4.37). The amount of water that can possibly be extracted by the canopy is defined as
the field capacity (θfc,l) minus the wilting point of the soil type that dominates the currently
computed soil layer.
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Fig.7.4.37: Soil profile with four layers and root system, explaining the rooted fraction of a soil

layer (left) and dependence of the soil moisture deficit factor on the amount of total extractable
soil water (right).

An additional inhibition of the root growth towards unexplored soil layers is the physical
resistance of the soil structure that is represented by the factor Rp. This resistance factor
signalizes the preference of the root growth, when a soil layer of certain structural characteristics is passed. It is defined in dependence of the soil grain size and the compactness of
the soil material based on analyses of the effective rooting depth for agricultural sites conducted by the AG BODEN (2005).
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Fig.7.4.38: Root preference factor according to soil grain size and soil compactness (left: colour
chart, right: diagram).

It appears that the rootability of the soil increases with decreasing sand content, due to the
better water supply that is associated with smaller soil particles, but decreases again if the
compactness of the soil is getting too high, accounting for the reduced aeration of the soil
(AG BODEN 2005, Fig.7.6.38). Taking all inhibitions into account, the root depth on a theoretic
model day i (RDi) is computed as (eq. 7.4.83):

RDi  MIN  RDmax ; SDmax ; RDi1  hTT  0.1  R p  SM def 



(eq. 7.4.83)

Parallel to the root depth, the density of the root system in the different soil layers has to be
determined. For each soil layer, a root length density factor (RLDfac) is calculated with Zl representing the thickness of the rooted soil layer and Ndef standing for the nitrogen deficit factor (Schneider, 1999):

RLD

fac,l

 MIN SM ; N   R  Z

def
def 
 p l

(eq. 7.4.84)

The nitrogen deficit is modelled for each soil layer as a function of the total mineral nitrogen
content of the soil layer with the unit kg N ha-1 after (Jones et al., 1986) and GODWIN (1987)
respectively



N def  1.0  1.17  e 0.15Ntot



(eq. 7.4.85)

Thus, PROMET already provides an interface for a nitrogen model input. But since the nitrogen cycle is not modelled explicitly yet, the nitrogen deficit factor (Ndef) was assumed with
1.0 for all soil layers. As a consequence, the soil moisture deficit factor is the only inhibiting
parameter for the root length density. The root length density factor is reduced for the lowest rooted soil layer according to the explored fraction of that layer (Fig.7.6.37, left) and is
accumulated for the whole soil profile (RLDfac,tot).
The increase of root length (RLinc), which has been determined due to the newly developed
root biomass (eq. 7.4.83), then is distributed to the soil layers according to the root length
density factor, so that the root length density at a model time step (i) for each soil layer (l)
can be described as (eq. 7.4.86):





 RLD fac,l  RLinc  / RLD fac,tot 
RLDl ,i  RLDl ,i 1  
  Rsen  RLDl ,i 1 
Z
l



(Eq. 7.4.86)

For each time step, a small proportion of the root length (Rsen) is supposed to die back and
therefore is subtracted from the root density that already has been accumulated.
Fig.7.4.39 shows an exemplary course of modelled root development for a winter crop. After
the seedling has germinated during a warm autumn, the first hairs of the roots already penetrate the third soil layer (Fig.7.4.39, left). Nonetheless, with exception of the first soil layer,
which only has a thickness of 5 cm and contains the majority of the root hairs produced during the germination, the root system is very thready, showing root length densities of less
than 0.1 cm cm-3 (Fig.7.4.39, right). With the beginning of November (DOY 305), the root
growth stagnates during the winter season. In spring, the root growth not only accelerates
its course towards the full depth of the soil profile, but also strengthens the root system by
allocating root biomass into the densification of the relative root lengths. In the middle of
May (DOY 130), the deepest soil layer is accessed completely and its full water reservoir is
made accessible for the stream of transpiration.
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Fig.7.4.39: Exemplary course of modelled root development of a winter wheat site in the middle
of the Upper Danube Basin (352 m a.s.l.) from the 15th of October 1998 to the 18th of August
1999. Rooting depth of the winter crop penetrating the four layers of the soil profile (left) and
corresponding development of the root length densities for each soil layer (right).
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7.5

The Nitrogen Dynamics Component

PROMET features a fully integrated submodule for the process-based simulation of nitrogen
processes in canopy and soil (Fig.7.5.1). While the atmosphere, the groundwater and the
aboveground canopy fractions, whose fresh biomass is removed from the field during harvest, are considered as nitrogen sinks, atmospheric deposition and anthropogenic fertilizations are considered as nitrogen sources. Different types of nitrogen are accumulated within
five nitrogen storages in the form of ammonium, nitrate, urea, humus and fresh organic
matter, each storage is again differentiated into the four soil compartments considered by
the PROMET soil model. In dependence of environmental variables, mostly soil temperature
and soil moisture, the amount of nitrogen is gradually distributed among the five storages
through the processes of hydrolysis, volatilization, mineralization, immobilization, nitrification and denitrification and eventually becomes accessible for the plants in the form of ammonium or nitrogen. PROMET features a demand-driven nitrogen uptake routine, where the
nitrogen demand of aboveground and belowground canopy fractions is considered separately. After the nitrogen has been taken up by the plant it is redistributed within the canopy in
dependence of the phenological progress of the canopy to e.g. support the buildup of chlorophyll in the leaves or to contribute to the accumulation of crude protein in the grains of
cereals. After harvest, it is assumed that some parts of the canopy remain on the field, e.g.
the roots, which then contribute nitrogen to the fresh organic matter storage. The amount
of nitrogen, which is in mobile form (nitrate) and which is not taken up by the canopy, is
gradually transported into deeper soil layers with the percolate water and finally leaches
into the groundwater, if it is not used in one of the transformation processes.

Fig.7.5.1: Overview of the PROMET nitrogen routines, showing the considered nutrient sources
and sinks as well as the considered translocation and transformation processes.

The nitrogen submodule therefore is closely linked to the soil moisture, precipitation disaggregation,
groundwater, soil heat transfer, phenology, canopy and photosynthesis models (Fig.7.5.2).

Fig.7.5.2: The nitrogen module (violet) embedded in the chain of PROMET process modules.

7.5.1 Nitrogen sources considered
Natural sources
It is assumed that a total of approx. 24 kg/ha of N is added to the soil nitrogen storage from
atmospheric sources per year. This assumption is based on measurements from the Bavarian
regional office for agriculture, which are valid for Southern Germany. The atmospheric inputs are added to the NO3 and NH4 storage of the uppermost soil layer.
Wet Deposition: Approximately one third of this atmospheric contribution is assumed to be
wet nitrogen deposition dissolved in the precipitation water. Thereby it is assumed that
63.4 % of the wet deposition are NH4 while 36.6% are NO3. The rate of NO3 deposition is
calculated in dependence of the current rainfall, assuming an average NO3 concentration of
0.36 mg of NO3 per liter of precipitation water.
Dry Deposition: The other two thirds of the atmospheric deposition are linearly added as dry
deposition, assuming an equal balance of NO3 and NH4. It is further assumed that forests
due to their increased surface roughness receive 1.5 times the rate of dry deposition compared to the other land surface categories.

Managed Sources
For all agricultural land surface categories, the major source of nitrogen are fertilizations,
which are steered via the agricultural management routine of PROMET.
Mineralized nitrogen: After harvest, a certain amount of mineralized nitrogen remains in the
soil. This Nmin content serves as a base value, which is regularly determined through soil
samples and in agricultural management is used to estimate the demand for fertilizations in
the following growing season. The amount of Nmin that was measured at a certain date (in
practice the sampling is usually done in autumn) can be entered as initialization value, which
can be uniformly distributed or can be specified in a spatially explicit way. Thereby it is assumed that 65% of the Nmin are NO3 and 35% are NH4. The Nmin content is assumed to be
distributed along the soil profile as shown in table 7.5.1.
Table 7.5.1: Initial distribution of Nmin along the soil profile.

Soil Layer

Nmin Initialization

1 (0 – 5 cm)

5%

2 (5 - 20 cm

20%

3 (20 – 60 cm)

40%

4 (60 – 200 cm)

35%

After harvest in the model, the remaining litter, together with the nitrogen stored within the
biomass, is added to the nitrogen pool assuming a ratio of 9:1 for FOM:HUM. This nitrogen
then becomes part of the transfer chain and eventually is mineralized and thus contributes
to the Nmin value of the following season.
Fertilization: The efficiency of nitrogen fertilization depends on four factors, which in agricultural practice are called the 4R, i.e. the right placing, right time, the right amount and the
right type of fertilizer. Based on detailed information provided by the respective site managers, fertilizations in PROMET are entered in form of a fertilization plan. This plan consists of
an index indicating on which field of a farm the fertilization should be applied, the date of
application, the type of fertilizer used and the amount of applied nitrogen. This amount can
be entered uniformly or spatially distributed to simulate site specific fertilization measures.
All fertilization measures are assumed to occur at 10 o’clock in the morning of the specified
day. PROMET currently discerns 5 types of managed fertilizers:
I.

II.

For liquid mineral fertilizers an ammoniumnitrate-urea-solution consisting of 25% nitrate, 25% ammonium and 50% urea is assumed. The same percentages are also assumed for granulate mineral fertzilizers. The nitrogen contributed by mineral fertilizers is directly added to the NO3 and NH4 storage of the uppermost soil layer and
thus becomes directly available for uptake by the crop.
For urea fertilizers, a general N content of 46% is assumed. 100% of the nitrogen
stored in this fertilizer contribute to the urea N-storage. In order to become accessible for the crop, this nitrogen most first be mineralized and transferred to the NH4

III.

IV.

V.

and eventually to the NO3 pool, so that, compared to mineral fertilizers, urea fertilizers rather exert a long-term effect on the crop.
For granulate ammonium sulfate or sulphuric ammonia a general nitrogen content of
21% and a Sulphur content of 24 % is assumed. These fertilizer types are added to
the NH4 storage.
For organic fertilizers such as manure, the incorporated nitrogen is assumed to consist of 50% ammonium. The other 50% are assumed to consist of organic material,
which in case of an organic fertilization measure is added to the fresh organic matter
pool, assuming a C/N ratio of 18 and a fraction of organic carbon of 58%.
Organic waste such as compost can also be used as fertilizer. In this case, instead of
the amount of distributed N, the absolute weight of the spread material is entered,
which is then added to the stable organic matter pool assuming a dry matter content
of 60% and a nitrogen content of 1.18%.

7.5.2 Considered processes
The transformation of stable organic nitrogen into mobile mineral nitrogen that can be accessed by the roots of the plants as well as the distribution of the available nitrogen in the
five different pools along the soil profile is modelled through a chain of transformation and
translocation processes.
7.5.2.1 Transformation processes
a) Hydrolysis
The process of hydrolysis according to Ritchie & Godwin (1993) enables the transfer
of nitrogen from the urea pool into the ammonium pool. The potential daily rate of
hydrolysis in PROMET is calculated according to Godwin (1987) in dependence of the
content of organic carbon in vol. % (OCi) and the pH value (pHi) in the soil of the respective layer
𝐻𝐿𝑝𝑜𝑡,𝑖 = −1.12 + 1.31 × 𝑂𝐶𝑖 + 0.203 × pH𝑖 − 0.155 × 𝑂𝐶𝑖 × pH𝑖

(eq. 7.5.1)

The daily minimum rate of hydrolysis is assumed as 0.25. The actual rate of hydrolysis
is either limited by the soil moisture or by the soil temperature conditions. For the
assessment of the soil moisture conditions, a hydrolysis wetness factor (HWF) is calculated. Thereby it is discerned between wet conditions, where the soil moisture θi is
between the field capacity θFC,i and full saturation θsat,i (eq. 7.5.2) and dry conditions, where the soil moisture is between field capacity and the wilting point θWP,i
(eq. 7.5.3):
𝐻𝑊𝐹𝑤𝑒𝑡,𝑖 = 0.2 + 𝜃

𝜃𝑖 −𝜃𝐹𝐶,𝑖
𝑠𝑎𝑡,𝑖 −𝜃𝐹𝐶,𝑖

𝐻𝑊𝐹𝑑𝑟𝑦,𝑖 = 1,2 − 0.5 ×

𝜃𝑖 −𝜃𝑊𝑃,𝑖
𝜃𝑠𝑎𝑡,𝑖 −𝜃𝑊𝑃,𝑖

(eq. 7.5.2)
(eq. 7.5.3)

In parallel, a hydrolysis temperature factor (HTF) is calculated in dependence of the
soil temperature of the respective layer Tsoil,i

𝐻𝑇𝐹𝑖 =

𝑇𝑠𝑜𝑖𝑙,𝑖
40

+ 0.2

(eq. 7.5.4)

The actual rate of hydrolysis then is calculated as the product of the potential rate,
the limiting factor and the amount of available urea in the respective layer
𝐻𝐿𝑖 = 𝐻𝐿𝑝𝑜𝑡,𝑖 × min (𝐻𝑊𝐹𝑤𝑒𝑡/𝑑𝑟𝑦,𝑖 ; 𝐻𝑇𝐹𝑖 ) × 𝑈𝑟𝑒𝑎𝑖
b) Nitrification
xxx
c) Immobilization
xxx
d) Denitrification
xxx
7.5.2.2 Translocation Processes
a) Percolation
b) Leaching
7.5.2.3 N-Uptake
a) Demand driven Uptake
b) Redistribution of Ntrogen within the canopy
c) Chlorophyll Accumulation

(eq. 7.5.5)

7.6 The Snow Model
This chapter was adapted from (Strasser, 2008), who is the original author of ESCIMO.
The core of snow simulation in PROMET is a physically based description of the energy and
mass balance of the snow surface. The respective algorithm, called ESCIMO (Energy balance
Snow Cover Integrated MOdel) (Strasser and Marke, 2010), has been developed as a modular point model for the simulation of the energy balance, the water equivalent and the melt
rate of a snow cover. ESCIMO has already been implemented and applied for numerous geographical locations and climatic conditions at scales ranging from a particular site up to regional catchments (100.000 km²). Beyond PROMET, ESCIMO has been integrated in
(a) the integrative decision support system DANUBIA (www.GLOWA-Danube.de) developed
to simulate the effects of global change on the water balance of the upper Danube river
basin (Prasch et al., 2011, Mauser et al., 2007)
(b) the hydrological model PREVAH (Viviroli et al., 2009), e.g. to compute snowmelt rates in
a comparative, distributed application for the Dischma catchment (Switzerland) (Zappa
et al., 2003).
For the purpose of validation, ESCIMO has been compared with the sophisticated, multilayer snowmodel CROCUS (Brun et al., 1992, Strasser et al., 2002), and tested within the
framework of the international SNOWMIP (http://www.cnrm.meteo.fr/snowmip) programme (Etchevers et al., 2004), including comparison with observations at sites with very
different climate.
7.6.1

Energy balance of the snow surface

The energy balance of the snow surface is modelled with selectable time intervals (preferably hourly) considering shortwave and longwave radiation, sensible and latent heat fluxes,
energy conducted by solid or liquid precipitation, sublimation/resublimation, and a constant
soil heat flux. First, a distinction is made between melting conditions (air temperature ≥
273.16 K) and no melt conditions (air temperature < 273.16 K). In the first case, a snow surface temperature of 273.16 K is assumed and melt occurs if the energy balance is positive.
The melt amount is determined by the simulated available excess energy. If the air temperature < 273.16 K, an iterative procedure to compute the snow surface temperature needed
for closing the energy balance is applied. In this procedure, the snow surface temperature is
altered until the residual energy balance passes the value 0.
Generally, the energy balance for a snowpack can be expressed as:
Q+H+E+A+B+M=0

(eq. 7.6.1)

where Q is the shortwave and longwave radiation balance, H the sensible heat flux, E the
latent heat flux, A the advective energy supplied by solid or liquid precipitation, B the soil
heat flux and M the energy potentially available for melt in the considered time step. All energy flux densities are expressed in W · m–2. In the following, the computation of the individ-

ual energy balance components as algorithmically implemented in the snow model is described.
To determine Q, incoming shortwave and longwave radiation fluxes are computed by means
of the radiation model as described in section X.X. Subsequently, the reflected shortwave
radiation as well as the longwave emission from the snow surface is calculated. The amount
of shortwave radiation that is reflected by the snow surface is determined by the albedo
which depends on many factors (mainly grain size, density and impurity content) and varies
with incidence angle and for different spectral bands. In ESCIMO, snow albedo a is modelled
using the ageing curve approach (modified for operational use after (Rohrer, 1991, USACE,
1956) which integrates the change of the physical properties of the surface grain during its
ageing:

(eq. 7.6.2)
where amin is the minimum albedo of (old) snow, at–1 is the albedo in the previous time
step, k is a recession factor depending on air temperature (which determines snow surface
temperature).
The factor 1/24 is required to scale the result to the hourly progression of the computations.
Each time a considerable snowfall occurs (at least 0.5 mm · h–1), the snow albedo is reset to
its maximum value amin + aadd. It should be noted that the theoretical maximum albedo of 1.0
for fresh snow is never realized in nature. Observations at Kühroint (1420 m a.s.l.) revealed
maximum albedos of 0.75, while higher values of up to 0.95 are reported by (Strasser et al.,
2004) for Haut Glacier d’Arolla (Switzerland). The longwave emission from the snow cover
Ql↑ is calculated with snow emissivity ε (usually set to values between 0.98 and 1) and the
Stefan Boltzmann constant σ:
(eq. 7.6.3)
where Ts is the snow surface temperature.
Next is the computation of the turbulent fluxes H and E. In general, the Monin–Obukhov similarity theory or the eddy flux correlation can be considered adequate physically based
methods to accurately determine the surface fluxes (Weber, 2005). However, the application
of the former presupposes a constant flux layer which is definitely not realized within the
stable surface layer during the occurrence of a low level jet; the theory results in a Zero momentum flux at the wind maximum level. Furthermore, profile measurements of temperature, humidity and wind speed at 3 or more levels are required. Hence, bulk formulations
based on the eddy flux correlation method are implemented here. In areas where the contribution of the turbulent fluxes to the energy balance of the snowpack is small, the induced
loss of accuracy is negligible.
Two different parameterizations of varying complexity are implemented. The simpler one
has been proposed by (Kuchment and Gelfan, 1996), and is valid for neutral or stable conditions at the local scale. The sensible heat flux H is expressed with wind speed W in m · s–1 as

(eq. 7.6.4)
and the latent heat flux E is calculated as
(eq. 7.6.5)
where W is the measured wind speed (m · s–1), el is the water vapour partial pressure at
measurement level and es the water vapour saturation pressure at the snow surface, with
the water vapour pressures being calculated by using the Magnus formula, for positive air
temperatures:
(eq. 7.6.6)

Similarly, for negative air temperatures (e.g., over a snow or ice surface) water vapour pressure is calculated with:
(eq. 7.6.7)

The water vapour partial pressure el is then obtained by multiplying es with the relative humidity. A more physically based new formulation of turbulent exchange, particularly adapted
to high mountain conditions (namely the frequent high wind speeds, its dependency on elevation and changing surface roughness), has been developed and thoroughly evaluated with
extensive measurements by (Weber, 2005, Weber, 2008). This new formulation considers
the efficiency of the turbulent exchange according to the stability and wind speed within the
surface layer and can be applied alternatively to the simpler approach (at the cost of higher
computational demand). The two flux densities are thereby expressed as
(eq. 7.6.8)
and, respectively,
(eq. 7.6.9)
with Cp being the specific heat capacity of moist air:
(eq. 7.6.10)
Cp,dry is the specific heat capacity of dry air and ρa its density, given by:
(eq. 7.6.11)

with Rd being the gas constant for dry air. Atmospheric pressure p is computed (assuming a
linear temperature gradient in the free atmosphere) by:
(eq. 7.6.12)

Ma is the molecular mass of dry air, R the universal gas constant, he the elevation above sea
level, g the gravitational constant and ga the atmospheric temperature gradient.

Specific humidity SH is calculated with:
(eq. 7.6.13)

For the computation of the specific humidity for saturated conditions at the snow surface
SHs, el is replaced by es.
The latent heat of vaporization Lv is calculated as:
(eq. 7.6.14)
RWT is a spatially variable correlation coefficient describing the efficiency of turbulent mixing according to the different stability criteria. Unstable conditions are assumed for a negative surface temperature gradient gs, defined as the difference between the 2 m temperature and the snow surface temperature. Then, RWT is set to 0.4 under these conditions according to observations (Weber, 2005). For stable conditions (gs ≥ 0), RWT is set to 0.2 if gs
exceeds or is equal to a certain threshold. The threshold value is a factor with which wind
speed W is multiplied.
Its value of 3.68 was empirically derived from measurements by (Weber, 2005). If gs is below
this threshold, RWT is computed by:
(eq. 7.6.15)
This equation is valid for smooth (snow) surfaces (roughness length < 0.001 m). This more
complex scheme to calculate the turbulent fluxes gives more realistic estimates of the energy transferred during periods of high wind speeds when which mixing efficiency does not
linearly increase (Weber, 2008). The additional computational demands are moderate. The
advantages of this approach compared to simpler, empirically derived approaches include
that (i) it is based on a physically sound theory (turbulence), (ii) it considers dependency on
elevation which is important in mountain regions, (iii) it compares favourably with (the few
existing) measurements, (iv) it is optimized for snow and ice surfaces and (v) it can be applied for both the sensible and the latent flux, respectively. On the other hand, it should be
applied only for surfaces with moderate roughness, its representativeness is limited to for
areas larger than 300 x 300 m and the utilized empirical constants are not thoroughly validated.
The latent heat flux E is accompanied by small mass changes δe, generated by sublimation or
resublimation of moisture from or to the snow surface and expressed in mm water equivalent.
δe is simulated with dt being the time between two model time steps (s):
(eq. 7.6.16)

where ls is the sublimation/resublimation heat of snow.

The advective energy A that is supplied by the precipitation P depends mainly on its phase. If
not measured, a threshold wet temperature Tw of 2 °C is assumed for the distinction between snow and rain. The wet temperature is determined by iteratively solving the psychrometer formula with ew being the saturated vapour pressure for the wet temperature (Δe
= 0):
(eq. 7.6.17)
The psychrometric constant γ depends on the elevation above sea level, and is given by:
(eq. 7.6.18)

Next, the energy advected by precipitation P (in mm) is calculated for rainfall on snow with:
(eq. 7.6.19)

where csw is the specific heat of water. For snowfall, the advective energy is computed with:
(eq. 7.6.20)

where css is the specific heat of snow. If the air temperature is below 0 °C, then a freezing of
the rain in the snow cover is assumed, and A is increased by the melting heat of ice (3.375 ·
105 J · kg-1).
The soil heat flux B is small compared to the contribution of the other energy fluxes in most
alpine environments. It is assumed to be constant in space and time and has a value of 2 W ·
m–2.
Finally, the available energy M for melt can be computed for the case of melt condition (Ta ≥
273.16). For those conditions, all fluxes are calculated with an assumed snow surface temperature of 273.16 K, and M is the remainder of the energy balance equation. If M > 0, a
melt amount in mm is calculated with
(eq. 7.6.21)

where ci is the melting heat of ice.
In the case of no–melt condition (Ta < 273.16 K), an iterative scheme to close the energy balance is applied; thereby, the snow surface temperature is altered with respective recalculation of longwave emission and turbulent fluxes untileq. 7.6.1 passes Zero. After that, the
mass balance is updated by the amount of δe (sublimation or resublimation,eq. 7.6.16).

7.6.2 Modelling snow–canopy processes
Mountain forests are primarily composed of evergreen conifer species which retain their
needles throughout the year and, therefore, intercept snow efficiently throughout the winter. Snow interception and sublimation in a canopy have been identified as important hydrological processes with complex mass and energy exchanges (Marsh, 1999, Pomeroy et al.,
1998). The processes affecting a snow cover beneath a forest canopy are distinct from those
in the open:
on one hand, the meteorological conditions relevant for the energy transfer at the snow
surface beneath the canopy are different, and on the other hand, a certain amount of precipitation is retained in the interception storage of stems, branches and needles. Snow that
is intercepted in the canopy can melt, fall down, or sublimate into the air masses above the
canopy. This latter process leads to a reduction of precipitation accumulated and stored in
the ground snowpack (Fig.7.6.1).

Fig.7.6.1: Left: Intercepted snow on alpine fir trees one day after a heavy snowfall. Right: Inside–canopy snow interception on the branches of subalpine firs. Both sites in the Bavarian Alps
(Germany). Photos: U. Strasser.

A forest canopy can have opposing effects on the snow cover beneath the trees, depending
on many factors such as canopy density, gap size and distribution, geographical position and
meteorological conditions (Pomeroy et al., 2002). Since vegetation canopies strongly affect
the snow surface energy balance the result can be less SWE and a shorter duration, or more
SWE and longer snow coverage. The canopy alters both the shortwave and the longwave
radiation balance of the snow cover and affects the turbulent fluxes of sensible and latent
heat by reducing the wind speed at the snow surface (Link and Marks, 1999a, Link and
Marks, 1999c). Likewise, humidity and temperature underneath a canopy differ from those
in the open. All the snow–canopy interaction processes have significant effects on the

amount and timing of meltwater release from forested areas. Strasser and Etchevers (2005)
have shown that the consideration of meteorological conditions at the ground beneath a
canopy considerably improves the simulated amount and timing of meltwater release and in
the hydrological modelling of a high alpine catchment.
Pomeroy et al. (1998) report that interception by forest canopies can store up to 60 % of
cumulative snowfall resulting in a 30 – 40 % annual loss of snow cover in many coniferous
forest environments. Due to its large surface area to mass ratio, and the fact that the snow
remaining in the canopy is exposed to a relatively dry and warm atmosphere, relatively high
rates of sublimation can occur. For an accurate determination of exposure times, it is important to know the amount of snow intercepted. Snow interception efficiency increases
with canopy density, increasing size of falling snow crystals, decreasing density of the falling
snow, decreasing temperature and decreasing wind speed (Marsh, 1999). The capacity of
the interception storage of a canopy is in the range of approximately 10 mm, according to
field measurements (Hedstrom and Pomeroy, 1998, Pomeroy and Gray, 1995).
Various modelling approaches have been developed to simulate snow–vegetation interaction (see Hedstrom and Pomeroy, 1998, Pomeroy et al., 1998 for reviews, Hardy et al., 2000,
Pomeroy and Gray, 1995). Recently, an effort has been undertaken to compare the existing
schemes in the framework of the SnowMIP2 (http://xweb.geos.ed.ac.uk/~ressery/SnowIP2.
html) program, including the one presented here. In PROMET the processes of interception,
sublimation as well as unloading by melt and fall down are calculated depending on effective
LAI and canopy height, using well documented parameterizations from the literature, mostly
following the scheme of Liston and Elder (2006) which in itself is based on the work of
Pomeroy et al. (1998).
7.6.3 Modifications for beneath canopy climate variables
An existing forest canopy changes the micrometeorological conditions at the surface of the
ground snow cover. Shortwave radiation, precipitation and wind speed are reduced, whereas longwave radiation and humidity are increased and the course of temperature is attenuated (Strasser and Etchevers, 2005, Tribbeck et al., 2004, Link and Marks, 1999a, Link and
Marks, 1999c). Consequently, latent fluxes and the associated sublimation rates at the snow
surface inside a forest canopy differ from those in the open. Additionally, snow interception
in a forest canopy affects the optical properties of a canopy which is important for remote
sensing applications; the implications for snowmelt modeling are discussed by (Pomeroy and
Dion, 1996).
In PROMET, the micrometeorological conditions for the ground beneath a forest canopy are
derived from the interpolated measurements (if all stations are located in the open) by applying a set of modifications for solar and thermal radiation, temperature, humidity and
wind speed. Required stand characteristics for the modeling include effective leaf area index
(LAI) and tree height.
Following the principles of the Beer–Lambert law, the reduced amount of solar radiation
reaching the ground surface beneath a canopy Qsc↓ (W · m–2) is determined by calculating

the fraction of top–of–canopy incoming solar radiation Qs↓ transmitted through the trees
depending on LAI (Hellström 2000):
(eq. 7.6.23)
with 0.71 being a dimensionless extinction coefficient which has been fitted to two years of
hourly observations in a spruce, fir, pine and aspen stand in the USDA Fraser experimental
forest at an elevation of 2800 m a.s.l. (Liston and Elder, 2006). This formulation takes the
multidimensional character of solar radiation interaction including the variation of the solar
zenith angle into account (Hellström, 2000).
Incoming longwave radiation reaching the snow underneath the canopy Qlc↓ (W · m–2) consists of a fraction of the top–of–canopy incoming longwave radiation Ql↓ and a fraction of
longwave radiation emitted by the forest canopy itself:
(eq. 7.6.24)
where σ is the Stefan Boltzmann constant, Tc the air temperature inside the canopy, and Fc
the canopy density which can be calculated with:
(eq. 7.6.25)
This relationship has been derived by (Pomeroy et al., 2002) by means of a logarithmic best
fit between leaf area index and canopy density measurements.
Canopy air temperature Tc can either be set to equal the air temperature or be modified to
include a dampening inside the canopy which accounts for the shading effect during the day,
and for the emission of thermal radiation during the night (Fig.7.6.2). Assuming linear dependency on canopy density, Tc is given by (Obled, 1971):
(eq. 7.6.26)

with Ta the top–of–canopy air temperature, Rc a dimensionless scaling parameter (= 0.8),
Tmean the mean daily air temperature and δT a temperature offset depending on Tmean and
limited to the range –2 K ≤ δT ≤ +2 K (Durot, 1999):
(eq. 7.6.27)

Fig.7.6.2: Dampening of the simulated beneath canopy
temperature compared to the observed air temperature
in adjacent open areas. Data from Col de Porte (1325 m
a.s.l., France) for the winter season 1998/1999.

The relative humidity RHc (%) inside a canopy is often slightly higher than in the open (Durot,
1999), due to sublimation and evaporation of melted snow. In the model, it is modified,
again including linear dependency on the canopy density:
(eq. 7.6.28)
For melt conditions, RHc is set to saturation.
The wind speed Wc (m · s–2) inside a canopy with the height h (m) and 0.6 being the canopy
wind speed reference level (Essery et al., 2003, Cionco, 1978) is calculated with:
(eq. 7.6.29)

where fi is the canopy flow index:
(eq. 7.6.30)
with β = 0.9 being a dimensionless scaling factor that adjusts LAI values to be compatible
with canopy flow indices defined by Cionco (1978) (Liston and Elder, 2006).
7.6.4 Simulation of canopy snow interception and sublimation
In recent years, numerous models have been developed and applied to quantify the rates at
which snow sublimates from evergreen forest canopies (Liston and Elder 2006, Essery et al.
2003, Pomeroy et al. 2002, Link and Marks 1999a, b, Hedstrom and Pomeroy 1998, Pomeroy
et al. 1998). These models comprise a detailed simulation of the interception and sublimation processes, depending on meteorological forcing data and parameters for tree characteristics like effective leaf area index (LAI) and canopy height. (Pomeroy et al., 1998) reported
modeled seasonal intercepted snow sublimation to range from 13 % of annual snowfall for a
mixed spruce–aspen, to 31 % for mature pine and 40 % for a mature spruce stand in the
southern boreal forest of central Canada (Waskesiu Lake, Prince Albert National Park, Saskatchewan).
Measurements of sublimation from intercepted snow within a subalpine forest canopy at a
U.S. continental site amounted to 20 – 30 % of total snowfall accumulated at the site
(Montesi et al., 2004).
The snow interception and sublimation model implemented in AMUNDSEN applies the physical understanding of snow interception from the branch scale to the canopy, and scales the
corresponding understanding of snow sublimation of a single snow crystal to the intercepted
snow in the canopy similar to Pomeroy et al. (1998). When canopy air temperatures are
above freezing, intercepted snow is melted and transferred to the ground storage. Snow
unloading by wind is a complex process that depends on canopy structure and spacing,
branch and trunk flexibility, snow temperature and precipitation history, and wind speed
and direction (Liston and Elder 2006). Numerical quantification of these processes awaits a
field study and is not implemented yet.
Absorbed solar radiation SRabs (W) by a snow particle in the canopy is defined by:

(eq. 7.6.31)
with r (m) being the radius of a spherical ice particle, assumed to be 500 μm (Liston and Elder 2006) and a the intercepted snow particle albedo, which is assumed to be equal to the
simulated snow surface albedo in the open (eq. 8.2). Qs↓ (W · m–2) is the top–of–canopy
incoming solar radiation.
For the description of the mass loss rate, the Reynolds, Nusselt and Sherwood numbers are
required in the model. The particle Reynolds number Re with 0.7 < Re < 10 is given by (Lee
1975):
(eq. 7.6.32)

with v being the kinematic viscosity of air (1.3 · 10–5 m2 · s–1). The Sherwood number Sh is
assumed to equal the Nusselt number Nu which is given by
(eq. 7.6.33)
The saturation vapor pressure es (Pa) over ice is estimated with (Buck, 1981):
(eq. 7.6.34)

This equation is analogous toeq. 7.6.7 but produces slightly larger saturation vapour pressure results accounting for the fact that the assumed surface of the canopy–intercepted
snow is curved, whereas the ground snow cover is flat.
The absolute humidity at saturation ρ v (kg · m–3), is computed after (Fleagle and Businger,
1981) as
(eq. 7.6.35)

Rd is the gas constant for dry air (287 J · K–1 · kg–1). The diffusivity of water vapour in the
atmosphere Dv (m2 · s–1) is given by (Thorpe and Mason, 1966):
(eq. 7.6.36)

Now, the mass loss rate dm/dt from an ice sphere, given by the combined effects of humidity gradients between the particle and the atmosphere, absorbed solar radiation, particle size
and ventilation influences can be computed. For this, both temperature and humidity are
assumed to be constant with height through the canopy:

(eq. 7.6.37)

with ls being the latent heat of sublimation (2.8355 · 106 J · kg–1). Ω is computed as:

(eq. 7.6.38)

t being the thermal conductivity of the atmosphere (0.024 J · m –1 · s–1 · K–1), MW the molecular weight of water (0.018 kg · mole–1) and R the universal gas constant (8.313 J · mole–1 ·
K–1). The sublimation loss rate coefficient for an ice sphere Ψ s (s–1) is now computed as

(eq. 7.6.39)

with msp (kg) being the particle mass ( ρi is the ice density = 916.7 kg · m–3):
(eq. 7.6.40)

The canopy–intercepted load I at time t is given with t–1 being the previous time step, Imax
the maximum snow interception storage capacity and P the (snow) precipitation (mm) in the
current time step (Pomeroy et al. 1998):
(eq. 7.6.41)

Liquid precipitation (rain) is assumed to fall through and is added to the ground snow cover;
the consideration of rainfall–canopy interaction processes will be the subject of a future
model version.
After Hedstrom and Pomeroy (1998), the maximum interception storage capacity Imax is
equal to 4.4 · LAI. Finally, the sublimation loss rate Qcs (mm) for the snow held within the
canopy is:
(eq. 7.6.42)
with Ce being a non–dimensional canopy exposure coefficient, accounting for the fact that
sublimation occurs only at the surface of the intercepted snow (Pomeroy and Schmidt,
1993):
(eq. 7.6.43)

kc = 0.01 is a dimensionless coefficient describing the shape of the intercepted snow deposits
(Liston and Elder 2006).
Apart from sublimation, snow can also be removed from the interception storage by melt
unload. The snow masses are hereby assumed to fall down to the ground after a partial melt
at the surface. Melt unload Lm (kg · m–2) is estimated for temperatures above freezing using
the temperature index melt model of (Pellicciotti et al., 2005). For the estimation of the load

of snow falling to the ground, the following scheme is applied: Using field observations, Liston and Elder (2006) estimated a daily unloading rate of 5 kg · m–2 · d–1 · K–1. By applying a
scaling factor of 3.3, the temperature index melt model was calibrated to fit this estimate.
The resulting unloaded mass is calculated in each timestep, and added to the ground snow
cover beneath the trees.
By means of this snow–canopy interaction model, the processes of interception, snow sublimation, and melt unload are simulated. In a period of heavy snowfall, the interception storage can be filled up to its maximum. From the interception storage, snow is removed by sublimation and melt unload induced by a period of positive temperatures (Fig.7.6.3).
0

Fig.7.6.3: Modelled canopy interception, sublimation and melt unload of snow for a pinus mungo stand (LAI = 3.2) at Reiter Alm III (1615 m a.s.l.) during the winter season 1999/2000.

Both, the simulated rates of sublimation and the combined effect of melt and fall down of
intercepted snow strongly depend on the LAI which integratively represents canopy characteristics in the described model: LAI modifies canopy transmissivity for solar radiation, wind
speed, canopy density and the maximum interception storage capacity. On top of that, if a
relationship between LAI and height of the trees is assumed, tree height could also be replaced with LAI in the formulation of inside–canopy wind speed (eq. 7.6.29), reducing the
number of canopy–specific parameters required for the snow–canopy interaction model to
only one (LAI). To exhibit the sensitivity of the model on LAI, it was run at the point scale
with data from the station Reiter Alm III (1615 m a.s.l., winter season 1999/2000) LAI values
ranging from 0 to 14 (Fig.7.6.4). It becomes evident that canopy sublimation (top left) and
melt unload (top right) increase with LAI, whereas ground melt (bottom right) decreases
with LAI.

Fig.7.6.4: Sensitivity of the snow–canopy interaction model on LAI: total canopy sublimation
(top left) and total canopy melt unload (top right) of snow. Bottom: Total mass exchange related to latent fluxes at the ground snow surface (left) and total melt from the ground snow cover
(right). Modelled with data from Reiter Alm III (1615 m a.s.l.) for the winter season 1999/2000.

An interesting effect is revealed by the illustration of total sublimation at the ground snow
surface (Fig.7.6.4, bottom left): for LAI values from one to six, the amount of total sublimation from the surface decreases (due to small wind speeds and consecutive reduced mixing,
and higher humidity). However, for LAI values above six, total sublimation from the surface
increases. This feature is attributable to the later disappearance of the snow cover with increasing LAI, and hence the longer duration of the sublimation process.

7.7 The Glacier Model
In this chapter the SURGES glacier model is described in detail. It is implemented in PROMET
as part of the snow and ice component. The Subscale Regional Glacier Extension Simulator
SURGES) was developed by Dr. Markus Weber and Monika Prasch within the framework of
the GLOWA-Danube project, and implemented and used in PROMET to simulate the impact
of glacier melt water on the water balance (Prasch et al., 2013, Weber et al., 2010). Hence,
the emphasis in the modelling approach is on the hydrological processes of a glacier, which
are described in the following section. The consequential requirements for the modelling
approach are then introduced, together with the present state of the art. Subsequently, the
details of the SURGES model are explained.
7.7.1 Characteristics of Glaciers
Prevailing meteorological and topographical conditions are the essential factors for the formation of glaciers. Solar radiation, air temperature, precipitation, wind speed and humidity
as well as elevation, slope and exposure determine both the amount of snow accumulation

and the subsequent ablation. When the snowpack outweighs the ablation over a long perod,
the snow on the ground compacts and ice is formed through the process of snow metamorphism. When the ice layer reaches approx. 20 to 30 m thickness (Winkler, 2009), it begins to
move down the mountain slope as a result of the disequilibrium between accumulation and
ablation area. Ice flow compensates this difference by moving the surplus of ice from the
accumulation area to the ablation area. In general, two modes of movement can be distinguished: internal deformation of the ice causes shearing flow first, and basal sliding over the
glacier bed is the second mode of ice flow. The shape of the terrain, the ice thickness, the
temperature and the slope of the glacier bed determine the form and velocity of the ice flow
(Paterson, 2001, Oerlemans, 1997).

Fig.7.7.1: Meteorological and topographic characteristics determining the glacier mass balance
(WEBER 2008, p. II, modified).

These processes of accumulation and ablation divide the glacier into two areas, the accumulation zone with mass gain in the higher regions, and the ablation zone with mass loss below.
They are separated by the equilibrium line altitude (ELA), where all processes are balanced.
Fig.7.7.1 illustrates the meteorological and topographic characteristics determining the
properties of a glacier.
Glaciers predominantly melt on their snow-free surface. Consequently, the amount of meltwater release by the glacier ice is roughly proportional to the snow-free area of the glacier.
The water is directly delivered into the river channel and contributes to the runoff amount
alongside precipitation, snowmelt, and soil and groundwater release. Depending on the total
annual mass balance B [mm] of the glacier, more or less runoff is generated than in a nonglacierized basin. For negative mass balances (B < 0), the ice storage is reduced and more
water is available, whereas in the other case (B > 0), precipitation is stored on the glacier and
less water is available than in basins without glaciers.
The total mass balance B of a steady state glacier is zero, because the total amount of ablation is balanced by the entire accumulation (Oerlemans, 1997). Nevertheless, meltwater is
released from the snow-free areas of a glacier during melting periods. A distinction can be
made, then, between the ice-melt water release of the glacier Cice [mm] and the total glacier

contribution
CG
[mm],
which
is
proportional
to
the
mass
balance
B [mm]. CG is defined as the overall change in ice volume V [m³] multiplied by ice density ice
[kg m-³], whereas the total ice-melt Cice is calculated by the integral over the snow-free area
Sice [m²] and the melt rate mr [mm s-1 m-2] in the time step t [s]
CG  B  V   ice



Cice  mr  Sice ( t ) dt

(eq. 7.7.1)
(eq. 7.7.2)

The amount of Cice is accordingly larger than CG because ice-melt water is released from
snow-free areas during one mass balance period, independently of the total mass balance B.
In the case of complete snow cover over the glacier during one mass-balance year, Cice is
zero and no melt water is released, whereas CG is negative.
These processes determine the meltwater contribution of a glacier to runoff. In order to
simulate the impact of future climate change on glaciers and subsequently on the water balance, the following demands need to be considered by the modelling framework.
7.7.2 Requirements for Glacier Modelling and State of the Art
The snow-free area of the glacier is required for the determination of the ice-melt water
release. The duration of the snow cover on all parts of a glacier surface must therefore be
calculated. In order to consider the small-scale processes on an alpine glacier, a subscale
approach is chosen. Accordingly, the amount of ice-melt water can be computed, together
with the melt-rate, which depends on the energy balance of the ice surface. For these processes, the simulation of snow accumulation and of snow and ice ablation is required.
There are several models for simulating the glacier mass balance. In the course of studies
which analysed the impact of climate change on glacier fed-rivers, conceptual temperatureindex models were predominantly applied. They estimate the melt rate of snow and ice due
to air temperature based on correlations which are assessed under present climatic conditions (Bergstrom, 1976, Braithwaite and Zhang, 1999, Hock, 2003, Oerlemans et al., 1998,
Pellicciotti et al., 2005). Alternatively, energy balance models are used, which simulate snowand ice-melt in solving the surface energy and mass balances (Klok and Oerlemans, 2002,
Strasser and Mauser, 2001, Zappa et al., 2003). Because of the underlying physics, they do
not need calibration and are independent in space and time, which enables their transfer to
other regions and application under future climatic conditions (Strasser, 2008). However,
energy balance models require various meteorological variables such as solar radiation, air
temperature, humidity, precipitation and wind speed, in contrast to the conceptual models,
which often only need air temperature and precipitation. Since the required meteorological
variables are provided by the meteorological component of PROMET (see section xx) and
due to advantages such as transferability and application under future climatic conditions,
an energy balance model is applied in this study (see section xx).
The quantity of ice storage limits meltwater release for glaciers that are no longer in a steady
state. In these glaciers, the transport of ice from the accumulation to the ablation area is not

balanced, and ice loss or gain occurs. Thus the ice thickness distribution over the glacierized
area or, in other words, the geometry of the glacier ice reservoir, defines the duration of
melting until the total melt. Hence, the dynamic adjustment of the glacierized areas is another precondition for determination of the melt water release under changing climatic conditions. For this purpose, mass balance models are coupled with ice flow models, for instance by (Le Meur et al., 2007) or (Zuo and Oerlemans, 1996). In order to simulate the ice
flow and geometry changes of mountain glaciers, simple flowline models (Greuell, 1992,
Oerlemans, 1997) and complex 3-dimensional ice flow models (Gudmundsson, 1999, Hutter,
1982, Jouvet et al., 2008) were developed. The latter solve the Navier-Stokes equations in
the simulations. Due to the complexity of the ice flow processes, all models need detailed
information about the glacier bed geometry and ice thickness distribution. Since the required data are available only for a few glaciers, their application is limited to individual glaciers. This is one reason why glacier changes are crudely considered in long-term studies.
Moreover, the computational needs of ice flow models are intensive. Consequently, they
cannot be applied in simulating numerous glaciers in meso- or large-scale catchments. Contrary to these complex models, first studies try to parameterize the effect of ice flow as
submergence and emergence. (Huss et al., 2010) recently proposed correlations between ice
thickness changes and the mass balance, size and geometry of the glacier. Nevertheless,
their application still requires further investigation. Accordingly, in this study a simple approach to the dynamical adjustment of the glacier geometry is chosen, as described in section xx.
Fig.7.7.2 summarizes the relationship between meteorological conditions and the consequences for glaciers that should be considered in glacier and melt water release modelling.

Fig.7.7.2: Influencing factors for glacier modelling (OERLEMANS 2001, p. 2, modified).

Next, the SURGES glacier model is introduced. First, the subscale approach and the extrapolation of meteorological data to all subscale elements are shown. The details of modelling
the mass and surface energy balances of the glacier follow. Since snow accumulation and
ablation are an essential part of the model, the details of the snow component of PROMET
are given here as well. Finally, the simulation of snow metamorphism and ice redistribution
is introduced.

7.7.3 Subscale Approach
A glacier is characterized by the mass balance and the geometry of the ice reservoir, which in
turn depends on the prevailing meteorological and topographic conditions as described in
the previous section. In the Lhasa River catchment, the dimensions and the geometric characteristics of the glaciers vary greatly as introduced in section xx. For instance, the areas per
glacier vary from 0.2 ha to 31.1 km². By contrast, the spatial resolution of PROMET is 1 x 1
km. Furthermore, the glacier area is often spread over several grid cells (see Fig.7.7.3, left),
which are connected through ice flow. Only 30 percent of the grid cells are completely covered by a glacier, whereas for 27 percent of the grid cells less than 50 percent of the area is
glacierized. Fig.7.7.3 (right) shows the frequency distribution of the glacier area per grid cell
according to the Chinese Glacier Inventory (WDC 2009, http://wdcdgg.westgis.ac.cn), which
is introduced with the input data in section xx.

Fig.7.7.3: Distribution of glaciers over several grid
cells (left) and frequency distribution of glacier area
per grid cell in the Lhasa River catchment (right)
(based on WDC 2009).

Within one grid cell, the glacier extends over an elevation range of up to 1,200 m. This
stretch cannot be represented by the mean elevation of the 1 x 1 km grid cell. Consequently,
to consider the complex glacier geometry and the related processes in the simulation of
meltwater release (see section xx), the gap between the small-scale heterogeneous properties of a glacier and the spatial resolution of PROMET must be closed. For this reason, a subscale approach is applied in SURGES. In order to account for the complex glacier geometry,
every glacier is divided into subscale units to approximate the area-elevation distribution.
The glacier area is therefore intersected using digital elevation models. Neighbouring parts
of the glacier with similar elevations are then merged, in defined distinct elevation intervals
between the levels. Fig.7.7.4 illustrates the subdivision of the glacier area into elevation levels.

Fig.7.7.4: Illustration of the division of the glacier area into distinct levels (WEBER ET AL. 2009,
p.10, modified).

For each level, data about the specific ice thickness, the altitude of the glacier bed and the
glacier area describe the glacier’s properties. The subscale approach thus allows a better
consideration of the characteristics of each individual glacier by approximation of the ice
thickness-area-elevation distribution for the meltwater release. For instance, a plane glacier
tongue will have a larger snow-free ablation area than a steep one and will deliver more icemelt water during the same time interval. The larger area of a plane elevation level than that
of a steep one is captured by SURGES. Furthermore, the subscale approach allows the coexistence of accumulation and ablation zones and the handling of neighbouring non-glaciated
areas on one grid cell. The modelling steps, which are carried out for all subscale elevation
levels, are explained below.
7.7.4 Meteorological Data Extrapolation
The meteorology component of PROMET or SCALMET supplies every grid cell with hourly
values of precipitation, air temperature, air humidity, incoming shortwave and longwave
radiation, air pressure and wind speed (see section xx). In order to consider the elevation of
the glacier levels, these data are extrapolated. First, the current surface elevation zs [m] is
determined by adding the present ice thickness hi [m] and the current snow depth hs [m] to
the elevation of the glacier bed zb [m]:
zs = zb + hi + hs

(eq. 7.7.3)

Next, the air temperature T [K] and air pressure P [hPa] are calculated for the various glacier
levels. According to the present surface elevation zs [m], the level air temperature Tl [K] is
determined by extrapolating the air temperature T [K] of the grid cell with the mean elevation zgc [m], assuming a linear, either dry or moist adiabatic lapse rate  [K m-1]:
Tl =T +  (zgc-zs)

(eq. 7.7.4)

The dry adiabatic lapse rate is set to 0.0098 K m-1 as the quotient of the gravitational acceleration go of 9.81 m s-², and the specific heat capacity of dry air at a constant air pressure cP
of 1,004.67 J kg-1 K-1. The moist adiabatic lapse rate is determined by the process of condensation of water vapour, so that latent heat is released. Since this process depends on air
temperature, the gradient is inversely proportional to air temperature and varies between

0.003 and 0.009 K m-1. In this study it is set to an average value of 0.0065 K m-1 for an air
pressure of 1,000 hPa and an air temperature of 273.15 K (KRAUS 2000).
In the case of level air temperatures Tl [K] above the melting point, the feedback of energy
consumption by melting ice or snow on the glacier surface is taken into account. While the
absorption of radiation and the turbulent fluxes over a snow- or ice-free area cause an increase in air temperature, the radiation input is consumed for melting over the glacier and
cannot increase the air temperature. Therefore, the air temperature is reduced in the model
under melting conditions according to (Weber, 2008):

Tl  Tl (1 
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)
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(eq. 7.7.5)

with α representing the albedo (see alsoeq. 7.6.17) and RS [W/m²] the solar radiation. The
reduction is limited to a maximum of 0.5 Tl in order to remain within a realistic range.
The level air pressure Pl [hPa] is calculated by the barometric formula with the gravitational
acceleration on Earth go [9.81 m s-2], the molar mass of the atmosphere M [0.028964 kg mol1
] and the universal gas constant for air R [8.3143 Nm mol-1 K-1]:
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(eq. 7.7.6)

As the wind speed on a glacier is different from the wind above nonglacier areas, as provided
by the climate model, it has to be adopted. The glacier wind v, a katabatic flow over glaciers
is caused by the differences in heat between the snow-free, surrounding areas of a glacier
and the comparatively cold glacier surface. The glacier wind is characterized by speeds of 3
to 5 m s-1 and increases with proximity to the glacier tongue (Weber, 2008). As it is very
common over melting surfaces (Oerlemans and Grisogono, 2002), it is considered in SURGES
in a rather simple way for air temperatures above 0°C:
vl = v + 0.0015 v (z - zs)

(eq. 7.7.7)

The lower limit of the level glacier wind vl [m s-1] is given by half of the wind speed of the
grid cell v/2, whereas the upper limit vl,max is determined by the air temperature according to
Kuhn et al. (1985) as follows:
vl,max = 0.61T

(eq. 7.7.8)

For differentiation of rain from snowfall by iteratively solving the psychrometer formula
(eq. 7.9), the wet-bulb temperature Tw [K] is calculated for all levels, considering the water
vapour pressure e [hPa], the saturation vapour pressure of a wet surface Ew [hPa], the specific heat of air cP [J kg-1 K-1] at a constant air pressure P [hPa] and the latent heat of vaporization r [J kg-1]:
c pP
eE 
(T  T )
w 0.623r
w

(eq. 7.7.9)

The saturation vapour pressure of a wet surface Ew [hPa] is computed with the Magnus formula for positive air temperatures T [K] by:

17 .08085 ( T 273 .15 )

Ew  6.1078  e 234 .175 ( T 273 .15 )

(eq. 7.7.10)

For negative temperatures T [K] it is calculated by:
22 .4429 ( T 273 .15 )

Ew  6.1071 e 172 .44 ( T 273 .15 )

(eq. 7.7.11)

The latent heat of vaporization r [J kg-1] is calculated with the following equation:
r  2500827  2360  (T  273.15 )

(eq. 7.7.12)

The specific heat of moist air cP [J kg-1 K-1] is determined with the specific heat capacity of
dry air cp,dry [1004. 67 J kg-1 K-1], and the specific humidity sh [kg/kg] by:
c p  c p,dry (1  0.84  sh )

(eq. 7.7.13)

where the sh is given by:
sh 

0.622  Ew
P  0.378  E w

(eq. 7.7.14)

All the other meteorological variables, e.g. precipitation or incoming radiation, are assumed
to be constant throughout the grid cell and are taken from the meteorology component of
PROMET or SCALMET without any adaptation. There is no indication in which way the
amount of precipitation varies on one km². Additionally, wind- and leeward effects are not
considered in the modelling approach. In the next paragraph, modelling of the mass and
energy balance on each glacier level, which is enabled by the extrapolation of the meteorological data, is described.
7.7.5 Mass and Surface Energy Balance of the Glacier
In order to determine the mass gain and loss of the glacier, the changes of the mass balance
on its surface have to be calculated. The following calculation steps are similar for a snow
and ice layer, only differentiated by varying material properties, e.g. the albedo α. The algorithms are mainly based on (Weber, 2008) and on the snow model ESCIMO, which was implemented in the snow component of PROMET (Strasser and Mauser, 2001), and enhanced
and validated in various studies (Mauser et al., 2007, Prasch et al., 2006, Strasser, 2008).
First, the energy balance E [W m-2] of the surface is calculated, taking into account the radiation balance Q [W m-2], the latent and sensible heat fluxes LE [W m-2] and H [W m-2], and the
energy supplied by solid or liquid precipitation A [W m-2]:
E = Q + LE + H + A

(eq. 7.7.15)

The radiation balance consists of the sum of the shortwave QS [W m-2](eq. 7.7.16) and
longwave radiation balance Ql [W m-2](eq. 7.7.17). The amount of incoming direct Rdir [W m-2]
and diffuse solar radiation Rdif [W m-2], which is partly reflected due to the albedo α, forms
the shortwave radiation balance:
QS = (1 - α) (Rdir + Rdif)

(eq. 7.7.16)

Since solar radiation contributes most to the surface energy under melting conditions, the
albedo is of great importance. For conditions of snow and ice, it depends on many factors,
e.g. grain size, density, impurity content, solar elevation etc. In this study, the albedo is set
to 0.5 in the case of snow-free ice for the Lhasa River catchment, which is a relatively high
value for glacier ice, similar to clean ice (Paterson, 2001). This value was chosen because of
extremely dry and clean air on the Tibetan Plateau due to its elevation and latitude. In the
case of snow covering the glacier, the albedo of freshly fallen snow (0.9) decreases due to
changes in grain size, density and impurity content of the snow surface. The ageing curve of
the albedo of freshly fallen snow is simulated following (Rohrer, 1991)(eq. 7.7.17). The exponential reduction during the time interval Δt [s] since the last considerable snow fall (0.5
mm per hour) differs between air temperatures above and below freezing point, accounted
for by changing recession coefficients k. For air temperatures above freezing point, k is set to
0.05 per day, whereas for air temperatures below, it is set to 0.12 per day. The decrease
continues until a minimum value αmin of 0.55 is reached, or until the next considerable snowfall happens. In this case it is reset to the maximum value of 0.9.
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(eq. 7.7.17)

For simulation of the longwave radiation balance Ql [W m-2](eq. 7.7.18), the incoming
longwave radiation Rli [W m-2], provided by PROMET or SCALMET, is reduced, through the
emission after the Stefan-Boltzmann Law, with the Stefan-Boltzmann constant σ of 5.67·10-8
W m-2 K-4. In addition to the emissivity ε, which is 1 for snow and 0.98 for ice, it also depends
on the current surface temperature TS [K], which is set to 273.15 K for air temperatures
above freezing point. If the air temperature is below this, the surface temperature is determined in an iterative procedure closing the energy balance (Strasser, 2008).
Ql  Rli      TS4

(eq. 7.7.18)

The turbulent fluxes are computed consistent with (Weber, 2008). High mountain conditions
above glaciers such as high wind speeds, dependency on elevation and changing surface
roughness are particularly closely considered in the formulation. The sensible heat flux H [W
m-2] is proportional to the specific heat of air cp [J kg-1K-1], and to the difference between the
air temperature T [K] and the surface temperature TS [K]:
H = 0.01182 · ρa · cp ·RwT ·v · (T - TS)

(eq. 7.7.19)

For the latent heat flux LE [W m-2] the latent heat of vaporization r [J kg-1](eq. 7.7.12) and the
difference between the specific humidity of the air sh [kg kg-1] (eq. 9.14) and at the surface
shs [kg kg-1] are taken into account:
LE = 0.0092 · ρa · r · RwT · v · (sh - shS)

(eq. 7.7.20)

Thereby the air density ρa [kg m-3] is calculated with the universal gas constant of air Rd of
287J kg-1 K-1 by:
a 

P  100
Rd  T

(eq. 7.7.21)

In both equations, RwT stands for a correlation coefficient which describes the turbulent exchange according to Weber (2008). The factor permits an approximate physically-based description of the fluxes in considering the stability of the atmospheric layering due to the air
temperature T [K], the surface air temperature TS [K] and the wind speed v [m s-1]. For stable
layering, RwT is proportional to the gradient of the air temperature T and the surface temperature TS, while the efficiency of the turbulent exchange decreases with increasing wind
speeds v(eq. 7.7.22a). The correlation is limited to a value of 0.2 for large temperature gradients in combination with high wind speeds, because this case rarely occurs in nature(eq.
7.7.22b). For a negative temperature gradient, labile layering is assumed. In this case RwT is
set to 0.4(eq. 7.7.22c) (Weber 2008).
RwT  0.438  0.119

T  TS
v

for T > TS and (T-TS) < 3.68v

RwT = 0.2 for T > TS and (T-TS) > 3.68v
RwT = 0.4 for T≤ TS

(eq. 7.7.22a)
(eq. 7.7.22b)
(eq. 7.7.22c)

In the case of precipitation an advective flux A [W m-2] is used to account for the energy balance E [W m-2] depending on its phase. As the threshold wet-bulb temperature Tw is set at
2°C, a distinction is made between rain(eq. 7.7.23a) and snowfall(eq. 7.7.23b). In the first
case the flux is proportional to the specific heat of water cw of 4,180 J kg-1 K-1, whereas in the
second case it is relative to the specific heat of ice ci of 2,100 J kg-1 K-1. Additionally, the
amount of precipitation PR [mm] and the difference between air or wet temperature T [K] or
Tw [K] and surface temperature TS [K] are considered.
A = PRR· cw (T – 273.15)

(eq. 7.7.23a)

A = PRS · ci (Tw – TS)

(eq. 7.7.23b)

After these calculations, the energy balance E [W m-1](eq. 7.7.15) is computed. If it is positive, the amount of meltwater m [mm] during the time interval Δt [s] of snow or ice is calculated as follows, where Hi is the specific melting heat of ice of 337,500 J kg-1:
m

E  t
Hi

(eq. 7.7.24)

Due to the quick release of glacier meltwater and the generally large amount of surface runoff in the mountains (Lambrecht and Mayer, 2009), in SURGES, the melt water m of glaciers
is immediately supplied to the surface runoff of PROMET. By contrast, the meltwater m release of snow is handled similarly to rain, and drains into the soil layers or supplies surface
runoff, taking into account varying land cover characteristics.
In order to determine the mass balance per elevation level, the sublimation or resublimation
process is also considered, which is especially important in cold, dry regions with high radiation input, as it is the case in the Lhasa River catchment. The mass change conducted by this
process se [mm] per time step Δt [s] is calculated considering the latent heat flux LE [W m-1]
and the specific sublimation heat of snow and ice His of 2,835,500 J kg-1:

LE  t
H is

se 

(eq. 7.7.25)

Alongside sublimation or resublimation, the amount of snowfall PRS determines the mass
gain on a glacier surface. As described above, it is distinguished from rain by a threshold wetbulb temperature. In the case of rainfall, the temporal storage capacity of snow for liquid
water liq [mm] is considered in a simple approach. It is assumed that up to a certain, empirical amount, sl [%] of the total snow water equivalent swe [mm], the snow cover can store
liquid water (Denoth, 2003, Fernández, 1998):
liq 

sl
 swe
100

(eq. 7.7.26)

Rain or modelled melt water is stored until the maximum storage capacity is reached. Next,
the surplus water is added to melt water, whereas rain on ice is passed accordingly to icemelt water and so to the runoff, without any intermediate storage.
In the case of existing liquid water storage and air temperatures below freezing point, it is
assumed that fraction fr [%] of the liquid water storage refreezes. The energy Efr [W m-1] expended in the refreezing process during the timer interval Δt [s] is considered in the energy
balance.
E fr 

fr
 H is  t
100

(eq. 7.7.27)

Finally, the specific mass balance b(z )[mm] is determined per elevation level:
b( z )  PRS  PRR  se  m  liq

(eq. 7.7.28)

If the calculated melt m [mm] exceeds the required melt for an existing snow layer, the energy surplus is determined and accordingly expended in for melting the ice layer. In the case
of a complete melting of the ice layer, the glacier level area is subsequently treated as icefree rock surface.
7.7.6 Snow Metamorphism
The formation of glacier ice starts with snow metamorphism. The 50 – 70 kg/m³ density of
freshly fallen snow increases due to meteorological conditions, e.g. melting and refreezing
processes, wind or a fresh snow cover, which compact the snow. If snow outlasts an ablation
period, it is termed firn, with densities of 400 – 830 kg/m³. Finally, the compaction proceeds
and glacier ice is formed, with densities of 830 – 917 kg/m³. The duration of this metamorphism differs from region to region due to meteorological conditions, and varies from years,
in alpine regions, to centuries, in Polar Regions (Paterson, 2001, Winkler, 2009).
Snow compaction and consequently snow layers with different snow densities, are not considered in the modelling approach. To approximate the mean thickness of the snow and ice
layers according to the water equivalent, an average snow density snow of
290 kg/m³, which is referred to as “settled snow” (Paterson 1994, p. 9), and an ice density
ice of 910 kg/m³ is therefore assumed. In order to simulate the metamorphism from snow

to ice in SURGES, the snow layer, which outlasts a defined number of ablation periods, is
partly added to the ice water equivalent in a rather simple estimation. Even though firn is
not distinguished specifically, changes with respect to the energy balance are taken into account by the simulation of changes in the albedo down to a value of 0.55 (see eq. 7.7.17).
In the test site of the Lhasa River catchment, not only accumulation but also ablation takes
place during the monsoon. Furthermore, alternating melting and refreezing was observed up
to 5,800 m a.s.l. (Kang et al., 2007). These processes accelerate snow metamorphism. Thus,
after a period of one year, similar to the estimation by (Kang et al., 2007), half of the snow
layer is transformed to ice in this study.
7.7.7 Glacier Geometry Adjustment
Finally, changes in the glacier geometry have to be considered in the simulation. Since the
glacier area and the ice reservoir determine the melt water release, capturing the glacier
geometry is essential for the results, especially in long-term studies under changing climatic
conditions where the glaciers are no longer in a steady state. In combination with specific
mass balance, the ice reservoir of the elevation level determines the quantity and duration
of ice-melt water release. In order to consider changes of the glacier area during the modelling period, the total area of the glacier S [m²] as sum of all elevation level areas Sl [m²] is
reduced according to the melt from ice on a specific elevation level. In this case, the area of
the ice-free glacier level Sl,icefree [m²] is subtracted from the total glacier area:
n

n

l 1

l 1

S  Sl   Sl ,icefree

(eq. 7.7.29)

This enables the quite simple adaptation of the surface within the subscale approach of
SURGES.
The ice reservoir of the glacier level is not only influenced by the mass balance and snow
metamorphism, but also by the effect of ice flow. The complexity of the relevant processes
requires detailed information about the glacier’s geometry and cannot be simulated in a
simple approach on the catchment scale. In fact, the effect of the ice flow in transporting ice
from the accumulation to the ablation area is quite relevant to the ice reservoir. The amount
of ice which is delivered from the accumulation area and gained in the ablation area should
be considered. A correction factor e(z) [mm], added to the mass balance b(z) [mm] at the
elevation level enables this consideration:
hi  b( z )  e( z )

(eq. 7.7.30)

In the accumulation area e(z) [m] is negative, assuming mass loss, whereas in the ablation
area it is positive, simulating mass gain. At equilibrium line altitude (ELA), where the mass
balance equals zero, e(z) is also assumed to equal zero.
However, the determination of the value of e(z) requires detailed data analysis for different
glaciers to cover various topographic and meteorological factors. For the Vernagt Ferner in

Austria, where the ELA is located at 3,300 m a.s.l., (Marowsky, 2010) proposed the following
parameterization for this glacier e(z) [m] at the level elevation zsl [m]:
e( z )  0.017  ( zsl  3,300 )

(eq. 7.7.31)

Since this parameterization is only valid for the Vernagt Ferner, general investigations which
allow the derivation of a universal parameterization of the factor are required. Due to data
availability and the location of the Lhasa River basin, this was not possible in the present
thesis. Accordingly, the geometry changes of the glacier are considered without regarding
the ice flow.
7.7.8 Method Discussion
The glacier simulator SURGES within the model PROMET, as described in the previous paragraphs, focuses on the effect of the processes in determining the melt water release under
changing climatic conditions. This hydrological focus results in the neglect of some smallscale processes on the glacier so far. Wind-induced snow transport and the small-scale shading caused by the surrounding mountains which principally facilitate the formation of glaciers in some cases, has so far been neglected. The longwave radiation flux of neighbouring
snow-free rock areas, which accelerates the melting of the glacier along its boundary, has
not been considered. The phenomena of surging or debris-covered glaciers, which are secondary in the Lhasa River basin have also so far been excluded, as has the effect of transporting ice from the accumulation to the ablation area due to the ice flow. This means that
the glaciers melt away earlier in the lower ranges in the simulations than in reality, whereas
in the higher areas the loss of ice thickness is underestimated. This in turn leads to a smaller
ablation area in the lower ranges. Thus the melt water release is slightly underestimated and
the glacier’s existence may be longer in simulations than in reality. Furthermore, glacier advance cannot be simulated. However, under climate warming conditions, ice flow decreases
because of shrinking area, as is the case in the Lhasa River basin. Finally, the ice flow ceases
for small glaciers, as is the case with the Northern Schneeferner in Germany, for example.
Moreover, SURGES includes simplifications in the description of snow metamorphism, neglecting the influence of meteorological conditions during the period before and the related
compaction processes. Accordingly, the metamorphism is simulated similar for every year in
contrary to reality.
The approach nevertheless enables the distributed simulation of the main processes for determination of the melt water release of all glaciers in a catchment. The properties of each
single glacier are considered in as much detail as possible by the approximation of the ice
thickness-area-elevation distribution. This includes capturing the small-scale glacier properties
below the process scale of PROMET of 1 x 1 km for the simulation of energy and mass balances. Furthermore, the coexistence of rain- and snowfall, of the accumulation and ablation
zones of a glacier and the neighbouring non-glacierized areas on one raster element can be
handled. Geometry changes in the glacier are considered in reducing the glacier area after
the ice-melt at given elevation levels, although the implementation of ice flow effects could
improve the determination. Moreover, SURGES can be applied under past as well as future

climatic conditions, since it is physically based and uses globally valid parameterizations.
Through the implementation of SURGES in PROMET, the influence of the melt water release
of glaciers for the water balance can be determined in a spatially distributed way over the
complete large-scale catchment. Finally, in adjusting the scale differences with the SCALMET
tool, RCMs can be applied as meteorological input data. They make the application of the
modelling approach independent of meteorological station data. This is especially important
in remote mountain regions.
7.7.9 Technical Aspects
Fig.7.7.5 gives a schematic overview of the spatial and temporal computational cycle of
PROMET, including the implementation of SURGES.

Fig.7.7.5: Scheme of implementation of the glacier model SURGES in PROMET, describing the
spatial and temporal modelling cycle.

First, all data describing the present conditions of the grid cell, including the glacier elevation
levels where required, are initialized according to the simulation results of the previous time
step or the input data. Next, the following steps are carried out within a loop for each raster
element. Firstly, the meteorological data are provided by the meteorology component. Secondly, the energy and mass balances for all land surfaces are calculated, considering vegetated and non-vegetated land surfaces as well as snow and ice cover if necessary, whereby
the energy and mass balances are closed. If a grid cell is (partly) glacierized, SURGES is called.
The meteorological data for all subscale elevation levels are extrapolated and the energy and
mass balances are calculated. Then, snow to ice metamorphism is considered. Finally, the

data are aggregated for the glacier area and passed on to the other model components.
There, they are consolidated with the values for the non-glacierized area per grid cell. Mass
and energy balances are accordingly conserved. Next, the soil and groundwater processes
and the runoff formation are modelled. After this procedure has been carried out for all grid
cells, the water flow in the river channel is calculated. Finally, the output data are generated
for this time step, aggregated where required, and the cycle is started again. In addition to
hourly outputs, daily and monthly values can be produced for each grid cell. They are available either at selected points in the catchment area or spatially distributed across the catchment scale.

7.8

Lateral Flows and Runoff Formation Component

The soil is divided into 4 layers with varying characteristics:





top soil in layer 1, thickness of a few centimeters, infiltration of precipitation and
snow melt into the soil, largest root density
ploughing horizon in layer 2, thickness ~30 cm, storage of water in soil, slightly decreasing root density
deep root horizon in layer 3, thickness ~50 cm, storage of water in soil, decreasing
root density
percolation horizon in layer 4, thickness ~80 cm, storage of water in soil, percolation
of water to groundwater, capillary rise from groundwater table, strongly diminishing
root density

The representation of the soil hydraulic processes is described in detail in chapter 7.5. Here
we describe the formulation of lateral flows, which are represented schematically in
Fig.7.8.1. It shows how the water flows in the unsaturated soil represented within PROMET.
Excess water is usually percolated to the next soil layer. For all but the bottom layer of the
soil, water can also move laterally to its hydrologic neighbour proxel. The amount of excess
water, which is transferred laterally to the hydraulic neighbour proxel and added to the corresponding soil layer, is calculated using the expression:
Qlat(i) = Qperc(i)*sin()

(eq. 7.8.1)

Qinp(i+1) = Qperc(i) – Qlat

(eq. 7.8.2)

with
Qlat(i)

= lateral transfer of water from soil layer I to the hydraulic
neighbour [mm/h]
Qinp(i+1) = input to soil layer i+1 from soil layer I [mm/h]
Qperc(i) = water percolating from of a soil layer i [mm/h]

= slope of the land surface [degree]
Percolation of the deepest soil layer enters the groundwater component, which is represented on PROMET as an array of linear storage buckets. They are parameterized by their
distance to the next large river channel in the simulation region.
The infiltration excess represents the surface runoff. It is transferred directly to the hydraulic
neighbour proxel of the porxel under consideration. There it is added to the precipitation
input to that proxel. The lateral flows of layer 1 and layer 2 are combined and represent the
fast interflow component. They are also transferred to the hydraulic neighbour proxel. There
25% enters layer 1 and 75% enters layer 2. The lateral flow component of layer 3constitutes
the slow interflow. It is directly transferred to layer 3 of the hydraulic neighbour proxel. Layer 4 is assumed to not contribute to lateral flows. It transfers its excess water directly to the
groundwater storage.
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Precipitation and snow melt
surface runoff to hydraulic neighbor

fast lateral flow from hydraulic neighbor*0..25

fast lateral flow from hydraulic neighbor*0..75

Layer 1
Layer 2
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groundwater storage
Single linear storage
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Fig.7.8.1: Scheme of the lateral flows in PROMET

7.9 The Soil Erosion Component
The soil erosion component is based on the concept of the model EROSION 2D developed by
Schmidt (1996). The intention of his work was to develop a prediction model for agricultural
planning practice and consulting. The event-based model is aimed to mathematically represent the most relevant variables influencing erosion, thus allowing evaluating the impacts of
external interferences on the (agricultural) system. Nevertheless, the achievement of the
requirements for the erosion module postulated in Waldmann (2010) requires the additional
consideration of important aspects, whereof some are:




Additional process representations: Since EROSION 2D is designed as an event-based
model for agricultural planning practice, it does not include some processes like soil
freezing and freeze-thaw cycles. These play an important role in the heterogeneous
regions of the Upper Danube basin, but especially for continuous simulations per se.
Within GLOWA-Danube a variety of different land use classes is modelled, and for
some of them (e.g. forest or hop) dripoff plays a major role, due to their height
(Scheffer, 2002).
Dynamisation of processes: EROSION 2D models processes event-based and therefore many of the input variables /parameters can be considered static, as they do not
change distinctly within an event. Since the modeling periods of GLOWA-Danube
range up to several decades, these variables have to be modelled dynamically. This
concerns for example canopy cover or surface roughness, but also the above men-



tioned additional processes to be considered, such as soil ice or decomposition of
crop residue.
Scale issues: EROSION 2D cannot represent threedimensional flow and sediment
transport. The threedimensional extension EROSION 3D (von Werner, 1995) is capable of such a routing, but nevertheless von he reports an optimum spatial resolution,
which delivers the best results. Deviations from this resolution introduce additional
errors in the model results due to unrealistic overland flow paths.

7.9.1 Concept
Since only the governing equations of EROSION 2D are used within the soil erosion module,
these are only briefly outlined in chapter 7.9.3. For detailed information on the equations of
EROSION 2D, the reader is referred to Schmidt (1996).
For calculation of soil particle detachment and transport, the erosion module uses the equations presented in chapter 7.9.3. The following section describes the basic concept of the
process logic of the module, as presented in Fig. 7.9.1. For an extensive description of the
module and its parameterisation, the reader is referred to Waldmann (2010).

Figure 7.9.1: Simplified overview of the erosion module presented in this paper. Only dynamic components are included in this illustration, static input parameters are omitted for reasons of clarity.

Since the processes of particle detachment and transport differ significantly between areas
where rill erosion and interrill erosion prevails, many modern process-oriented soil erosion
models distinguish between these two cases (cf. e.g. Flanagan and Nearing (1995), Morgan
et al. (1998)). In order to distinguish rill and interrill areas, detailed knowledge of the (micro)-relief and information about the formation of rills is required. This information is virtually impossible to gain on the scale of 1 km x 1 km applied within GLOWA-Danube. However,

regardless of the precision of the input data (in our case mainly the DEM) will always exist a
finer scale, whose processes cannot be described correctly with the equations defined in the
model.
Therefore, in the erosion module an abstract, scale-invariant concept of flow concentration
was introduced. The concentration of flow in rills is represented by a flow concentration factor (fcf), which is defined as the width of low concentration wf [m] to the total width of the
considered unit area wa [m]:
(eq. 7.9.1)

The fcf is dimensionless and ranges theoretically from values above 0 to 1, where 1 can be
visualised e.g. as sheet flow or a totally plane proxel surface, and very low values indicate
e.g. an area trenched by many small rills. So the fcf defines two fractions of a proxel, which
are treated differently by the erosion module. For the sake of simplicity the fractions will be
termed rill and interrill area in the following. The technical implementation in the erosion
module uses the factor to concentrate the flow on the given fraction, and computes the detachment and transport equations based on rill and interrill area. The calculation of the momentum flux of the runoff is limited to rill areas, but the momentum flux of the raindrops
can act on the whole area. It is assumed, that particles detached by raindrops on the interrill
areas are transported by splash into the rills, where they can be transported further on by
concentrated flow. So the processes of detachment and transport can be computed as described in the following list:
1. The available amount of runoff is scaled with the given fcf , i.e. is concentrated on a
virtual area.
2. With the concentrated runoff volume, velocity and momentum flux of the flow are
calculated.
3. Momentum flux of rainfall is calculated and the rill and interrill areas are taken into
account (as described below).
4. The total momentum flux is used to calculate the particle detachment. The resulting
detachment is reduced with the fcf to the actual rill area for the case of rill erosion,
whereas detachment by raindrops may act on the whole area.
5. The transport capacity of the concentrated flow is determined. For calculation of the
maximum particle concentration only the momentum flux of the drops on the rill areas is considered. Based on the total available amount of runoff on this proxel, the
amount of sediment actually leaving the proxel is computed.
For computation of the momentum flux of the raindrops, rill and interrill area are considered, but additionally also the partitions of direct throughfall and leaf drip (as described below in section 7.9.2). Momentum flux for each partition is calculated separately after the
following scheme:
1. Momentum flux depending on drop size and velocity is calculated.

2. Only in case of rill areas: raindrop diameter is compared to flow depth, and if necessary, momentum flux is reduced (as described below).
3. Rill and interrill areas are considered by multiplying the corresponding calculated
momentum fluxes with their fractional area (given by fcf).
4. The momentum fluxes of rill and interrill areas are added up.
In order to gain the total net soil loss, theoretically sediment inflow and outflow must be
considered for each proxel. But since in PROMET the runoff of each proxel is discharged into
the channel network (as described above), thus also the sediment of each proxel is passed to
the channel. This means that on the scale applied no deposition processes have to be considered. Similar findings have been made by von Werner (1995), who modelled a watershed
of 0.78 km2 (i.e. smaller than the proxel size of 1 km2) with a spatial resolution ranging from
2.5 m x 2.5 m to 100 m x 100 m and reported deficient model results due to drainage channels and pipeworks.
7.9.2 Process Descriptions
Particle Detachment: The detaching forces of rainfall and runoff are described by the momentum fluxes in Eq. 7.9.27. For the calculation of both, the corresponding mass fluxes and
their velocities are required.
In the case of runoff, the mass flux is determined by the available amount of surface runo_
rq (produced on the proxel by the soil sub-component, respectively routed into the proxel by
the channel flow component). As mentioned above, it is assumed, that runoff concentrates
according to the flow concentration factor. With the scaled runoff amount, the flow velocity
is calculated using the established Manning equation:
(eq. 7.9.2)
with n: Manning’s friction coeffcient [s m-1/3 ], R: hydraulic radius [m] and S : slope [m m-1].
Assuming thin sheet flow, the hydraulic radius can be replaced with the depth of flow :

(eq. 7.9.3)
In the case of precipitation, momentum flux is also modified according to rill and interrill
areas, but additionally mass flux and velocity are influenced by vegetation parameters and
soil cover.
At first, precipitation is separated into direct throughfall, leaf drip-off and interception storage. Vegetated and non-vegatated area on a proxel is determined by the fractional canopy
cover cf () [0-1]. This is achieved with an approach of Campbell and Norman (1998) considering the leaf area index LAI:
(eq. 7.9.4)

where cf () is the fraction of precipitation from zenith angle penetrating the canopy. The
extinction coefficient of a canopy with an ellipsoidal leaf angle distribution Kbe() is:

(eq. 7.9.5)
where x is the ratio of average projected areas of canopy elements on horizontal and vertical
surfaces.
The calculated fractional cover leads to direct throughfall on the non-vegetated area,
whereas on the vegetated area the amount of intercepted water is computed by the PROMET biology subcomponent and stored on the leaves. If interception storage is exceeded by
rainfall, the amount of drip-off is determined for the vegeteted area.
After the mass fluxes are separated in this way, the corresponding velocities are calculated.
For direct throughfall (i.e. raindrops at terminal velocity) Laws and Parsons (1943) relate the
rainfall intensity r [mm h-1] to the mean fall velocity of the drops vr [m s-1]:
(eq. 7.9.6)
The velocity of dripping raindrops from leaves is calculated with Newton’s second law of
motion:
(eq. 7.9.7)
where the force F [N] of the raindrop equals the product of its mass m [kg] and acceleration
a [m s-2] (here the gravitational acceleration with 9.81 m s-2). Opposed to F acts the drag
force FD:
(eq. 7.9.8)
where  is the density of the fluid (air),  is the velocity of the object (raindrop), CD is the
drag coefficient and A is the reference area. The equilibrium of both can be expressed with:

(eq. 7.9.9)
where the acceleration a is written as v/t (t: time [s]). Substituting and solving equation
7.9.9 for v leads to:
(eq. 7.9.10)

In order to find the velocity of raindrop hitting the soil a numerical approximation of v is
calculated for sufficiently small time steps t. Therefore the mean fall height h [m] of the
raindrop is estimated as:
(eq. 7.9.11)
where hc is the canopy height [m] and  is a plant specific factor accounting for the relative
drip off height.

After these steps, the mometum fluxes of the rainfall are known. These are attenuated by
soil cover (mulch, residue, litter, etc.) and in case of rill areas by flow depth. Since it is assumed, that water only concentrates in rills, on rill area the force of the raindrops may be
reduced according to Wicks and Bathurst (1996):
(eq. 7.9.12)
where ffd is the water depth correction factor, h is the flow depth [m] and Dd is the median
drop diameter [m]. The median drop diameter is either set to the leaf drip diameter (approximated with 4.6 mm, cf. Brandt (1989)), if drip off occurs, or approximated for direct
throughfall after Laws and Parsons (1943) with:
(eq. 7.9.13)
where I is the rainfall intensity [mm h-1].
Finally, the soil cover attenuation is a simple fractional reduction of the total momentum flux
by the factor:
(eq. 7.9.14)
where Ac and As are the area of the soil cover [m], respectively of the unit area of soil [m]. It
is assumed, that soil cover is distributed uniformly.
Soil Resistance. The computation of the critical shear stress of the soil is based on the calculation of the shear strength of the soil, which is modified by root reinforcement and soil
freezing. Based on the Mohr-Coulomb equation, (Vanapalli et al., 1996) developed an equation, which allows for calculation of the shear strength of an unsaturated soil at any given
suction. Assuming, that there are no loads on the topsoil and that the soil air is at atmospheric pressure (i.e. does not transmit considerable stresses within the soil), the original
equation can be simplified to:
(eq. 7.9.15)
where  is the shear strength of the soil [Pa], c’ is the effective cohesion [Pa],  is the normalized volumetric water content (effective saturation) [0-1],  is a fitting parameter [-],  is
the matric suction [Pa] and ' is the angle of shearing resistance at saturation [o].
Because shear strength is strongly influenced by root effects, these should be considered for
calculation of erosion resistance, especially because root density is highest in topsoils and
decreases exponentially with soil depth (Gyssels et al., 2005). Gray and Leiser (1982) (as
quoted in Gyssels et al. (2005)) proposed a modification of the effective cohesion in the
Mohr- Coulomb equation, in order to take into account the root reinforcement of plant
roots. From a literature review Gyssels et al. (2005) concluded, that “rooting properties
dominantly decrease soil erosion parameters for interrill and rill erosion in an exponential
way, according to the equation”:
(eq. 7.9.16)

where SEP is a soil erosion parameter (e.g. rill or interrill erodibility), b is a constant and RP is
a root parameter (e.g. root density or root length density).
Since a decrease of soil erodibility with increasing root parameter essentially represents the
same as an increase of cohesion, Eq. 7.9.16 is inverted:
(eq. 7.9.17)
where c’t is the total effective cohesion of the soil, including root cohesion and RLD is the
root length density [km m-3].
Since a frozen soil, which is newly thawed, can be more erodible than at any other time of
the year (cf. e.g. Gatto et al. (2001)), the influence of soil freezing, respectively freeze-thaw
cycles on cohesion is considered by the erosion module. Various studies (e.g. Oztas and
Fayetorbay (2003), Lehrsch et al. (1991)) showed that initial wet aggregate stability decreases with freeze-thaw cycles, depending on conditions, by about 20% to 80%. But the effect of
the number of freeze-thaw cycles seems to be somewhat inconsistent, i.e. stability increases
over the first few cycles, but then decreases again. Therefore the number freeze-thaw cycles
is neglected by the erosion module, and a constant decrease of soil cohesion is assumed, as
soon as the first freeze-thaw cycle passed through. This decrease is discarded as soon as the
soil dries to a matric suction less than 33.3 kPa (borrowed from the WEPP model (Flanagan
and Nearing, 1995)). In the case of frozen soil, soil cohesion is set to an infinitely high value,
in order to prevent detachment.
For modelling of particle detachment, EROSION 2D uses the critical momentum flux (or erosion resistance) of the soil (eq. 7.9.29), i.e. a critical shear stress. Schmidt (1996) supposed a
linear relationship between the the erosion resistance and the shear strength of a soil. Thus,
in order to convert the computed shear strength of the soil to the critical shear stress, a linear relationship found by (Léonard and Richard, 2004) is used:
(eq. 7.9.18)
where c is the critical shear stress [Pa], s is is the soil shear strength and  is a conversion
factor.
Particle Transport. For calculation of the maximum sediment mass flux at transport capacity,
Eq. 7.11.32 and Eq. 7.11.34 have to be solved. This requires knowledge about the settling
velocity of the soil particles. Since the erosion module simulates rill erosion, higher flow velocities in rills may be expected, than for sheet flow only, which means that the Reynolds
numbers of flow are higher, too. Cheng (1997) derived an approach for modelling settling
velocities vp [m s-1], which holds for a wide range of Reynolds numbers from the Stokes flow
to the turbulent regime:
(eq. 7.9.19)

where  is the kinematic viscosity of the fluid [Pa s] and D is a dimensionless particle diameter.

The dimensionless particle diameter can be calculated with:

(eq. 7.9.20)
and the kinematic viscosity is:
(eq. 7.9.21)

As the dynamic viscosity  depends on temperature, it is computed with the following equation (Gordon et al., 2013):
(eq. 7.9.22)

where T is the fluid temperature [oC].
The fluid temperature T, i.e. the temperature of the surface runoff is estimated as the mean
value of the soil temperature Ts [oC] and the temperature of the raindrops Tr [oC]:

(eq. 7.9.23)
For estimation of Tr, here it is assumed, that the drops have the same temperature as the
cloud, where they originated, and do not dissipate heat during falling through the drag. Furthermore the altitude of the cloud is set to 1000 m above ground, which leads with a mean
saturated adiabatic lapse rate of 6.5 K km-1 to an estimate for the drop temperature of:
(eq. 7.9.24)
where Ta is the air temperature [oC] in 2 m above ground.
Dynamic Influences. Most of the variables in the equations described above are dynamically
influenced by external variables, such as meteorological drivers or vegetation growth. Nevertheless one of the most important factors is the anthopogenic driven dynamics of agricultural management. The erosion module is able to react on agricultural management practices
by dynamic variable modification in the following way:






Sowing: The sowing of a cultivation requires a seedbed preparation, what (technically) means, that the surface roughness, the soil cover, the root reinforcement and the
flow concentration factor are altered (respectively reset).
Plant emergence and growth: Plant growth introduces additional surface roughness
to the soil, slowing down surface runoff. Furthermore, the increasing root length
density increases root reinforcement.
Harvest: Harvest removes the protecting soil cover, but a cultivar-dependent fraction
of crop residue stays on the field (represented by the soil cover fcs). For the roots
remaining in the soil and also for the crop residue, decomposition is initiated (as described below).



Ploughing: Ploughing increases the surface roughness and the flow concentration and
decreases the soil cover by burying crop residue.

The variable modifications introduced by these states are parameterisable, in order to be
able to take into account different management practices, such as conventional or conservation tillage, or various cultivations with different seedbed furrows, etc. The harvest dates are
defined by a look-up table containing the mean cultivar-dependent harvest dates in the Upper Danube basin. However, since the biology sub-component is capable of dynamically
modelling plant phenology and hence the harvest dates depending on climatic conditions, it
is possible to define harvest depending on plant development. For this purpose, a threshold
may be used for defining an interval around the fixed harvest dates, where harvest is allowed, as soon as the plant has matured. This may also lead to later harvest dates in unfavourable years.
Table 7.9.1: Characteristics and default values of the proxel selected for sensitivity analysis.

The mentioned decomposition of crop residue and dead roots is modelled after an approach
used in the RUSLE (Renard et al., 1997). The approach supposes that decomposition of organic material is determined by two limiting variables: temperature and moisture. For calculation of decomposition a first order exponential mass loss equation is used, but since the
erosion module uses only the fractional soil cover, the variable biomass in the original equation is replaced by the fractional cover fcs:
(eq. 7.9.25)
where fcs,(i) represents the residue pool for the current time step, fcs,(i-1) is the fractional cover
from the previous time step, and k is a decomposition coefficient [1 d-1]. Fcl is a climatic factor accounting for the limiting variables temperature and moisture.
For further information on this approach, the reader is referred to the original work of
Renard et al. (1997).
7.9.3 EROSION 2D
EROSION 2D calculates particle detachment and transport using a momentum flux concept.
Detachment of soil particles is determined by the forces of rainfall and surface runoff acting
on the particles. Opposed to these forces acts the resistance of the soil particles. The

transport of detached particles is computed by comparing the vertical component of the
momentum flux of the surface runoff and the precipitation to the settling velocity of the
detached particles. Essentially this concept can be summarised in the following steps:
1. Calculation of the potential sediment mass flux qs,pot [kg m-1 s-1]: the momentum fluxes of rainfall and runoff acting against the resistance of the soil determine the
amount of potentially detached soil mass. The relationship between these two opposed forces, respectively the magnitude of detachment depending on the acting
forces was empirically derived by Schmidt (1996) in numerous plot experiments for
various different soils.
2. Calculation of the maximum sediment mass flux qs,max [kg m-1 s-1]: the vertical component of the momentum flux of the surface runoff and the precipitation lifts the detached particles, thus acting against the settling velocity of these.
3. Determination of the actual sediment mass flux qs,act [kg m-1 s-1]: the amount of actually eroded sediment is determined by comparing qs,pot to qs,max. It is limited either by
the amount of detached particles, or by the transport capacity of the flow. If qs,pot >
qs,max, then qs,act = qs,max, which means that the amount of particles which can be
transported is discharged. If qs,pot < qs,max, then all detached particles can be transported, and thus qs,act = qs,pot.
Applying the above scheme on each unit of area and unit of time, net deposition [kg m-2 s-1]
on the slope segment x [m] can be calculated as:
(eq. 7.9.26)

with qs,act,in: sediment delivery from the segment above [kg m-1 s-1], qs,act,out: sediment delivery out of the segment [kg m-1 s-1] (i.e. erosion if < 0 and deposition if > 0). Since the calculation of particle transport depends on particle size, the fractional grain size distribution
within the entrained sediment can be simulated.
7.9.3.1 Governing Equations
Detachment
For modelling the detachment of soil particles in EROSION 2D, Schmidt (1996) uses the momentum fluxes of the surface runoff and of the rainfall, which act on the soil particles:
(eq. 7.9.27)
Where q|r is the momentum flux [N m-2, wq|r is the mass flux [kgm-2 s-1] and q|r is the velocity [m s-1] of runoff, respectively rainfall (as indicated by the subsript q|r).
The mass fluxes are defined by:
(eq. 7.9.28)
where rq|r is the discharge rate, respectively rainfall intensity [m s-1] and q|r is the density of
runoff, respectively rainfall [kg m-3].

Schmidt (1996) conducted flume experiments with various setups, which showed that a minimum critical discharge qcrit is required to initiate a measureable sediment mass flux. qcrit
depends on specific properties of the inundated surface and is a measure of the resistance,
which the soil matrix opposes the forces of the acting fluids. Substituting qcrit into Equation
A.3, respectively Equation A.2 leads to the critical momentum flux
(eq. 7.9.29)
which characterises the specific erodibility of the soil. The formal conformity of the momentum fluxes of rainfall and runoff with the critical momentum flux crit allows for combination
of these into the dimensionless erosion coeffcient E:
(eq. 7.9.30)

crit designates the force of rainfall and runoff required to detach soil particles. Its opposing
force, the resistance of the soil against detachment, is therefore called erosion resistance.
The erosion coefficient E then indicates the ability of the current conditions to cause soil
erosion. For derivation of a quantitative correlation Schmidt (1996) experimentally analysed
the relation between the sediment mass flux qs,pot and the erosion coefficient E, which resulted in the following formula:
(eq. 7.9.31)
where qs,pot [kg m-1 s-1] represents the potential amount of detachable particles per unit of
area and unit of time, if the transport capacity of the flow is sufficiently high. If E > 1 the
forces released by raindrop impact and overland flow exceed the erosion resistance of the
soil. Values of E <= 1 represent flow conditions without particle detachment.
Transport
For modelling the transport of soil particles in EROSION 2D, Schmidt (1996) uses a critical
momentum flux p,crit of the particles, indicating downward movement of these:
(eq. 7.9.32)
where p is the settling velocity of the particles [m s-1], and the mass flux of the particles wp
[kg m-2 s-1] can be expressed as:
(eq. 7.9.33)
where c is the concentration of the suspended particles and p is the particle density [kg m3
].
Opposed to p,crit acts a vertical component of the flow q,vert, which is assumed to be a part
of the total momentum flux exerted by rainfall and runoff. q,vert is expressed by:
(eq. 7.9.34)

where  represents a dimensionless deposition coefficient, affecting the relative ratio of
q,vert to the total momentum flux.
After reaching transport capacity the vertical component of the momentum flux equals the
critical momentum flux of the particles in suspension:
(eq. 7.9.35)
Substituting Eq. 7.9.32 – Eq. 7.9.34 into Eq. 7.9.35 and solving the equation for c leads to:
(eq. 7.9.36)

where cmax is the concentration of particles at transport capacity [m3 m-3].
Finally, the maximum sediment mass flux which can be transported qs,max [kg m-1 s-1], can
then be calculated as:
(eq. 7.9.37)

7.10 Spatial Distribution of Meteorological driving variables
7.10.1 Station data interpolation
The purpose of this component is to deliver the meteorological drivers for the subsequent
land surface components. It consists of two sub-components. Both sub-components model
the spatial distribution of the following variables: air-temperature, rainfall, air-humidity,
wind speed and incoming short- and longwave radiation fluxes for each simulation interval
(usually 1 hour) and for each proxel in the study region.
Sub-component 1 interpolates the driving meteorological fields from measurements of
weather stations of weather services (in our case the German and Austrian Weather Service
network) to provide meteorological input data fields of air temperature, humidity, precipitation, wind speed and cloudiness with a temporal resolution of one hour. Fig.7.10.1 schematically describes the workflow.
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Fig.7.10.1: Schematic workflow for the interpolation of station data from the climate station
network of German and Austrian Weather Service to hourly PROMET input fields

The three daily recordings of the selected station network at 7 a.m., 2 p.m. and 9 p.m. are
temporally interpolated to hourly values using a cubic spline function. Precipitation is classified into short events (one singular recording, no rain during the recording before and after)
and long-term events (two or more consecutive recordings) according to Fig.7.10.2. In the
first case, the rainfall amount is distributed to the hours before the recording following a
Gaussian distribution, whereas in the second case, it is equally distributed in time.
Measurements

Fig.7.10.2: Scheme for distributing 3 rainfall
measurements at 7 am, 2 pm and 9 pm to
hourly values

Steady Rain

The spatial interpolation of each meteorological parameter is carried out for each
model time step of one hour in a 4-step
procedure. First the altitudinal gradient is
Shower
calculated. Second this gradient is used
together with the digital terrain model to
generate a normal field, which at the locations of the weather stations is subtracted
from the measurements to create a residual for each station. The residuals denote
Measurements
the topography-corrected deviation of
station recordings from the normal field determined from the gradient and the DTM. In a
third step the residuals are interpolated using an inverse square distance approach. The result is then added to the normal field. This procedure ensures the reproduction of the station recordings and at the same time considers the influence of relief in the spatial distribution of the parameters (Strasser and Mauser, 2001). This procedure works well for continuous fields (temperature, humidity, wind) but reaches its limits whenever the field is discrete
(e.g. rain-no rain) or whenever spatial patterns are not based on elevation or too fine to be
resolved by the existing station network. This especially applies to rainfall patterns, which

are strongly influenced by the hilly terrain of the Alps. Clouds jam at the northern rim of the
Alps thereby strongly increasing local precipitation. This in turn leads to a precipitation deficit on the lee-side of the mountains. To take into account these complex, small-scale, stationary rainfall patterns a 10-years analysis of the monthly rainfall based on more than 2000
rainfall collection stations in the watershed is used to adjust the interpolated rainfall intensities for each proxel (Früh et al., 2006). The following approach is used to estimate the diffuse, direct and longwave incoming radiation for each proxel. First the geographic location of
each proxel and the variable Sun-Earth distance are used together with the model time to
calculate solar zenith and azimuth and the incoming top-of-atmosphere radiation fluxes
based on Brudsaert (1982). An approach developed by McClatchy et al. (1975) is used to further consider absorption and scattering through the atmosphere. It uses a standard, midlatitude atmosphere with a visibility of 23 km together with the proxel altitude, slope and slope
direction to estimate the potential diffuse and direct shortwave radiation. Finally the influence
of clouds is considered by using the spatially interpolated cloud cover and an approach of
(Möser and Raschke, 1983) to determine actual diffuse and direct shortwave radiation for
each proxel. Incoming longwave radiation is estimated based on the measured and interpolated air temperature and cloudiness following approaches of Swinbank (1964) and Czeplak and
Kasten (1987).
7.10.2 RCM Downscaling with SCALMET
Sub-component 2 supplies an interface to regional weather and climate models (Marke and
Mauser, 2008), which allows to exchange scalar fluxes (energy and matter), which scale linearly over a large range of spatial resolutions. It takes the outputs from the regional climate
models, which are usually supplied in a coarser spatial (10-45 km) resolution and downscales
them to inputs compatible with PROMET. The procedure takes care that during downscaling
mass and energy is conserved. At the same time it can supply regional climate and weather
models with upscaled upwelling mass-, momentum- and radiation-fluxes as modelled by the
land surface energy and mass balance component for each proxel (3.2).
The coupling tool SCALMET (Marke et al., 2011) has been developed to perform a synchronized exchange of energy and water fluxes between the models for the land surface and the
atmosphere. While the land surface model PROMET describes all processes at a spatial resolution of 1 x 1 km, the simulation of the atmospheric processes in climate models at present
is limited to a coarser spatial resolution of at best 10 x 10 km in case of the regional climate
model REMO.
To bridge the gap between the model scales, adequate scaling techniques have been implemented in the software interface. The scaling methods applied combine direct interpolation
methods, also found in conventional couplers, with more sophisticated scaling techniques
allowing the consideration of subgrid-scale heterogeneities. As also two-way coupled model
runs are to be realized, special techniques have been implemented that conserve mass and
energy between the model scales. As reflected in the aim to conserve water and energy
fluxes within the remapping process, SCALMET is not pursuing the correction of biases in

climate model outputs. The research carried out in this work, intends to analyse the potential of using present RCM simulations as inputs for the terrestrial models without applying
any bias corrections.
The meteorological pre-processor embedded in PROMET is substituted by an interface allowing the import of RCM simulations in the coupled model setup. Additionally an export
interface has been established in PROMET, allowing an export of climate relevant land surface simulations to SCALMET, where fluxes are aggregated and exported to the RCM. The
temporal exchange rate (coupling frequency) depends on the configuration of the participating model components. While bilateral coupled model runs will probably require higher exchange rates to resolve climate relevant processes in both model components, one-way
coupled model runs are set up at a temporal resolution of one hour at present.
For an application inside the GLOWA-Danube project, the technical implementation of
SCALMET has to meet the following requirements:






Transferability to an arbitrary region of interest
Transferability to an arbitrary regional climate model
Assurance of validity for future climate conditions
Optional conservation of mass & energy between the model scales
Low computational costs

Although all simulation tools emerging from the GLOWA-Danube project are developed, validated and firstly utilized inside the UD, regional transferability should be given as a matter
of principle. The rapid development of climate models as well as the scientific request for
climate model intercomparison further requires the flexibility of the coupler concerning an
application on different RCMs. As the algorithms are to be applied on both, past and future
climate conditions, no assumptions should be made that are not valid for future conditions.
The conservation of mass and energy states another important requirement for a coupler.
Although many authors propose to apply bias corrections in the framework of the downscaling process, which are systematically excluded as soon as fluxes follow conservation laws,
the option to conserve fluxes from one grid to the other must be given to prevent model
drifts in two-way coupled model runs. Furthermore, the technical implementation of mass
and energy conservation within the remapping plays an important role in the process chain
of the downscaling techniques (see chapter 4.1.3).
One of the main technical principles in SCALMET is that the meteorological simulations affiliated to a given model time step are spatially distributed at run-time of the coupled model
system, which requires a minimization of computational costs. For one-way coupled model
runs the fact that data are stored in RCM resolution and are mapped to the LSM resolution
for every time step merely reduces storage requirements. For two-way coupled model setups, the interdependence of model results makes the real-time processing of model output
an inevitable prerequisite. To minimize computational costs at run-time of the coupled
model run, SCALMET precomputes the interpolation weights according to the interpolation
algorithm that is chosen by the user in advance of the model run. The methods used for the

weight computation originate from the SCRIP interpolation package (Jones, 1998) that can
be found in many couplers like for example the OASIS coupler connecting the MPI-OM and
the ECHAM5 model. Once computed, SCALMET writes the weights to file. If a run with the
same grid constellation and interpolation configuration is started, the stored weights can be
read into memory further reducing computation time.
The computation of the interpolation weights as well as some of the methods applied in the
framework of the implemented scaling techniques further require the exact coordinates for
the proxel centres and proxel corners for both grids involved. While the land surface model
PROMET operates on the Lambert Conformal Conic Coordinates System, atmospheric grids
vary depending on the RCM used. The regional climate model REMO for example uses a rotated coordinate system which implies coordinate transformations between the models for
the land surface and the atmosphere. Fig.7.10.3 gives an overview of the different inputs
and outputs of the coupling tool.

Fig.7.10.3: Schematic diagram of the coupled model system together with the inputs needed
for the remapping in SCALMET (left) and the outputs optionally given out by the coupler (right).

Apart from the exchange of meteorological data with the atmospheric model and the land
surface model, SCALMET provides the option to store the remapping results as well as the
climate model meteorology in a user defined temporal aggregation (daily, monthly or yearly
mean/sum).
SCALMET has been applied on the Upper Danube (Marke et al., 2011) and the Upper Brahmaputra basin (Prasch et al., 2011) as well as over catchments in Québec and Bavaria
(Muerth et al., 2013).
7.10.3 RCM bidirectional coupler ScaleClim
Not yet documented Xxxx (Zabel et al., 2012)

7.10.4 Climate scenario generator
Not yet fully documented
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7.11 The Channel Routing Component
Its purpose is to model the concentration of the lateral water flows as well as the groundwater into river runoff following topography and to rout the river runoff through the channel
network and through natural lakes. The model distinguishes between overland flow, interflow and groundwater flow, and treats the different lateral flows in a different manner. The
component assumes that each proxel in the watershed is part of the channel network. That
also means, that there is a channel in each proxel and that all proxels are hydraulically connected through topography. The assumption, that each proxel contains a channel sets a
lower limit to the possible area of each proxel. It has empirically been validated to be well
below 200x200 m for the Upper Danube catchment. Overland flow in a proxel is directly and
completely delivered to the proxel’s channel within each model time step of one hour. Interflow, which consists of the sum of the lateral components of the percolation flow of each
soil-layer (as described in model component 3.5) enters the river channel as soon as a major
tributary establishes in the watershed. This is determined within TOPAZ through a geologydependent threshold value for the upstream area (Garbrecht et al., 2004). Assumptions can
be established on the number of upstream proxels, which are necessary to form a permanent stream. In the current version of PROMET this number is hardcoded to a value of 10
proxels which corresponds to a critical source area of 10 km². Below this threshold interflow
is transported to the soil layers of the hydraulic neighbours and adds to their water content.

Fig.7.11.1: 3-d visualization of the discharge formation of the Upper Danube watershed (area =
78 000 km²) in the raster model

Water originating from overland flow, interfow or baseflow can enter the channel network
at each proxel location. It is then routed through the river network in a self organizing process, where each proxel transfers the channel flow to the channel of its hydraulic neighbour.
Flow velocities and changes of water storage in the channel are considered using the Muskingum-Cunge-Todini method described later. This approach follows strictly the raster based
concept and does not require establishing flow sequences. Fig.7.11.1 visualizes how rivers
form in this self organising concept.
Since runoff is transported to the neighbour proxel, it must be assured that the time interval
of the computation is small enough to ensure that the flood wave does not propagate further than the length of the channel in the neighbour proxel. This prerequisite requires that
the time-step of the routing scheme is smaller than the standard 1 hour interval of the computation. Sensitivity analyses showed that in the Alpine environment with steep slopes a
routing time interval of 2 minutes is suitable. This avoids instabilities in the calculations. The
Muskingum-Cunge method (Cunge, 1969) as modified by Todini (2007) is applied to calculate
dispersion.
The Muskingum-Cunge method uses a kinematic wave approach to represent the relation
between reach storage and discharge as a flood wave propagates through a reach. One main
advantage of the Muskingum-Cunge method is that the routing coefficients are evaluated
from physical channel characteristics. The routing scheme is non-linear, since the routing
coefficients are re-calculated at each time step depending on the actual wave celerity. These
routing coefficients in principle provide a weighting of the inflow and outflow discharges to
the proxel in the following form:
Qout t+1 = C0*Qin t + C1*Qin t+1 + C2*Qout t

(eq. 7.11.1)

with
Qout t+1
Qin t
Qin t+1
Qout t

= Output discharge at time step t+1 [m³/s]
= Input discharge at time step t [m³/s]
= Input discharge at time step t+1 [m³/s]
= Output discharge at time step t [m³/s]

and the dimensionless routing coefficients
C0 = ( 1+C-D) / (1+C+D)
C1 = (-1+C+D) / (1+C+D)

(eq. 7.11.2)

C2 = ( 1-C+D) / (1+C+D)
C and D stand for the dimensionless Courant (C) and Reynolds (D) number, which can be
calculated as follows:
C = c * t / x
and

(eq. 7.11.3)

D = Q / (B * So * c * x)

(eq. 7.11.4)

with
c = celerity = wave velocity [m³/s]
t = calculation time step [s]
x = channel length within a proxel [m]
Q = reference discharge [m³/s]
B = channel width [m]
So = channel slope [m/m]
The parameterisation of the routing coefficients thus for each proxel requires a channel
width, length and slope. Channel slopes and lengths were taken from the analysis of the
DTM using TOPAZ. Channel width were determined at selected cross-sections from high resolution remote sensing data and regionalized through a correlation with upstream-area determined from TOPAZ. The channel geometry is assumed to be rectangular. Manning’s equation for the discharge dependent flow velocity is used. For each proxel Manning’s M is supplied. Manning’s M was determined through field work at selected cross sections using a
procedure proposed by Barnes (1967). Assuming rectangular channel geometry the water
level W can iteratively be determined through the following relation:
( (B2*W2*M*So1/2) / (B+2*W) ) 2/3 - Q = R

(eq. 7.11.5)

with
W = water level [m]
M = Manning’s roughness coefficient (dimensionless)
Qa = actual discharge [m³/s]
R = rest
by varying W until R is below a certain threshold. Celerity c is then determined from W
through the relation:
c = 5/3 *Q / (B*W)

(eq. 7.11.6)

Eqs. 7.11.5 and 7.11.6 are solved at model initialization for a large range of combinations of
discharges, roughness values, channel-slopes and channel widths and the results are stored
in a 4-dimensional look-up table. Situation-dependent flow-velocities are interpolated from
the look-up table to speed up calculation.
In order to solve eqs. 7.11.5 and 7.11.6 channel widths, channel slopes and Manning coefficients for different channel sections have to be determined. Channel widths are usually determined through digitization using data provided by Google Earth and correlation with the
respective source area of the considered cross section. The analysis of a large sample of sections confirms that in most cases channel width closely correlates with the square root of
the source area. This correlation is different for each watershed and cannot be generalized.
For the Upper Danube e.g. we found from Fig.7.11.2 the following relation:
B = 0.8112 * SQRT( source area [km²])

(eq. 7.11.7)
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Fig.7.11.2: Relationship between channel width and
sqrt of source area for selected rivers in the Upper
Danube River basin.

y = 0.8112x
R² = 0.9143

Isar

250

Channel Width [m]

Inn

200

Donau
Salzach

150
100

50
0
0

50

100

150

200

250

300

Sqrt Source Area [km²]

It has proven to be quite difficult to extract channel slopes from the available DTMs. The
reason is, that the ususal vertical resolution of 1 m leaves many proxels with a slope of zero
because especially in flat terrain the elevation of a proxel does not change within one resolution cell. Therefore a similar morphometric method than the one for determining channel
width was applied to determine the channel slopes.
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In order to strictly conserve mass PROMET uses an extended Muskingum-Cunge scheme as
proposed by Todini (2007). He explained that the Muskingum-Cunge flood routing does not
fully preserve the mass balance, which is caused by the use of time variant routing coefficients. A solution is proposed to this problem through a modification of the original Muskingum-Cunge equations using corrected Courant and Reynolds numbers. A detailed and exhaustive description of this extension is given in Todini (2007). The results show that the new
Muskingum-Cunge-Todini method is always mass conserving and thus follows the guiding
principle stated in chapter 1.

The routing scheme implemented in PROMET also considers runoff retention in lakes. In
PROMET lakes are defined as a collection of proxels forming one connected water body with
an area and one outlet. Once the flow in the channel network hits a proxel belonging to a
lake, the flow is added to the lake volume and the lake level is updated. With the given lake
area and water level, discharge at the lake outlet is determined through a relation of the
form
Qlake = Alakea * Hlakeb

(eq. 7.11.8)

with
Qlake = discharge at the outlet of the lake [m³/sec]
Alake = lake area [km²]
Hlake = lake water level [m]
Values of a = 0.9 and b = 1.66 fit best the empirical data on the runoff-stage relation of the
lakes in the region (Henselman, 1970).

7.12

The Water Temperature Component

Not yet documented

7.13 The Water Quality Component
Not yet documented

7.14 The Water-Food-Energy Infrastructure Components
7.14.1

Lakes

The routing scheme implemented in PROMET also considers runoff retention in lakes. In
PROMET lakes are defined as a collection of proxels forming one connected water body with
an area and one outlet. Once the flow in the channel network hits a proxel belonging to a
lake, the flow is added to the lake volume and the lake level is updated. With the given lake
area and water level, discharge at the lake outlet is determined through a relation of the
form
a

b

Qlake = Alake * Hlake

(eq. 7.14.1)

with
Qlake = discharge at the outlet of the lake [m³/sec]
Alake = lake area [km²]
Hlake = lake water level [m]
Values of a = 0.9 and b = 1.66 fit best the empirical data on the runoff-stage relation of the
lakes in the Upper Danube region (Henselmann, 1970; Willems, 2007). For other regions the
have to be determined from gauge measurements.
The extension and stage-discharge relation of lakes are stored in editable text files. They are
input at initialization time. The files are documented in Chapter xx.
7.14.2 Reservoirs
The general operation rules, which are applied during operational management of reservoirs
as well as the emergency rules which are applied during emergency operation of the reservoirs are usually not available to the public. Moreover, the actual operation of these power
plants is not reproduced by this component because on the one hand, there is no information available due to enterprise policy and on the other hand the operation rules are
quite complex and depend on the actual energy demand and energy exchange requiring
forecasting reservoir operation options.
As reservoir hydropower plants are mainly used for peak energy generation, considerable
short-term changes can occur in the operation of the reservoir. Therefore only simplified
operation rules are applied and reservoirs in PROMET store the channel flow, while its outflow is operated by a monthly look-up table plan, translating the actually stored water volume of each simulation interval into discharge. This indicates a man-made shifting of the
reservoir inflow and outflow in the course of the year. Each reservoir is operated individually, thereby allowing flexible water management strategies e.g. for hydroelectric power generation or flood protection. The management rules were implemented by general operation
rule suggestions presented by (Ostrowski and Lohr, 2002), which consider normal reservoir
operation as well as operation during high and low water availability, taking minimal and

maximal discharge capacities and storage volumes into account. When a maximum storage
volume is reached, the reservoir switches into a spillway discharge mode, which means that
the inflow is directly converted into outflow and the stored volume stays constant. An example of a look-up table (LUT), which connects inflow and outflow the Gepatsch reservoir in
Tyrol/Austria is used. The LUT is shown in Fig.7.14.1
Fig.7.14.1: Monthly-based look-up
table plan of the operation of the
Gepatsch reservoir.

In our example this means that in
times with high melting rates (May
to October) more water will be
stored by discharging less runoff at
the same storage volume than in
months with smaller or zero melting
rates (November to April). However,
since this component offers a reasonable monthly-based reservoir
management, but can’t reproduce detailed operation rules with a temporal highly resolution, this assumption should be seen as a reasonable approach.
Each reservoir is characterized by its individual storage volume, storage zoning and mean inand outflow characteristics. Therefore, for the individual monthly-based operation plan information from literature, personal contacts and data on reservoir in- and outflows and lake
levels should be acquired. To use the reservoir storage efficiently, the reservoir mean annual
outflow is oriented towards the mean annual inflow, whereby the reservoir filling can vary
seasonally between 20 and 80%. Because a forecasting operation is not possible with this
component, fillings over 80% are held free due to flood events. Below 20% the outflow is
reduced to the set minimal outflow.
The operation rules and LUTs are stored in editable text files. They are input at initialization
time and activated during run-time. The files are documented in Chapter xx.
7.14.3 Water Transfers
The operation of water transfers as artificial hydraulic connections works with monthlybased operation plans.
The transfer operation rules are stored in editable text files. They are input at initialization
time and activated during run-time. The files are documented in Chapter xx.

7.14.4 Irrigation Systems
Not yet documented

7.14.5 Hydropower Stations
Hydropower plants are implemented in the hydropower component of PROMET to determine hydroelectric power generation (see Fig. 6.1). In general, hydroelectric power generation is based on potential and kinetic energy. Therefore the two most important parameters
are runoff and hydraulic head. The capacity of each hydropower plant is simulated for each
simulation time step by the following equation:

P  η ρ Q g  H

(eq. 7.14.2)

where P is the capacity (for a certain time period) (kW), η is the efficiency factor of a hydropower plant (-), ρ is the density of water (kg m-3), g is the gravitational acceleration (m s-2), Q
is the runoff (m3 s-1) and H is the hydraulic head (m).
The resulting capacity for each time step can be aggregated to mean daily, annual or decadal
hydroelectric power generation values:

E  Pt

(eq. 7.14.3)

where E is the hydroelectric power generation (kWh), P is the capacity (for a certain time
period) (kW) and t is the time (h).
Each hydropower plant is assigned to a defined grid cell of 1 km². Hence, for each hydropower plant the runoff Q referred to the channel flow component is known for each time
step. It is the only variable component of (eq. 7.14.2) changing at each time step. In PROMET
the mean annual hydroelectric power generation, hydraulic head, efficiency factor, maximum capacity and starting year of operation of the power station are parameters, which
must be supplied for each hydropower station.
The left side of Fig.7.14.2 illustrates schematically the relationship of capacity P and runoff Q
for a runoff-river power plant. In general, an increase in channel flow leads to an increase in
capacity until the maximum capacity Pmax at the optimal runoff Qopt value is reached. For
most hydropower plants this point is similar to the maximum discharge of the turbines. The
energy generation starts at a minimum channel flow Qmin, which mainly is defined by lowflows and residual flow restrictions. During these situations no energy is produced because
low-flows are often not discharged through the turbines. For the runoff-river power plants it
is assumed that after achieving Pmax, the capacity decreases because more runoff leads to a
rising downstream water level, which results in turn in a reduction of the hydraulic head.
After reaching a set maximum channel flow Qmax, the energy production is shut down taking
restrictions of energy generation by extreme flood events into account. Overall, this scheme
clearly shows that although the capacity is strongly related to the channel flow, low-flow and
flood events also have a great impact on capacity.
The relationship of capacity and runoff for a reservoir power plant is handled quite similarly
and is shown schematically on the right of Fig.7.14.2. The difference is that after reaching
Qopt, Pmax is held constant for a longer time, because a rising downstream water level has less

influence. Furthermore, each reservoir power plant underlies monthly-based operating rules
(see chapter 3.1)

Fig.7.14.2: Relationship of capacity and runoff for runoff-river power plants (left) and for reservoir power plants (right).

The parameters of the hydropower stations are stored in editable text files. They are input at
initialization time and activated during run-time. The files are documented in Chapter xx.

7.14.6 Thermal Power Stations
Not yet documented

7.14.7 Wind-Turbines
Not yet documented

7.14.8 Solar Power Stations
Not yet documented

7.14.9 Biogas Power Stations
Not yet documented

8 The Dynamic Behavior of PROMET
Fig. 8.1 shows the general execution steps of PROMET during a typical land surface simulation run without channel flow simulations. GIS and table inputs are read, PROMET is initialized and then the time and proxel loop is executed. It contains reading data from the GISstack, carrying out the meteorological interpolation (or the input of downscaled, biascorrected meteorological data from climate models respectively). It determines the energy
distribution between absorption and reflection as well as within the 2 layer vegetation canopy. In the following step the energy balance is computed either for snow cover or a snow
free surface and for non-vegetated or vegetated surfaces. The soil water flows and water
balance is then carried out and the water balance is calculated for control purposes. After
the proxel loop is run through aggregation is taking place to determine daily, monthly or
annual values of the variables and results are written to the disk in raster or tabular form.

Fig.8.1: Schematic representation of computational sequence of a typical land surface simulation

The main program of PROMET executes a sequence of subroutine calls to accomplish a simulation task. The uppermost layer of the sequence is shown in Fig.8.2.
Fig.8.2: PROMET top-level structure

START OF SIMULATION

PROMETinitialize

PROMETgetData

PROMETcompute

PROMETcommit

PROMETclose

For all time steps

After program launch the subroutine PROMETInitialize is called. It
reads either interactively from
the input console or from an input file with extension .INN the
inputs, which initialize all necessary parameters and variables the
model (for detail see PROMET
User Handbook). Initialization can
be extended with the use of a
recovery file, which contains the
content of all dynamic layers in
the GIS stack. It is read on request at the end of the initialization process and restores the
state of the simulation at the
time the recovery file was stored.

END OF SIMULATION

After intitialisation PROMET enters a loop, which runs over all
simulation time steps, which were defined during initialization and are determined by the
start time and end time of the simulation and the simulation time interval.
The loop executes three subroutines. The first, PROMETgetData, ingests all necessary data
for the given time step. This consists of meteorological inputs either from station interpolation, from real-time station networks or from downscaled and bias-corrected climate model
outputs. It also accepts spatially distributed data from Files with the extension .RAS, which
can contain updates for any of the dynamic PROMET GIS-layers. For more detail on PROMET
GIS-layers see PROMET User Handbook. The .RAS-Files (format see PROMET USE Handbook)
is always paired with a .RHD-File of the same name, which contains an description of the file
content of the .RAS file. The .RHD-file contains a time tag for each content layer in the .RASfile. PROMET reads the time-tags and determines whether a data layer in the .RAS-file is valid for the actual model time. If yes this data layer is read and substitutes the current content
of a GIS-variable or parameter within PROMET. With his mechanism e.g. land-use can be
changed during run-time as an external input determined from actual remote sensing data.
The second subroutine PROMETcompute does the actual simulation. It contains a loop over
all proxels in the selected study area, which simulates land surface processes for each proxel
assuming there is no exchange between proxels. This loop is followed by another loop which
determines the water, energy and nutrient flows in the channel network of the selected

study area. The second loop takes into account interactions between the processes in the
proxels of the study area.

GETLANDUSE:
Loop1:for each proxel

GETPROXEL:

Get the type of land use and the % of coverage

Read content of proxel from GIS-stack

or

PUTPROXEL:
Write content of proxel to GIS-stack

PENMONCALC:

FARQUARCALC:

Penman-Monteith with energy balance

Farquar with energy balance

Loop2: For each fractional land use

Fig. 8.3: Structure of PROMETCompute land surface simulation for one time step

Fig. 8.3 shows the structure of the land surface simulation in PROMETcompute, which takes
care of all the processes, which run independently on each proxel and where therefore
proxels do not laterally exchange information. It consists of two loops, one that runs over all
proxels which contains one loop which runs over all fractional land surface parameterizations in each proxel.
The third subroutine in the time loop is PROMETcommit. It is responsible to output the results of the simulations and to bring PROMET into a defined state for the next simulation
interval. Two different simulation modes are implemented for PROMET:
1. the simulation of spatial fields (field mode)
2. the simulation at single selectable proxels (point mode)
In field mode the following outputs are implemented:
1. the output of spatial fields of simulation results for up to 20 selected variables, the
simulation results can be aggregated to daily and monthly values before output. Output can be written to RAS-Files or PIC-Files
2. the tabular output of virtual measurement networks with stations at pre-defined locations and with up to 10 simulated varaibles
3. the real-time visualization of spatial fields of up to 5 variables and/or graphs of the
temporal development of a variable at up to 10 locations with RASView
In point mode the following output is implemented:
1. for each point output of a selected subset of variables or all variables for each time
step in tabular form
PROMETcommit is also responsible to store in a recovery file the content of all dynamic layers in the GIS stack at according to the user selected option. The recovery file can either be

stored or overwritten to ensure minimum loss of simulation results upon crashes. The following recovery options are available to the user:
1.
2.
3.
4.

recovery at the end of the simulation run
daily recovery
monthly recovery
annual recovery at the end of the hydrological year (additionally aggregated spatial
water balance variables are output on PIC-Files)
5. recovery at a defined date and time
6. recovey after 24 hours of simulation

9 PROMET internal architecture
PROMET is entirely written in FORTRAN 77 and 95 using the Intel FORTRAN compiler and
tools.
Fig. 9.1 shows the internal organization of the spatial data of the GIS stack. Only those
proxels are stored in GIS stack, wich belong to the area of interest defined by the input
mask. The proxels are stored in a large linear array buffer sorted by data layers. Each data
layer represents a parameter or variable which is required by PROMET as a spatial data set
Linear Array of Proxels -> (1…Number of Proxels)
18

GIS
…………………
…………………
…………………
…………………
…………………

<- Data Layers (1...Number of Layers)

1

…………………
…………………
…………………
…………………
…………………
location cross reference

locational cross reference

Fig.9.1: Internal organization of PROMET GIS stack.

The GIS stack is defined at run-time and composed of the variables and parameters needed
to perform a specific PROMET simulation with its selected options (see PROMET User Handboos). Each variable or parameter in the GIS stack is defined in a layer definition file denoted
LAYERS.SEL. Fig. 9.2 shows the beginning of the currently valid layer definition file:
c
c
c
c
c
c
c
c
c
c
c
c
c
c
c
c
c
C
C
C

GIS-Layer-Structure
Version: 5
Subversion: 8
Column 1-3 internal Integer-Parameter
Column 3:
& for all option create weightes average over subscale, if this option is used
! compute annual mean
§ compute daily mean
Column 5 – 53
name of variable or parameter
Column 54 is layer type
I = laid out
B = balance at the end of year
R = considered when writing recovery file
S = considered when writing SLC output
U = considered for recovery AND SLC

c X = excluded
c
c Column 55-59 internal number of layer
c
c Column 60-63 aggregation type for output:
c-1 = no aggregation possible
c 0 = no mean or sum possible
c 1 = daily/monthly mean
c 2 = daily/monthly sum
c 3 = daily/monthly mean with thresholds
c 4 = one value per day/month
c 5 = daily/monthly maximum
c 6 = daily/monthly sminimum
c 7 = daily/monthly sum with threshold
c 8 = sum over simulation period
c
c Column 64-65 is the change option
c 0 = values cannot be changes
c 1 = values can be changed
c
c Column 66-67 dynamics of layers
c 0 = values in layer static, no change possible
c 1 = values in layer dynamic, PROMET can change values
c 2 = values in layer dynamic, PROMET and external can change, PROMET waits
c 3 = values in layer dynamic, PROMET and external can change, PROMET does not wait
c
c23456789012345678901234567890123456789012345678901234567890123456789012345678901234567890
1 line/column
I
1 -1-1 0
1 Longitude [degrees]
I
2
1-1 0
1 Latitude [degrees]
I
3
1-1 0
1 Soil Type
I
4 -1-1 0
1 Elevation
I
5 -1-1 0
1 Slope (in percent)
I
6 -1-1 0
1 aspect
I
7 -1-1 0
c
c meteorology
c
1 Precipitation
I
8
2 1 3 0.00E00 0.40E+1
1 Air-Temperature
I
9
1 1 3 -.15E02 +.30E02
1 Air-Pressure
I
10
1 1 2 +.50E03 +.11E04
1 CO2-content atmosphere
I
11
1 1 2 0.20E03 0.40E03
1 Air-Humidity
I
12
1 1 3 0.00E00 0.10E03
1 Monementum-FLux
I
13
1 1 2 0.00E00 0.10E04
1 Windspeed
I
14
1 1 3 0.00E00 0.15E03
& shortwave Reflexion
I
15
1 1 3 0.00E00 0.10E04
& longwave Emission
I
16
1 1 3 0.20E03 0.40E03
1 dir. Irradiance
I
17
1 1 3 0.00E00 0.70E03
1 diff. Irradiance
I
18
1 1 3 0.00E00 0.30E03
1 longw. Irradiance
I
19
1 1 3 0.20E03 0.40E03
1 Cloud Cover
I
20
1 1 2 0.00E00 0.10E03
c
c Landuse
c
1 Land use
X
21 -1 1 2

.
.
.
.

Fig.9.2: Structure of LAYERS.SEL layer definition file for the PROMET GIS stack.

The current layers definition file contains 774 layers which can be defined and which are
used with the different optins of PROMET.
PROMET has been parallelized with OpenMP, the number of processors on which to run
PROMET can be selected at run-time. The proxel-loop, which simulates the land surface processes on each proxel is distriuted as a whole among the processors.
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